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ABSTRACT

In the World Ocean, densest waters found on the continental shelves induce density driven
downsloping currents that can influence the deep ocean water masses properties. This process
is poorly represented in z-coordinate ocean models, especially in Ocean General Circulation
Model (OGCM) with coarse resolution in both horizontal and vertical directions. Consequently,
continental shelves appear to be too isolated from the open ocean, whereas the density remains
too low in the deep ocean. This study presents a simple parameterization of downsloping flow
designed for z-coordinate, coarse resolution ocean model. At the shelf break, when the density
on the shelf is higher than that in the neighbouring deep water column, a downsloping current
is set up. This current is linearly related to the horizontal density gradient between the two
adjacent boxes, using a prescribed coefficient. For simplicity, a uniform value of the coefficient
is used here, although it should ideally vary in space. From the shelf, the downsloping flow is
assumed to go downward along the slope until it reaches a level of equal density. An upward
return flow of equal magnitude maintains the conservation of mass. This parameterization has
been implemented in an OGCM and two experiments, with and without this scheme, have been
integrated until equilibrium using restoring boundary conditions. The impact of the downslop-
ing parameterization on the global ocean is dominated by the improvement of the Antarctic
bottom water circulation and water mass properties. The parameterization increases the density
of the deep ocean and tends to reduce the intensity and depth of the North Atlantic deep water
circulation, which is in better agreement with observations. As a result of a higher exchange
with the open ocean, the properties of continental shelf waters are also improved, with a marked
reduction of the Antarctic shelves salinities. Therefore, this simple parameterization leads to a
significant improvement of the model results, at little computational cost.

1. Introduction

Downsloping flow, associated with coastal
dense water formation, is one of the two major
sources of deep water for the World Ocean, the
other being attributed to open ocean convection
(Killworth, 1983). For instance, the Antarctic con-
tinental shelf water is very dense because of its
low temperature and relatively high salinity. After
mixing with warm circumpolar deep water, it can
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flow along the continental slope (Foster and
Carmack, 1976; Baines and Condie, 1998), forming
Antarctic bottom water (AABW) which feeds the
deepest parts of the World Ocean. This has been
confirmed by recent measurements indicating the
existence of a continuous dense bottom layer along
the continental slope in the Western Weddell Sea
(Gordon et al., 1993; Muench and Gordon, 1995).

In the Arctic basin, it has been suggested (Swift
et al., 1983; Aagaard et al.,, 1985) that the water
in the deepest layer could be renewed through
dense downsloping flow originating from the
Arctic shelves. This is supported by observations,
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made near Svalbard (Schauer, 1995), of a
downsloping plume dense enough to reach the
deepest part of the Arctic or GIN Seas (Greenland,
Iceland and Norwegian Seas). When the Arctic
shelf water is not so dense, the downsloping flow
is unable to reach the bottom. Then, according to
its density, it joins intermediate levels (Schauer
et al., 1997) or even subsurface levels and thus
contributes to the salt budget of the Arctic haloc-
line layer (Cavalieri and Martin, 1994; Steele
et al., 1995).

In addition to shelf processes, downsloping flow
plays a major role in the outflow of dense water
from semi-enclosed seas through narrow passages,
such as the Gibraltar Strait (Price et al.,, 1993) for
the Mediterranean or the Faroe Bank Channel,
Iceland Faroe Ridge, and Denmark Strait for the
GIN Seas (Price and O’Neil Baringer, 1994).
These waters flowing out of the Mediterranean
and the GIN Seas largely determine the properties
of North Atlantic intermediate water and North
Atlantic deep water (NADW), respectively.
Therefore, the downsloping outflow from the semi-
enclosed seas can have an influence on the water
characteristics at the global scale. There is also
recent evidence (Polzin et al., 1996) that downslop-
ing currents occurring through narrow gaps in the
ocean ridges control the mixing of bottom water
with overlying water.

Numerical models have been used to study
downsloping currents in idealized cases (Smith,
1975;  Killworth, 1977, Chapman  and
Gawarkiewicz, 1995; Shapiro and Hill, 1997) and
in realistic regional applications (Price and O’Neil
Baringer, 1994; Jungclaus et al, 1995).
Nevertheless, until recently, this process was not
properly represented in z-coordinate ocean general
circulation models (OGCMs), despite its poten-
tially large effect on deep water properties
(Harvey, 1996). Two kinds of problems, outlined
below, can explain this late interest: the first is
related to the surface conditions triggering
downsloping flow and the second is the inability
of this kind of models to represent the process
itself.

Downsloping fluxes depend crucially on the
surface forcing, which, in many cases, is poorly
represented. In shelf regions where downsloping
flow occurs, the production of dense water is often
intimately associated with sea-ice processes which
are generally not taken explicitly into account.
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Sea-ice production is not uniformly distributed all
over shelf regions but is mainly concentrated near
the coast: in winter, when the winds tend to export
sea-ice offshore, leaving the sea surface exposed
to very cold continental air masses, ice formation
can be very intense (Gill, 1973). This, through
both large heat loss and brine rejection, increases
the surface water density (Zwally et al., 1985;
Fahrbach et al., 1994). In OGCMs which do not
explicitly include sea-ice, this complex salinity flux
distribution is represented by prescribed fluxes
from field data or replaced by a restoring term
toward observed salinity. But, since winter obser-
vations are scarce and sea-ice production is highly
concentrated (both in time and space), the climato-
logical mean over one OGCM mesh cannot reflect
the corresponding density maximum. To cope with
this problem, it has been proposed to increase the
restoring salinity near Antarctica (salt adjustment)
(England, 1993; Hirst and Cai, 1994). However,
for the above reason, the amplitude and geograph-
ical distribution of salt adjustments cannot be
objectively determined by quantitative observa-
tions all over Antarctica and thus remain some-
what arbitrary. Consequently, it appears difficult
to clearly assess the effect of a missing process
such as downsloping flow, since it can be hidden
by too strong a salt enhancement. In particular,
Toggweiler and Samuels (1995) discussed the effect
of salt adjustment around antarctica: using a
“realistic” salinity enhancement limited to the shelf
(experiment “500 m restored”), the shelf salinity
increased significantly ( + 0.4 psu), but only a small
impact ( + 0.02 psu) was noticed on the properties
of the deep ocean which remained too fresh
(—0.15psu) compared to observations. These
authors concluded that this fresh bias was not due
to unrealistic surface salt flux on the Antarctic
shelf but was related to other model deficiencies.
Here, it is suggested that the inappropriate repres-
entation of downsloping processes should also
play a role in the results of Toggweiler and
Samuels (1995).

Even in the OGCMs which include a compre-
hensive sea-ice component, the coarseness of the
grid and the fact that the surface forcing lacks
extreme meteorological events such as katabatic
winds (Gallée, 1995) imply that the intense sea-
ice production and the associated surface dense
water formation occurring in narrow coastal
regions are not properly represented. Nevertheless,
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at medium or large scales, such models are able
to provide a correct order of magnitude of sea-ice
production (Goosse et al., 1997a).

The second reason why downsloping flows are
not properly taken into account in OGCMs lies
in the characteristics of the numerical grid used,
i.e., the coarseness of the resolution and the use
of the vertical “z-coordinate”. In particular, the
latter, by transforming the ocean bottom into a
kind of staircase, renders it difficult to represent
realistically small-scale phenomena that crucially
depend on the details of the bottom topography.
Recently, attempts have been made to include an
explicit representation of the bottom boundary
layer in z-coordinate OGCMs (Gnanadesikan
et al,, 1998; Killworth and Edwords, 1998). Those
new schemes will undoubtedly improve models
results since they imply an increase in vertical
resolution near the bottom, offering thereby the
opportunity to distinguish the dynamics of the
bottom boundary layer from that of the overlying
ocean. However, this increases the model complex-
ity, leading to extra computational cost.
Furthermore, small-scale bathymetric features that
play an important role in downsloping processes
(Baines and Condie, 1998), cannot be represented
in a coarse horizontal resolution model, even with
a bottom layer formulation.

Herein, an alternative, simpler approach is sug-
gested, consisting in parameterizing the effect of
downsloping flows without resolving the bottom
boundary layer. This new method, which is well-
suited for coarse resolution z-coordinate models,
is described in Section 2. The differences with the
recently-published parameterization of Beckmann
and Doscher (1997), developed for similar pur-
poses, are highlighted.

In general, idealized test cases cannot account
for the variety of bottom shapes and density
structures found in the World Ocean. Therefore,
we directly address the effects of the new para-
meterization in an OGCM using a realistic repres-
entation of the bathymetry and the forcing
(Section 3). For this purpose, two experiments,
with and without the downsloping parameteriz-
ation, have been integrated until equilibrium,
under annual mean forcing with moderate salt
enhancement over the Antarctic continental
shelves. The results thereof are analyzed in
Section 4. Finally, conclusions are drawn in
Section 5.
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2. Description of the downsloping
parameterization

The purpose of the downsloping parameteriz-
ation proposed here is to represent the effect of
density-driven downsloping flow, rather than the
flow itself. It is intended for a z-coordinate, coarse
horizontal resolution model, ie., for most
OGCMs. An important aspect of this parameteriz-
ation comes from the scale ratio between the
model resolution (3°x3° in this study) and the
real size of downsloping process. Concerning the
space scale, a thickness of 100 m seems realistic
for a fully developed plume (Killworth, 1977) and
a rough estimate of the horizontal layer width in
the slope direction, of the order of 10 km, can be
derived from observations (Muench and Gordon,
1995; Schauer, 1995; Schauer et al., 1997). Since
this layer is far too small to be represented in a
coarse resolution model, the parameterization
simply ignores it. For the same reason, the para-
meterization has no direct action on the resolved
velocity field and only modifies the model scalar
quantities, such as the potential temperature 0
(°C), the salinity S (psu) and any additional tracer.
The phenomena which we intend to account for
may be described as follows.

(1) Downsloping flow occurs when density
above the sea floor, at the top of the slope, is
larger than the surrounding water in the deeper
ocean. The density difference causes dense water
to move down the slope. For simplicity, the start-
ing point of the downsloping flow will be referred
to as the shelf break; but of course, downsloping
flow may occur in many other bathymetric
configurations.

(2) Intense mixing occurs at the beginning of
the downward stream, at the shelf break and just
below it. The mixing is a consequence of relatively
large entrainment of ambient water and depends
of the speed of the downsloping current (Price
and O’Neil Baringer, 1994); in the presence of
canyons, this mixing effect is smaller (Chapman
and Gawarkiewicz, 1995). Below this high-entrain-
ment region, mixing is strongly reduced. This is
supported by the presence of a well defined, very
thin cold layer that is stuck to the continental
slope, as shown in Fig. 5 of Muench and Gordon
(1995).

(3) The downsloping flow moves downward
until it encounters a water level of equal density,
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then splits and merges into the ambient water.
Otherwise, if it is denser than any water in the
deep ocean, it fills the bottom layer.

Our parameterization is designed in accordance
with the above description.

The downsloping scheme is activated if the

density pih, of a grid box Bjs, at the top of a

bathymetric step (Fig. 1) is greater than pfg, in

the neighbouring box Bjg, located at the same

level, in the region where the ocean is deeper.
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Fig. 1. The downsloping parameterization scheme is rep-
resented in the Y-Z plane. The dense water (pjh,) in the
bottom level (Bf%,, kup = 2) of the shallow water column
(B*") generates a downsloping flow (Flx) (simple
thick arrow) function of the density difference
Ap = pih, — pio.; it joins the grid box Bjg, in the deeper
ocean water column (B%°) at the level of equal density
(see the text) kdw=35. Also drawn is the
upward/horizontal return flow (double thin arrows) that
involves the same volume transport (Flx).
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Since the real downsloping flow is generally not
directly correlated with the direction and intensity
of the large scale current, especially in the case of
complex bottom shape, it can hardly be evaluated
from the velocity given by the standard model
(hereafter referred to as the “original current”)
between Bi, and Bjo,. On the contrary, the expres-
sion of the transport (Flx) induced by the
downsloping flow must directly take into account
the density difference Ap= piﬁp — pho.. This
requires a specific relation for the transport (Fix),
that must however remain simple, because a com-
prehensive representation would require local
parameters that cannot be estimated in our case.

For these reasons, the downsloping velocity (v')
is evaluated from a simple equilibrium between
the driving force, assumed proportional to Ap and
a drag force proportional to v":

0= o Ap— ', (1)

Po

where o, g and p, represent the slope, the gravity
acceleration and the reference density and u is a
measure of the processes that inhibit the descent
of the plume. This relation is similar to the “sim-
plest momentum balance” derived by Chapman
and Gawarkiewicz (1995) (their eq.(15) and
Fig. 15) for a canyon downsloping plume.

Then, the transport (Flx) of the downsloping
flow, here in the Y direction (Fig. 1), is simply
given by the product of the speed (v') of the
descending plume and the cross section surface
(X) involved in the downsloping flow. Since only
a part of the real edge section is able to initiate a
downsloping flow in the Y direction, the surface
X is taken as a fraction 6 (0 < < 1) of the mesh
size, leading subsequently to the linear relation:

A
Flx=yg =2 Ax Az, (2)

Po

with the coefficient of proportionality y = dot/u; Ax
and Az, are the grid spacing in the X and Z
directions.

This flow is supposed to go down the slope and
to reach the level of equal density, kdw, defined as:

sh sh _ ,sh
p(gkupa Skupa dew) = Pkdw

do __ do do
= Picdw = P(Okdws Skdws Zkdw)s
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sh __ ,sh
(Okup7 Skup7 Zkaw+1) = Prdw+1

do _ do do
< Pregw+1= PO+ 1> Skdw+ 1> Zkdw+1)s

leading to a net transport from Bih, to Bps,. If
the density in all grid boxes of the water column
B% is lighter than the density of the water coming
from the shelf (Bg,) evaluated at the right depth,
the downsloping flow reaches the bottom (kdw =
kbot). In order to ensure the volume conservation
for the two boxes B, and By, an upward return
flow is assumed from Bgj, to Big,—; until By,
and then horizontally from Bfg, to Bjs,. Even if
the real pathway is probably more complex, this
pattern seems more logical than a direct return
flow from B{g, to B, since, in the real ocean,
deep water properties at the level kdw do not
influence directly the top of the step (Bih,).

The scalar properties are advected by this addi-
tional transport Flx using the upwind scheme. For
example, at the time step n+ 1, the salinities
S m+1), (Sfemn+1), k=kup, ..., kdw) of the
corresponding boxes By, Bf® are modified by the
downsloping flow (3a), the horizontal (3b) and the
upward (3c) return flows as follows:

S =38 1)t D
kdw(n+ )= kdw(n+ )+ Ax Ay Az, X
X (Siap(n) — Sig(n), (3a)
S +1)= +1)+ % FI
kup(n kup(n AX Ay Azkup X
X (Skup(n) kup(n)) (3b)
and for k=kdw —1, ..., kup
- At
do _ Qdo k
Se(n+1)=S§ (n+1)+AxAyAszlx
X (S§%1(n) — S§°(n)), (30)

where S;(n+ 1) represents the updated salinity
according to the original standard model
(Section 7), Ax, Ay, Az, the grid spacing in the
three directions, and At is the time step that can
depend of the level k if the convergence accelerator
of Bryan and Lewis (1979) is applied. The para-
meterization assumes that downsloping flow
develops during a characteristic time much longer
than the time step, which is clearly the case in our
simulation. Note that this scheme preserves the
stability of the column B if the non-linear effects
of the equation of state are not dominant.

The downsloping parameterization is imple-
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mented in a simple way. The location of each
bathymetric step is computed before the integra-
tion starts and stored in a specific list. At each
time step, the list of potential downsloping flow is
checked and, in the case of a positive density
difference (psh, > piio)), the downsloping routine is
activated. Thanks to the simplicity of the para-
meterization, the computer time spent in this
routine is negligible (about 1% of the total).

The main assumptions are presented below.

Concerning the parameter 7y, the coefficients o,
u and 6 should vary from place to place implying
a different value of y for each bathymetric step.
But, for simplicity, and because no direct estima-
tion of this parameter is available, a uniform value
has been retained in our simulations. Parameter y
should also depend on the depth, especially if the
vertical resolution is not uniform. However, a
compensation occurs for the latter problem. When
the vertical grid size exceeds the thickness of the
real downsloping flow, the surface X, tends to be
overestimated. On the other hand, the density
difference Ap underestimates the real density con-
trast between the plume and the ambient water,
because of an internal dilution effect in a grid box
thicker than the plume. In this case, it can be
shown with simple linear assumptions, that those
two tendencies balance each other so that the
relation (2) remains unchanged.

To give an idea of the range of possibles values
for the parameter y, we refer again to eq. (1) from
the idealized canyon plume regime of Chapman
and Gawarkiewicz (1995) (their Fig. 15). Taking
their value of the coefficient u=10"*s"! and a
rough estimate of the slope a~ 31073 of the
order of the Antarctic continental shelf slope,
yields y =oda/u~ 0 x 30s. As only the part 6 of
the mesh is concerned by the downsloping cur-
rents, a range for the parameter y between 1 and
10 s appears reasonable. The upper bound value
y=10s has been retained for the downsloping
experiment in order to maximize the effects of the
parameterization in this sensitivity test.

The parameterization does not refer explicitly
to the Coriolis factor. Nevertheless, at large scale,
the Coriolis effect is taken into account since the
downsloping parameterization modifies the den-
sity field; this induces an adjustment of the current
simulated by the model according to the geo-
strophic balance. Even at small scale, the tendency
of the Coriolis effect to reduce the downward
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movement of the plume can be included in the
parameter y.

The problem of mixing also needs to be discus-
sed. In the observations, the mixing is intense at
the shelf break. This is represented, to some extent,
by the return flow from Bje, to B, (Fig. 1)
implying an internal mixing in the box Bjy,.
Furthermore, the horizontal extent of the
downsloping flow is usually much smaller than
the grid size, so that merging into a grid box
where a single average scalar property is defined
is equivalent to a relatively large mixing. We
believe that this internal mixing on the step,
probably too large in some cases, can partly
compensate for the lack of mixing below, at inter-
mediate depths (levels k, from kup + 1 to kdw — 1).
Nevertheless, in the real ocean, this mixing at
intermediate depths is probably not very large,
since the flow tends to maintain its main character-
istics especially when canyons or ridges limit
the development of eddies (Chapman and
Gawarkiewicz, 1995) and reduce the mixing effect.
Furthermore, this remark related to the lack of
mixing in the model, at intermediate depths, only
concerns the steep slope represented by a vertical
wall in a coarse resolution model; otherwise, a
stair like model bathymetry, corresponding to a
smooth slope, allows the downsloping flow to
cascade from one step to the other, implying an
internal mixing at each intermediate level.

Another method to take into account downslop-
ing flow in OGCM has been proposed by
Beckmann and Doscher (1997) (hereafter referred
to as B&D). Here we will discuss the main theoret-
ical differences between the two schemes, since the
comparison of the effect in an OGCM is not yet
available. The idea of B&D is to take advantage
of the o coordinate in the representation of bottom
currents such as downsloping currents. Thus, they
introduced locally, near a step, a part of ¢ coordin-
ate advection scheme into the usual z-coordinate
discretization. In their scheme, the large scale flow
calculated by the original standard model is dir-
ectly used to deduce the up/downslope transport
term. Only the path of the flow is changed.

One of the major differences with our para-
meterization is that the B&D scheme allows both
downsloping and upsloping flow, depending of the
direction of the original current between Bjy, and
Bﬂ,‘:p. Consequently, their scheme can lead to an
upsloping of denser bottom water to the shelf or
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a downsloping flow of lighter water. In our para-
meterization, an exchange of water is prescribed
only in the case of density driven downsloping
flow, and nothing is done in the three others cases.
Furthermore, when the B&D scheme prescribes a
downsloping flow, it is always incorporated into
the bottom level BY2, irrespective of the densities
on the shelf and in the deep ocean. On the
contrary, our parameterization determines the
inflow level BYS, according to the density structure
of the deep ocean water column B relative to
the shelf (B3,).

Our intention is not to decide which scheme is
better, but only to point out the differences. In a
medium resolution model, the B&D scheme will
probably provide a large improvement, as they
showed in an idealized test case. In this experi-
ment, the presence of many steps along the slope
makes it possible to represent the downsloping
flow at each level. With such a resolution, our
parameterization would have a similar effect. The
comparison of the results of both parameterization
will not be convincing since here we introduced
one additional parameter (y) which could be easely
tuned. On the other hand, in a coarse resolution
model as ours, a steep slope is represented by a
vertical wall, as, for example, the Barents Sea shelf
break. In this case, the B&D scheme will tend to
advect shelf water directly to the bottom of the
Arctic Ocean and will not offer the opportunity
to feed the Arctic halocline neither to reach an
intermediate depth as observed (Schauer et al.,
1997). Note that in a case of very steep shelf
break, the ¢ coordinate is not believed to be
the most appropriate approach (Haney, 1991).
Concerning the Barents Sea shelf break, the same
remark can be applied to the more complex
bottom boundary layer scheme of Gnanadesikan
et al. (1998) or Killworth and Edwards (1998).
But because those 2 schemes are very different
and much more complex than our parameteriz-
ation, a comparison cannot be easily drawn up
on a theoretical base, but instead requires numer-
ical tests results.

3. Numerical experiments design
The OGCM used to test this parameterization

has been developed at the Université Catholique
de Louvain (Deleersnijder and Campin, 1995;
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Deleersnijder et al., 1997; Campin, 1997) and is
the oceanic part of the coupled large-scale ice—
ocean model “CLIO” (Goosse et al., 1997a,b,c).
Details concerning the ocean model are given
in Section 7.

In this preliminary study, a simple climatolo-
gical annual mean forcing is used. The annual
mean wind stress of Han and Lee (1983) is applied
and sea surface temperature (SST) and salinity
(SSS) are restored (restoring time 7= 7.5 days)
toward the annual mean climatology (Levitus,
1982). Despite the fact that restoring is not physic-
ally justified, especially for salinity, this kind of
forcing enables us to keep the surface temperature
and salinity close to the observations and can be
also considered as a simple nudging technique.
Another advantage is that the sea surface proper-
ties (SST, SSS) are better known than climatolo-
gical fluxes that contain large uncertainties,
especially in high latitudes (da Silva et al., 1994).

Because deep water is mainly formed in winter,
when surface density reaches its maximum, the
restoring temperatures north of 65°N have been
shifted toward winter values, following the
approach proposed by Hirst and Cai (1994).
Furthermore, the salinity is enhanced ( + 0.4 psu)
on the Antarctic continental shelves. This salinity
adjustment is used to crudely represent the effect
of ice production on the shelf (see Section 1). In
fact, the only two regions concerned by this salt
correction are the shallowest part (H < 500 m) of
the Ross and Weddell Seas, with a salinity max-
imum that reaches respectively 35.00 psu and
34.85 psu. These values lie in the upper bounds of
salinity measurements on those shelves (Jacobs
et al., 1970; Foldvik et al., 1985). As proposed by
Hirst and Cai (1994), SST and SSS of two grid
boxes overmapping the Golfe du Lion in the
Mediterranean have been modified toward winter
values and a weak restoring (tr = 1 year) toward
observed temperatures and salinities (Levitus,
1982) is applied at 500 m in the gulf of Aden to
simulate the Red Sea outflow, absent of the model
domain. Note that, contrary to Antarctic shelves,
no salinity enhancement is imposed in the Arctic
region, since applying a strong salinity correction
there, permanently and, at least, over one grid cell
seems not justified regarding the characteristics of
brine release in those regions (Cavalieri and
Martin, 1994).

J.-M. CAMPIN AND H. GOOSSE

4. Results

The impact of the parameterization is analyzed
through two experiments. In the first one (DWS),
the downsloping flow parameterization is included
but not in the second one (CTR). For both experi-
ments, the model has been integrated until the
equilibrium for several thousand years (1.7 kyr at
the surface, 5.4 kyr at the deepest level). The direct
effects, near regions where downsloping flows are
active, are presented first and the remote large
scale effects follow.

4.1. Local effects

The number of downsloping events is quite
large (~1.100 points compared to ~3.100 bathy-
metric steps), but many of them correspond to
small exchange, especially in the deep ocean where
the number of potential sites is large but the
density differences are often small. In the deepest
part of the ocean model, the coarse resolution
z-coordinate model and the crude representation
of the bathymetry that follows, do not allow an
easy correspondence between simulated and few
observed downsloping flows (Polzin et al., 1996).
Nevertheless, the effect of the parameterization
seems realistic and increases the density and the
stratification of the deepest levels. For example, at
the deepest level interface (4.8 km), the mean
square of the Brunt-Viisdld frequency increases
by 70% from 5.3-107% in CTR to 9.1-107 %8s~
in DWS. The parameterization improves also the
deepest level temperature and salinity since the
average absolute differences with Levitus (1982)
data is reduced respectively from 0.536°C and
0.0449 psu in CTR to 0.256°C and 0.0302 psu
in DWS.

The large downsloping flows associated with
high density differences are found mainly at high
latitudes and correspond to sills or shelf break
regions. The maximum downsloping flow (4.2 Sv,
1Sv=10°m3/s) is southward, located in the
Western part of the Denmark Strait (Fig. 2), and
follows the bottom from 1240 m to 1780 m. This
transport is larger than current estimation of the
total Denmark Strait Outflow (2.9 Sv, Dickson
and Brown, 1994) for several possible reasons.
First, the level thickness (420 m) is larger than the
real dense water layer so that the model downslop-
ing flow already incorporates a part of ambient
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Fig. 2. Simulated downsloping transports (Sv) represented by arrows. Values below 1.6 Sv have not been drawn.
The largest transport is found in the Denmark Strait and reaches 4.2 Sv.

water into it, leading to a larger estimation.
Furthermore, the model simulates no southward
flow through the Iceland—Scotland Strait and the
Denmark Strait concentrates the total outflow
from the GIN Seas (estimation: 5.6 Sv, Dickson
and Brown, 1994). Finally, the deepening of the
Denmark Strait (Hg, = 1400 m, but less than
900 m in the reality) makes the direct comparison
difficult. This downsloping flow is associated with
a significant northward heat transport (0.038 PW),
but a much more reduced salinity exchange,
because the Denmark Strait Outflow Water
(DSOW) is colder than surrounding water (A0 =
—23°C) but only slightly fresher (AS=
—3.7-1072 psu).

In the high latitudes of the real ocean, because
of heat loss and salt release during sea-ice forma-
tion, the dense water of shelf regions induces
frequently downsloping currents, as mentioned
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above. However, Arctic shelves are not the best
example of the parameterization effect because the
forcing used is unable to reproduce the extreme
events which induce dense water formation
(Section 3). As a consequence, Arctic shelf waters
remain too fresh in the model and thus not dense
enough to generate downsloping flow. The only
exception is the Barents Sea where the inflow of
relatively warm and salty Atlantic water is modi-
fied through large surface heat loss and becomes
dense enough to initiate a weak downsloping flow
toward the deep Arctic Ocean.

On the Antarctic continental shelves, the salinity
increase due to sea-ice formation is taken into
account in the model, via a restoring to the
enhanced SSS (Section 3) from Levitus (1982).
This allows the production of high density shelf
water that can downslope from the shelves to
reach the deep ocean (Figs. 2, 3b). In the central
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Fig. 3. Density (kg/m?) relative to a reference water mass (4°C, 34 psu) at the bottom level (520 m) of the Ross Sea
continental shelf, for (a) experiment CTR, (b) experiment DWS and (c) from Levitus (1982). The downsloping
transport (in Sv) is represented by arrows in (b) (see the scaling, 0.5 Sv, on the right bottom corner). A thin black
line marks the shelf edge position.
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and Western part of the Ross and Weddell Sea
continental shelves, the very dense shelf water
induces large downsloping flows mainly toward
the North and, to a smaller extent, toward the
East. This water is dense enough to reach the
local bottom level, with a falling height around
2000 m or more. This downsloping current can
even initiate a second deeper cascading downslop-
ing flow, as in the deep Weddell Sea (Fig. 2). By
contrast, in the far Eastern part of the Weddell
Sea and in the whole East Ross Sea, downsloping
flows are less intense than in the Western part,
and can only reach intermediate depths. This
contrast comes from the cyclonic horizontal circu-
lation in those regions. The supply of light water
onto the Eastern part of those shelves partly
balances the surface forcing densification effect
and decreases the density contrast with open
ocean, implying weaker and shallower down-
sloping flows than in the Western part.

In the model, the total downsloping flow that
escapes the Antarctic continental shelf is large.
For example, for the Weddell Sea continental shelf,
the total outflow reaches 8.2 Sv, larger than cur-
rent estimations: Muench and Gordon (1995)
evaluate the northward transport of the bottom
layer in the deep Western Weddell Sea to about 5
to 6Sv, but this estimation already includes
entrainment and mixing with open ocean water.
However, the direct comparison with observations
is not so easy, for the reasons that follow. First,
part of the downsloping flows joins intermediate
levels (e.g., in the Ross Sea, 27% of the total
downsloping transport (8.6 Sv) from the shelf
remains confined to the upper 1 km) and should
be excluded from the shelf bottom water outflow
budget when comparison is made with observa-
tions. Secondly, the thickness of the bottom shelf
level (240 m at the depth of 520 m) is larger than
the thickness of any downsloping plume, leading
to an overestimation of the flow. A third point is
that the high value of the parameter y retained in
this simulation, in the upper range of the current
estimation (Section 2), could be too large. The
fourth reason comes from the crude representa-
tion, in the model, of the fine structure of the real
forcing. The highest density shelf water are formed
through small scale processes (e.g., related to Ice
Shelves or coastal polynyas) or during short events
(e.g., cold winter storm) that are not represented
in the model, especially with an annual mean
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forcing. Therefore, to give the model a chance to
reach the local density maximum, the extreme
conditions have to be applied permanently and
over at least one grid box. This may contribute to
a larger surface buoyancy flux and consequently
to a larger outflow than observed.

The parameterization effect can be noticed on
the ocean density structure near Antarctic shelves,
in the Ross and Weddell Seas (Figs. 3, 4, respect-
ively), both reflecting higher exchanges with the
open ocean. Without the parameterization, the
dense water tends to be trapped on the shelf,
resulting in a sharp density contrast with the open
ocean. The downsloping flow allows this dense
water to escape more easily from the shelf and
replaces it by lighter open ocean water. The density
patterns are then smoothed and become closer to
the observations (Figs. 3, 4) compared to the con-
trol experiment (CTR).

4.2. Global effects

At the global scale, the density of AABW
increases in DWS as a consequence of a larger
exchange of Antarctic Shelf Water with the deep
ocean. This appears clearly on the horizontally-
averaged vertical density profile (Fig.5) with
higher density below 1.5 km compared to the CTR
experiment. The density becomes closer to the
Levitus (1982) profile, slightly too high between
1.8 and 2.5 km, and hardly distinguishable from
observations below 2.5 km, whereas the density in
the control experiment is too low in the deep
ocean. This parameterization has no significant
impact on intermediate water, which remains too
warm and then too light compared to Levitus
(1982) climatology (Fig.5). Also noticeable, the
positive density difference between the two simula-
tions (DWS—CTR) (Figs. 5, 6a) increases gradually
with depth and leads to a stronger stratification
of the deep ocean in DWS. This density difference
appears almost homogeneous in the meridional
direction (Fig. 6a), except south of 50°S, between
0.5km and 4 km where it is stronger. This can
explain the strengthening of the ACC (from 120 Sv
to 134 Sv) since the densification of the Weddell
Sea Water column is responsible for a stronger
meridional pressure gradient across the Drake
passage (Cai and Baines, 1996). But, except the
intensification of the ACC, the barotropic circula-
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Fig. 4. Density structure in the meridional section at 50°W, across the Weddell Sea, for (a) experiment CTR, (b) exper-
iment DWS and (c) from Levitus (1982). In order to remove the pressure effect, density differences (kg/m?) relative

to a reference water mass (4°C, 34 psu) are represented.

tion (not shown) remains roughly unchanged in
both experiments.

This increase of AABW density has a significant
impact on the thermohaline circulation, since the
balance between the too main deep water masses,
NADW and AABW, is better represented in the
DWS experiment. In the Atlantic (Fig. 7a), the CTR
simulation suffers from two weak an AABW circula-
tion (~2.5Sv) limited northward to 10°N.
Consequently, NADW invades the deepest part of
the North Atlantic. By contrast in the DWS experi-
ment (Fig. 7b), the inflow of AABW is stronger
(>4 Sv) and penetrates northward to 40°N, in good

agreement with observations (Mantyla and Reid,
1983; Schmitz and McCartney, 1993). As a result,
the NADW circulation becomes shallower
(<3.5km), and slightly weaker since it exports
16.8 Sv at 30°S (close to derived observation estim-
ates (Schlitzer, 1993)) compared to 18.3 Sv in the
CTR simulation. But except for these changes, the
circulation pattern is identical: NADW forms in the
GIN seas (8 Sv), joins the Deep North Atlantic
through the Denmark Strait where it incorporates,
south of Greenland, an additional supply of less
dense water and finally flows across the Atlantic
toward the South.

Tellus 51A (1999), 3
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Fig. 5. Global mean vertical profile of density (kg/m?)
relative to a reference water mass (4°C, 34 psu), for
experiment DWS (light solid line) compared to experi-
ment CTR (doted line) and Levitus (1982) data (thick
solid line).

The Denmark Strait overflow is better repres-
ented with the downsloping parameterization
since dense water can thus easily follow the
bottom. But this has no major effect on the large
scale circulation. This is mainly due to the fact
that the increase in AABW density tends to domin-
ate the thermohaline circulation changes.
Secondly, for the Denmark Strait Outflow, the
“original” large scale circulation is directed south-
ward, with and without the parameterization. Here
the downsloping flow tends simply to replace the
two steps mechanism, horizontal advection of
dense DSOW followed by deep convective adjust-
ments. A diagnostic (not shown) of the gravita-
tional energy released by convective adjustments
confirms this interpretation.

Concerning the Mediterranean Sea, the control
experiment suffers from an overestimation of the
outflow (2.2 Sv) due to the unrealisticly large width
of the Gibraltar Strait, since, on a “B grid”, 2 grid
boxes (~600km) are necessary to allow an
exchange through one velocity point. The
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downsloping parameterization induces here a
strong mixing that limits the geostrophic flow
across the strait, leading to a more realistic outflow
(1.6 Sv, compared to observations around 1. Sv).
However we suspect this enhanced mixing mech-
anism not to be physically justified. It appears
that, the detailed effect of the parameterization
cannot be properly discussed as long as the strait
width is not reduced. This reduction of the
Mediterranean water outflow cools and freshens
the North Atlantic Intermediate Water, as showed
on Fig. 8.

With the downsloping parameterization, despite
the increase of AABW northward flow at 50°S
(from 9.0 Sv to 10.9 Sv), the antarctic meridional
circulation cell (counter-clockwise), associated
with a downwelling near the continent, is reduced
by 2 Sv (from 26 Sv to 24 Sv). The reason thereof
is that the dense shelf water can directly reach the
deep ocean and does not contribute to the large
scale dynamic explicitly resolved in the model, i.e.,
in this case, the downwelling near Antarctica.
Thus, we can expect a different ventilation scheme
of the Deep Southern Ocean with a larger direct
contribution of shelf water and, on the contrary,
a reduction of the open ocean surface water supply,
since the Antarctic meridional cell is weaker and
the stronger deep ocean stratification is prone to
reduce vertical mixing and open ocean deep con-
vection. This aspect has to be confirmed with
additional passive tracers experiments.

The zonally averaged salinity difference
(DWS-CTR) (Fig. 8a,b) illustrates the water mass
properties changes. The salinity on Antarctic
shelves is strongly reduced, due to larger exchange
with the open ocean. For the same reason, the
deep Southern Ocean (south of 50°S) becomes
saltier (> 40.05 psu), slightly colder (—0.2 to
—0.3°C, Fig. 6b) and then denser (Fig. 6a), from
+0.02 kg/m® at 500 m depth to +0.12kg/m® at
the bottom. In the Atlantic, the decrease in the
circulation of NADW, more saline and warmer
than AABW, dominates both temperature and
salinity changes and is responsible for a cooling
(larger than 0.5°C) and freshening (—0.05 psu,
Fig. 8a). In the other basins, the increase of AABW
salinity balances the reduction of the salty NADW
outflow, totally in the Pacific (Fig. 8b) and only
partially in the Indian Ocean, whereas for the
temperature changes, those two tendencies work
together and impose a cooling of 0.5°C (Fig. 6b).
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Fig. 6. Global zonal mean differences between the two experiments with and without the parameterization
(DWS-CTR): (a) density (kg/m?) and (b) temperature (°C).

5. Conclusion

A parameterization of downsloping flow,
designed for coarse resolution model, has been
established and incorporated in the UCL-OGCM.
This parameterization enables dense water
exchange from the top of a bathymetric step with

the neighbouring deeper column. The downslop-
ing flow ignores the large scale geostrophic con-
straint and is only function of the horizontal
density difference at the shelf edge, through a
simple linear relation. Two equilibrium experi-
ments under annual mean climatological forcing,
with and without the parameterization, reveal its
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Fig. 7. Meridional transport stream function (Sv) for the Atlantic ocean. Circulation is clockwise around a maximum
and is shown for (a) experiment CTR and (b) experiment DWS. The contour interval is 3 Sv.

main effects. Firstly, it increases the exchange
between the shelf and the open ocean, the first
being too isolated in the control experiment.
Secondly, this parameterization improves the den-
sity structure of the deep ocean and gives a better
representation of AABW density and circulation.

Tellus 51A (1999), 3

Also expected, the ventilation pattern of the deep
southern ocean could be modified, with a different
distribution between shelf water and open ocean
surface water contributions. This effect needs fur-
ther investigations.

Furthermore, the sensitivity experiment tends
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Fig. 8. Zonal mean salinity differences (psu) between the two experiments with and without the parameterization

(DWS-CTR) for (a) the Atlantic and (b) the Pacific.

to prove that the small scale downsloping process,
that is not represented in most OGCMs, has a
significant impact on the model results. This com-
pletes the explanation to the question risen by
Toggweiler and Samuels (1995) concerning the
unrealistically high salinity adjustment needed to
give better deep ocean properties. In our case, a
moderate salt enhancement limited to Antarctic

continental shelves, that lies within the range of
observations (Zwally et al., 1985), is sufficient to
increase the deep ocean density, provided the
downsloping parameterization is used.

This parameterization could be improved using
a space-dependent coefficient of proportionality 7,
according to the local small scale bottom shape.
But practically, this topography regional depend-
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ency seems difficult to establish for the whole
ocean. This test suggests that y=10s lies in the
upper range of the possible values (e.g., the
downsloping flow are somewhat over-estimated),
but does not give rise to spurious effects. This
strengthens the confidence in the parameterization
that we gain from this validation test. The only
exception to this general rule is the Gibraltar
Strait where the downsloping parameterization,
through indirect interaction with the poorly
resolved dynamic inside the Strait, weakens the
exchange between Mediterranean and Atlantic
Ocean. In this case, the coefficient y is most likely
too large, because it is associated with a section
of the Strait more than 60 times wider than the
real one. But, even there, the reduction of the
Mediterranean outflow induced by the para-
meterization could appear realistic.

Recently new parameterizations based on an
explicit representation of the bottom boundary
layer have been proposed. This parameterization
is certainly not so accurate and much more simple.
However, because of its simplicity and its low cost
in terms of computer time, this new parameteriz-
ation represents a valuable first approach for long
term integration since it reveals only positive
effects. Contrary to bottom layer schemes, this
parameterization allows a downsloping flow to
enter an intermediate level, different from the
bottom level. This is an advantage since in coarse
horizontal resolution models, steep bottom slopes
are often represented by a wall of several vertical
levels height, and real downsloping flows are not
always enough dense to reach the bottom.

Note that the annual mean restoring forcing
used for this sensitivity experiment is not the most
realistic one. However this simple and widely used
forcing provides a first idea of this parameteriz-
ation effect and allows a comparison with previous
studies (Toggweiler and Samuels, 1995). The
ocean—sea ice coupled model “CLIO” (Goosse
et al.,, 1997a,b) is currently testing this parameteriz-
ation using a full seasonal forcing based on clima-
tological fluxes. The preliminary results seem
promising and confirm the main tendency pre-
sented here. Specially, the improvement of the
AABW properties and of the exchanges between
Antarctic shelf and open ocean remain the domin-
ant effects of the parameterization even though
the AABW circulation was reasonably well repro-
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duced in the experiment without the downsloping
flow parameterization (Goosse et al., 1997a).
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7. Appendix

Model description

The model used in this study is based on
primitives equations, and relies on the commonly
used hydrostatic and Boussinesq approximations.
The governing equations will be briefly pre-
sented here.

The conservation of mass (4) and scalar quantit-
ies s (potential temperature 0 (°C), salinity S (psu)
or any additional tracer) (5), and momentum
equation in the horizontal plane (6) and in the
vertical direction (7) read:

ow
—+V-a=0, (4)
0z
as 0s 0 ds
—+ia-Vs+w—=4,Vs+—(4.—), (5)
ot 0z 0z 0z
@ i+ V)il % i
a[—i—(u )u—i—waz—i-fxu

1 ,_ 0 ou

=——Vp+wWViau+—|v,— |, (6)
Do 0z 0z
0

p(2)=pogn+f p(0, S, g dL, (7
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with density p given by the non linear equation
of state (Eckart, 1958):

p=p(0,S8,2), (8)

where x, y,z and é,, é,, ¢, are the 3 coordinates
(increasing eastward, northward and upward) and

associated local base vectors;
U=1u-+ we,=ue,+ ve,+ we,
is the velocity; ¢, 4, ¢, n and p are the time,
longitude, latitude, sea surface elevation and pres-
sure; g = —gé, is the gravity, Q and f = 2Q sin(¢)e,
are the earth rotation and Coriolis factor; A, is
the diffusivity (m?/s) and v, is the viscosity (m?/s).
The full expression of horizontal space differencing
operators V( ), V+( ), V*( ) in a general ortho-
gonal coordinate system includes metric coeffi-
cients (Deleersnijder et al, 1997) but, for
simplicity, the compressed form is retained here.
With the free surface formulation, the sea surface
elevation 5 becomes a prognostic variable and is
governed by the barotropic subset equations,
obtained after vertical integration from the bottom
(z= — H) to the surface (z ~0), of the eqgs. (4) and
(6):

on _
S =w.co=—V-0, 9)

%UJrfx U= —gHVy+ 2wV U+ 7,  (10)
where U=[° iidz and Z, integrates all the
remaining terms of eq. (6) not resolved explicitly
n (10) (Deleersnijder and Campin, 1995).

The outline of the numerical discretization used
in our model will be presented here and more
details can be found in Campin (1997). The spatial
discretization, is achieved on the Arakawa “B grid”
using the “z-coordinate” for the vertical direction,
similar to the one described by Bryan (1969). As
opposed to the leapfrog time stepping of the
GFDL model (Bryan, 1969), our model uses the
explicit Euler forward-backward time stepping for
both barotropic eqs. (9, 10) and baroclinic eqs.
(5, 6). The vertical terms are computed implicitly
and the Coriolis terms are solved semi-implicitly.
As described by Deleersnijder and Campin (1995),
the mode splitting technique proposed by
Killworth et al. (1991) is used to solve separately
the barotropic subset egs. (9, 10) with a small time
step, whereas the baroclinic variables are integ-
rated with a longer one.
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The convergence accelerator of Bryan and Lewis
(1979) has been implemented in order to save
computer time, leading to shorter time step (At, =
3 h) for baroclinic velocity (u, v) than scalar quant-
ities. The scalar time step is also longer below
500 m, from At;=30h at the surface up to 96 h,
in the deeper level. During one model iteration,
26 sub-iterations (At, =5 min) are performed to
compute the updated barotropic variables (i, U)
that are averaged over the 26 values. This results
in an additional acceleration factor between baro-
clinic and barotropic variables, advanced in time
to 3 h, and 5 x 26/2 = 65 min, respectively.

The simple centered in space advection scheme
is used for eq. (6) and remains stable thanks to a
large — but common for low resolution OGCM —
horizontal viscosity (v, = 103 m?/s) required to rep-
resent western boundary currents. For the advec-
tion of scalar quantities, the fractional time
stepping (Yanenko, 1971) combined with Lax—
Wendroff advection scheme guarantees the
numerical stability. Furthermore, a moderate hori-
zontal diffusion (4, =300 m?/s) and an hybrid
upwind/Lax—Wendroff advection scheme (Campin,
1997) derived from James (1986) limit the occur-
rence and growth of spurious local extrema.

The vertical diffusivity and viscosity in the upper
500 m are computed using Pacanowski and
Philander (1981) parameterization with a back-
ground vertical diffusivity increasing with depth,
following the profile proposed by Bryan and Lewis
(1979). A convective adjustment removes gravita-
tional instabilities wherever the water column
is unstable.

In order to avoid the North Pole singularity
associated with geographical coordinates, the
model grid is composed of two spherical sub-grids
(Deleersnijder et al., 1997): One sub-grid has its
poles located on the Equator and covers the Arctic
and the North Atlantic; the second is the usual
longitude and latitude grid and covers the
remaining part of the ocean. The two grids are
connected at the Equator, in the Atlantic. The
model resolution is 3° x 3° and has 15 irregularly
spaced vertical levels, from 20 m thickness at the
surface to more than 700 m at 5000 m depth.
Because the two spherical sub-grids cannot expli-
citly resolve the Bearing Strait, the flow through
this Strait is computed using a parameterization
based on the geostrophic control theory (Goosse
et al, 1997b). The model bathymetry is derived
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from ETOPO 5 (1986), according to the criterion
that grid boxes containing more than 40% of
water are oceanic. Due to the low resolution of
the model, the narrow passages have been widen
up to allow exchange of water (Gibraltar Strait,
Hudson Strait, Indonesian passage, Japan Sea ...).
A deepening of the Greenland Iceland Scotland

429

straits (model depth: Hg; = 1400 m) allows a better
representation of the exchange between the GIN
Seas and the North Atlantic, as also done in some
other z-coordinate OGCMs (Toggweiler et al.,
1989; Manabe et al., 1991; Maier-Reimer et al.,
1993; Roberts et al., 1996).
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