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ABSTRACT

A seasonal, zonally averaged, climate model is developed using a hypothetical meridional
circulation, which reproduces the atmospheric dynamical heating of a two-level general
circulation model. In order to simulate the seasonal temperature cycle, prognostic equations
for the land and ocean temperatures are included in the model. The horizontal heat transport
in the ocean is modelled as ordinary diffusion. Small-scale vertical transport of sensible and
latent heat is described by simple linear terms. For the long-wave radiation calculations, a
simple but efficient emissivity approximation scheme is developed. The short-wave radiation
treatment is based on an early version of the Mintz-Arakawa general circulation model.

The meridional and seasonal variation of the surface temperature as well as the temperature
at the two tropospheric levels are simulated quite well by the model. Concerning surface albedo
and planetary albedo, the model gives results which are in good agreement with observed
values. Radiative fluxes of the model also compare well with observed values.

The sensitivity of the model to changes in incoming solar radiation and carbon dioxide
content is in accordance with results obtained from other models. The model, with variation

of the Earth’s orbital parameters, has also been used for some preliminary experiments.

1. Introduction

Essentially the climate modelling problem may
be divided into two parts. The first one is con-
cerned with the basic physical processes like short-
and long-wave radiation, vertical small-scale trans-
port of heat and water vapour, condensation,
evaporation, freezing and melting, all processes
which numerically may be described inside a
vertical column of the atmosphere—earth system.
The other fundamental part of the climate model-
ling problem is concerned with the very important
redistribution of heat and humidity by the large-
scale motions of the atmosphere and the oceans.
A detailed numerical description in space and
time of these motions involves an enormous
amount of computational work. which has
advanced the idea, that for modelling of long-term
climate changes, the effect of the large-scale
motions should be incorporated in a parameter-
ized form.
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In a recent paper (Eliasen, 1982) it was proposed
that a usable parameterization of the large-scale
atmospheric heat transport in a zonally averaged
climate model could be obtained by defining a
hypothetical equivalent meridional circulation,
equivalent in the sense that this meridional
circulation should produce the same dynamical
heating as the mean heating caused by the total
large-scale motions. The crucial point of such a
parameterization is of course to define the hypo-
thetical meridional circulation in terms of the
zonally averaged temperature field. This was
attempted on the basis of the long-term statistics
obtained from a simplified two-layer general
circulation model, and it was found, that an
equivalent meridional circulation in the analogous
climate model could be determined in a quite
elementary way.

In the present paper. the proposed parameter-
ization of the large-scale atmospheric heat
transport is tested by applying it to a climate
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model, which may be considered as essentially an
improved version of the original one. An important
change is that the heating due to the radiation
processes is treated in a more realistic—though
still simple—way. Concerning the solar forcing of
the model, the incoming radiation is computed as a
function of latitude and time, whereby the basic
features of seasonal variations are incorporated
in the model. Another essential change is the use of
explicit prognostic equations for the changes in the
surface temperatures of land- and ocean-areas.
Provisionally these equations are kept simple, but
in principle they provide the possibility for the
processes in the surface layers and the large-scale
heat transport in the oceans to be taken into
account in a more realistic way.

As a first goal it is shown that the model gives
a reasonably good simulation of the observed
meridional and seasonal varfations of the zonally
averaged temperature. Furthermore the model has
been applied to some conventional sensitivity
experiments with quite reasonable results.

2. Model description

The temperature of the troposphere is repre-
sented by the zonally averaged temperature fields
T, and T at the pressure levels p, = 400 mb and
p, = 800 mb, respectively. These two temperature
fields as functions of time ¢ and latitude ¢ are to be
determined from the thermodynamic equation
applied in the zonally averaged form at the two
levels p, and p,. Using the parameterization of
the total large-scale heat transport in terms of an
equivalent meridional circulation as proposed by
Eliasen (1982), the two equations for T, and T,
become

oT, of oT,
— E{rla(ez—wzn—q.—ﬁg—‘} _&
C,

ot o9 o¢ ;
.1
oT, W o1, 0,
pik} _18 Tl =
Py +E{"o(62 16:1) + 4, o9 a¢} e’

where 8, = (8, + 0;) and 0 =4(6, — 6,). 6 denotes
the potential temperature and

T =rb, r= L s
Dx
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where ps = 1000 mb and x = R/c, with R being
the gas constant and c, the specific heat capacity
of air at constant pressure. The symbol [ | indicates
the horizontal mean value over the whole sphere.
The field § may be considered as a smoothed
temperature field, defined by the relation

17/
é cos¢—ﬁ
o9
—=16,1-6,
cos ¢ o¢

The coefficient E is introduced as determining the
intensity of the equivalent meridional circulation.
Its possible dependence upon the global parameters
of the system was discussed in Eliasen (1982),
where the “normal” value E=3.1-10"% K-! 5!
was also stated, a value which is used throughout
in the present application of the model. Further-
more the values of g, and g, were given as

(Bl1=0. 2.2)

ry—r

g, =1+ = 1.1097,

r

ry—rg

g3=1— =0.9100,

T3

where the deviations from the value 1 are due to a
crude incorporation of the frictional heating in the
dynamical heating. Thus, the quantities O, and Q,
on the right-hand-side of egs. (2.1) represent the
heating rates per unit mass for that part of the
heating due to the radiation processes and to the
small-scale vertical heat transport. In terms of the
absorbed solar radiation 4, the upward net fluxes
of long-wave radiation F and small-scale heat
transport H, the heating rates may be written

4
Q. =A—p(Al + Fy—Fy+ Hy),
2.3)

g
Q,zE(A3+FS——FM+HS—HM),

where g is the acceleration of gravity, Ap = 400 mb
and where the indices T, M and S refer to the
200 mb level, the 600 mb level and the surface,
respectively.

Certainly the surface temperature is of decisive
importance for the energy exchange between the
atmosphere and the surface, and a realistic
climate model must therefore also include the
surface temperature as a basic variable. Due to
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the large difference in the effective heat capacity
between land and ocean surfaces, it seems further-
more appropriate to distinguish between the land
surface temperature 7, and the ocean surface
temperature T, in order to model the seasonal
cycle (¢f. Thompson and Schneider, 1979). The
zonally averaged surface temperature T may then
be written
Ts=fTy+ (1 =N)T, (2.4)
where fis the fraction of the latitude circle covered
by ocean. Analogous expressions are used for
Fgand H,.

The prognostic equation of the land surface
temperature is

c oT, y

L ot =L FL“HL’
where C, is the heat capacity of the land
surface, A4, the solar radiation absorbed by the
surface, F, the net upward long-wave radiation and
H, the flux of sensible and latent heat from the
surface to the atmosphere. The magnitude of the
heat capacity C, varies strongly with the physical
properties of the surface, but in all cases the
value of C, is more than one order of magnitude
smaller than the heat capacity C,, of the.upper
mixed layer of the ocean. In the numerical
experiments with the present model, C, has been
treated as a constant with a value of 50 W m~?
day K.

Using the same symbols as in eq. (2.5) but with
the index W, instead of L, indicating the ocean
surface, the prognostic equation for the temper-
ature T, is written

(2.5)

Ty,
wTo Ay—Fy—H,
ot
Ty,
NKCycosg
i o¢
+— , (2.6)

A cos ¢ ¢

where the last term describes the horizontal heat
diffusion. This treatment of the horizontal heat
transport in the oceans is certainly a very crude
one, but at least the chosen form generates a
reasonable transport of heat from the equatorial
area towards the poles. The intensity of the heat
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transport is determined by the coefficient K.
Essentially the same expression for the large-scale
heat transport in the oceans was used by Sellers
(1973), with K varying with latitude. In the present
model K is treated as a constant with the value
1.1-107% day~!, which is very close to the average
value used by Sellers.

Quite recently Ghil and Bhattacharya (1979)
have presented values of the heat capacity of the
climate system due to the upper mixed layer of the
ocean, and on the basis of these values the
following expression for the heat capacity of the
ocean areas has been adopted

Cy=Cy—(Cy— CL) g,

where u = sing and

(2.7)

0, < py,

gu) = ('#"#,\ 2

1 —Hy /s

The constant value C, is assumed to be 3000

W m~? day K-!, the value C, is taken to be
100 W m~?day K" and ¢, = 0.766.

The heat balance between the atmosphere and
the earth is critically influenced by the small-scale
vertical transport of sensible heat and water
vapour. Unfortunately only very little is known
about an adequate parameterization of this
transport in climate modelling, so a quite simple
linear formulation is used in the present model.

The upward flux from the ground to the atmos-
phere is written as two contributions

lul > p,.

H,=HS + HE, (2.8)

representing the sensible heat and the latent heat,
respectively. The index G indicates either land (L)
or ocean {W) surfaces. For the sensible heat it is
assumed that

a(;(T(; - T] - V(;)~ T(; - TJ

HS = g
g T(; - T3 <

G =

which express a simple adjustment of the temper-
ature difference T, — T, towards the prescribed
value j;. Using the reasonable value y, = 6 K, the
expression (2.9) gives a heat transport from the
ground to the atmosphere increasing with
increasing values of T, — T,. If T, —~T,<6 K,
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corresponding to a strong vertical stability, the
expression (2.9) yields a modest downward heat
transport from the atmosphere to the surface with
a maximum value equal to 4.

An essential part of the vertical heat transport
is connected with the evaporation from the
earth’s surface and the subsequent transport and
condensation of water vapour in the atmosphere.
As the content of water vapour is not explicitly
determined in the present form of the model, the
content must be parameterized using the temper-
ature field. In a highly simplified way this is done
by assuming that the relative humidity close to the
ground has a prescribed constant value from which
the mixing ratio g, at the surface temperature
T; may be calculated. For the present integrations
of the model it is assumed that the relative
humidity has the same value for land and ocean
surfaces, namely 80%. With the value of g,
obtained in this way the vertical heat transport
connected with the water vapour is put propor-
tional to ¢, i.e.

HE =bq,. (2.10)

From the known mean values for the energy
balance of the atmosphere—earth system, the
following numerical values have been adopted:
a,=15Wm2K~'and b; = 4000 Wm~2

The energy transfer from the earth’s surface to
the atmosphere is linked to a further vertical
transport from the lower to the upper layer as
expressed in the model by the quantity Hy,. In
accordance with the simple expressions (2.8)-
(2.10), H,, is written as

H, = HS + HE, (2.11)
with
HE, < a(Ti =T~ ) =T 20
0, Ty — T, < Yy
(2.12)
Hy=bylfgw+ 1 =g} (2.13)

In the numerical experiments to be described, the
following values have been used

ay=6Wm2K",  p, =24K,
by, = 1000 W m~2,

leading to reasonable values of the vertical heat
transport.
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3. Radiation calculations

3.1. Solar radiation

The incident solar flux S at the top of the
atmosphere as a function of latitude and calendar
date is computed from the astronomical parameters
as mean values for each day during the year by the
procedure outlined by Berger (1978). The origin of
time is defined to be the vernal equinox, and the
year to be 365 days.

In a cloudless atmosphere, the factors that
cause depletion of solar radiation are absorption
and scattering. Absorption and scattering by
aerosols are neglected. Almost all atmospheric
ozone, which has absorption bands for wavelengths
less than 0.7 um, is present above the 200 mb
level. Absorption by ozone is accounted for by
simply reducing the solar flux by about 4% from
the top of the atmosphere to the 200 mb level.
This is in agreement with explicit calculations based
on the expressions for ozone absorption given by
Lacis and Hansen (1974) using average values for
total ozone amounts and zenith angles. The
absorption bands of water vapour for wavelengths
less than 0.9 um are negligible, whereas Rayleigh
scattering on the other hand is quite small for
wavelengths larger than this limit. Above the
200 mb level there is minor absorption by water
vapour which is set to about 1%. From these
considerations, the downward solar flux at the 200
mb level is separated into a part S, subject only
to scattering and a part S, subject only to absorp-
tion.

§,=06185, §,=0.345. 3.0

With the assumption that reflected radiation is not
absorbed, the absorption of S, in the upper layer is
taken to be

AV =A4{(U, - U )M} S,. 3.2)

M is the magnification factor given by Rodgers
(1967)

35
M= s
(1224 cos? Z + 1)\

(3.3)

where Z is the effective mean zenith angle of the
sun determined in the same way as by Manabe and
Strickler (1964). U is the effective vapour amount
from the ground to the pressure level indicated by
the index. The absorption function used is the one
given by Manabe and Miiller (1961):
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A(U) = 027103, (3.4)

with U determined by the pressure corrected
expression

qu(

In order to calculate U, the vertical profile of the
mixing ratio g{ p) has to be known. In consideration
of the general crudeness of the model, this profile
is assumed to be the same above the land- and
ocean-areas, and given by

q(p)= qs(ﬂ) ,
Dy

where gg is determined from Ty and with the
limitation that g(p) is not less than 2.5- 1075, It is
assumed that m is independent of latitude and
equal to 3. Having obtained the values for 49,
the absorption in the lower layer may be expressed
as

AY=4

p dp

)—— (3.5

(3.6)

{U, M} S, — AL 3.7

The effect of clouds is treated in a quite simple
way by introducing a single cloud layer extending
from p.p t0 pey. Peg is the pressure at the mean
height of the cloud bottom, which is assumed to be
in the range from 800 mb to 600 mb and inde-
pendent of latitude and time. p. is the pressure at
the mean height of the cloud top, and the cloud is
assumed to be situated symmetrically around the
600 mb level. The absorption by the cloud is
accounted for by using an equivalent cloud water
vapour amount U, which is taken to be

A (38)
0.005 + g

Following Langlois and Kwok (1969), the radia-
tion stream is divided into two parts, one of which
is reflected at the cloud top and the other of which
enters the cloud. The latter part becomes diffuse
and the mean path length is taken to be 1.66 times
larger than that of the vertical column. With the
water vapour content assumed to vary linearly with
pressure within the cloud we have

AS = ae, S, AU

f=
A§=(1—a.)S,
A{(Uy — Ugr) M + 1.66(Ugy + Ugy)} — B
(3.9)

— U )M+ B
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where

B=(1—ay)S,

AUy — Uep) M + 1.66GU, + Uer — Uyt

. is the albedo at the top of the cloud given by
dor = 0.36 + 0.0082(Z — 45°). 3.10)

The value 0.36 is the cloud albedo for a mean
zenith angle of 45°. This value is somewhat larger
than that used by Thompson (1979) to compensate
for the neglect of Rayleigh scattering above the
cloud. The absorption in the two layers, with the
fraction of overcast sky called CL, are

A, =CLAS+ (1-CL)4¢,
A, =CL A + (1— CL) AS.

3.11)

The amount of absorption at the ground is
dependent on the kind and condition of the surface.
In the following «; denotes any surface albedo,
and it is assumed that ag is the same for direct
and diffuse radiation. For clear skies in the spectral
region with water vapour absorption, the absorp-
tion at the ground is

AY .= (1 — ag)S, — 45— 4Y. (3.12)

In that part of the spectrum where Rayleigh
scattering occurs, we have for clear skies

A% =S(0.61 — R)(1 — ag)/(1 — ag R¥), (3.13)

which accounts for multiple reflection between the
ground and the Rayleigh atmosphere. In accord-
ance with Lacis and Hansen (1974), R, is the
atmospheric albedo due to Rayleigh scattering
given by

0.28

T 1+ 643cosZ

RY¥ is the Rayleigh albedo for radiation from
below, and the value used for R* is 0.0685. With
multiple reflection between the ground and the
cloud base, the absorption in the scattered part of
the spectrum is

A4S, =81 — ag)(1 — ac)/(1 — agagy).  (3.15)

where the albedo of the cloud base dg, is taken
to be 0.45. For that part of the spectrum which is
subject to absorption in the atmosphere, the
expression for absorption at the ground becomes

Ag.n =(1- aG){(l - aCT)Sa_Ag: — B}/

(1 —agaqp).

3.149)

(3.16)
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The total absorption at the ground is then

Ay = CL(AS , + AS,) + (1 —CL)
(A%, + 4% ) 3.17)

The surface albedo is a very important factor in
climate modelling, especially due to the ice-albedo
feedback. The parameterization of the surface as
well as the planetary albedo in terms of the mean
temperature field and zenith angle has been dis-
cussed in several recent papers. Following mainly
the results of Thompson (1979), the parameteriz-
ation used in the present model is given by

0.16, > 283K,
a, =
" lo.16 + 0.015(283 —T,), T, <283K;
L L
(3.18)

0.07 +4-107¢(Z —45°),

@y ={0.07+4.10°6 (Z—45°) + 0.06(273 — T\,),
0.67 +4-107° (Z — 45°),
T, >213K,
263K < Ty < 273K, (3.19)
T, <263 K,

with the albedo values restricted to be less than
0.75, except in the Antarctic area, where a fixed
value of 0.85 is used in order to account for the
permanent high-level ice sheet.

3.2. Long-wave radiation

The computation of the heating due to long-
wave radiation follows the method developed by
Sasamori (1968), modified in order to include radi-
ation by clouds. In the case of no clouds the
downward flux is given by

4 ’
F“(P)=05T36(p,0)+0.,f ip', p) (p)dp,
0
(3.20)
and the upward flux by
F (=0, T4+ o [ (s, '’ (”)dp 3.21)

Ps

where o, is the Stefan-Boltzmann constant and
T, denotes the temperature at the top of the
atmosphere. The emissivities &€ and & correspond to
egs. (11) and (7) respectively, in Sasamori (1968),
but in the present application it is assumed that
they are functions only of absorbing medium
amount between the levels indicated by the indices.
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With overcast skies it is assumed that the cloud
is a perfect black body. Above the cloud the down-
ward flux is given by eq. (3.20), whereas the
upward flux is given by

‘(p )
F(p)=0, TE, + Unf &p',p)
pcT
(3.22)
Below the cloud the downward flux is given by
‘(p )
FC‘(p)zasTgB+oBf Ep'\p) dp',
pcB
(3.23)

and the upward flux by eq. (3.21).

In order to calculate the long-wave cooling rates,
the net upward fluxes F' — F* in the 200, 600 and
1000 mb levels have to be determined. The net
upward flux at 1000 mb is given by

F(ps) =0, T, — (1 — CL){OB T4 e(ps, 0)
} CL[UB
de ’

(p )dp,}.

dp'

Assuming a linear variation of the flux within the
cloud, the net flux at the 600 mb level becomes

‘(p )

+ %f &p'\p)
0

3.29)

* onf &p', py

Pcp

F(py)=(—CL)YF(py)

+dCL{FC(per) + FE(pep)hs (3.25)

where
Fo(pm) =0y Tdc, — Oy T; 8(1’)\49 0)

s dT*(p")
— 0Oy f &p',pw ; dp’,
0 dp

a;T‘ &(Pcr,0)

pct dT(p")
— 0y f &p's Per) ———dp ,
[

FC(per) =03 Ter —

Tg— 05 Teq

dT(p’)

FC(pcg) = 0y

ps _
— 0Oy f E(p's pcp) dp'.

pcp

At the 200 mb level the net flux is given by
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F(pp=( ~CL)oB{Tg

dT*(p")
dp’
peT dT4(p")
_asj &p'spp ; dp'}.
0 dp
The emissivities used so far have been the total
emissivities. They may be expressed in terms of the

emissivities of water vapour and carbon dioxide,
which are the only gases considered here, as

'PS
- f E(P’a p'r) dp'} +CL Og {T4CT
0

(3.26)

&(p',p)=¢,(p',p) + L(p', p) &,(P', D), (3.27)
where the index 1 stands for water vapour and
index 2 for carbon dioxide. L is the transmit-
tance function for water vapour near 15 ym where
overlapping between absorption bands for water
vapour and carbon dioxide occurs. Similarly
L}
o', p)=8(p\p)+ L, D) &P, P). (3.28)
Carbon dioxide is assumed to have a constant
mixing ratio equal to 300 ppm by volume. The
effective path length in centimeters between two
levels is obtained (¢f. Katayama 1972) as

U,(p',p)=118

| 2 __ 2|
A, (3.29)

ps

The absorber amount for water vapour U, is scaled
with pressure in the same way as for short-wave
raciation. This means that the effective path length
is only a function of the mean surface temper-
ature T. For a given value of this temperature, the
fluxes are only dependent on the vertical tempera-
ture profile 7'(p). For the long-wave calculations it
is assumed that the temperature above the 100 mb
level is a prescribed constant equal to T,. In order
to simplify the calculations of the integrals
appearing in the flux expressions, the reasonable
approximation that 7 varies linearly with p is used.
The layers with constant slope of this temperature
function are from 1000 mb to 800 mb, from 800
mb to 400 mb and further to 200 mb, and finally
from 200 to 100 mb. The integrals may then be
expressed as integrated emissivity functions multi-
plied by differences of temperature to the 4th power.
For example the first integral in the equation for the
1000 mb flux becomes

E. ELIASEN AND L. LAURSEN

ps dT*(p')
j Ep'sp9—,
0 dp
15, 8p', ps)dp’ + YT — T)
+ (T4 —T9) 15 8(p's ps) dp'.
The integrals of the emissivity function can be
calculated numerically by dividing the atmosphere
into a sufficient number of layers for evaluation of
the integrals by the trapezoidal rule. This procedure
is, however, a very time-consuming enterprise, if it
has to be carried out for every time-step. The
assumptions made for the temperature and

humidity profiles make it possible to obtain a form
in which the fluxes may be expressed as

Fr=0{Ky(To+ Kpy T{ + Koy TS + Koy
Ty + (1 =-NTHY,
Fy=03iKygTg+ Ky Tt + Kyy; TS + Ky,
Ty + (A -NHTHY,
Fo=0u{Kgg T+ K, T} + K3 T3 + K, T,
(3.31)

where the Ks are functions only of the mean
surface temperature. The long-wave flux calcu-
lations are therefore performed by setting up one
table for each flux containing values of the Ks
for every 5th degree of the mean surface tempera-
ture, and then by interpolating in these tables.
The number of layers used to evaluate the integrals
of the emissivity functions is taken to be 80
between the top and bottom of the atmosphere.
The empirical formulae for L, &,, ¢, and &, are all
obtained from Sasamori (1968), whereas, in order
to have a temperature-independent expression, the
function ¢, was derived from eq. {(1I. 36) in
Katayama (1972). In the numerical integrations
presented in the following section, the cloud cover
is fixed by the values CL=0.5, p., =650 mb
and p.; = 550 mb. Examples of the K-coefficients
obtained with this cloud cover are given in Table 1.

dp' = (@T} —4T5) - TY)

P3 ~

»r £(P', Dg)dp’
(3.30)

4. Model results

4.1. Simulation of the observed climate

The model described in the foregoing is inte-
grated numerically in time by using a spectral
representation of the meridional variation:

T(¢9 t) = ,\_. Tn(t) P"(/l),
0

n=
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Table 1. Values of coefficients used in the long-
wave calculations according to the expressions
33n

T, 220 240 260 280 300

Kro —0079 -0.079 —0.083 —0.108 —0.137
K, 0392 0437 0510 0571 0617
K, 0.180 0196 0181 0.153 0.II5
K., 0351 0290 0224 0.167 0.125
Kyo —0.053 —0.075 —0.091 -0.103 —0.105
Ky, 0010 0010 —0.004 —0014 —0.023
Ky, 0039 0082 0116 0135 0.136
Ky 0.545 0453 0355 0267 0.199
Ky, —0052 —0.064 —0.069 —0.061 —0.047
K, —0.142 —0.117 —0.091 —0.067 —0.048
K —0.295 —0275 —0.246 —0.208 —0.169
K 0.772  0.661 0537 0421 0326

@
Z

where P,(u) are the Legendre polynomials. The
actual truncation is given by N =24 and the
transform method (Eliasen ef al., 1970) is used with
the number of transform latitude circles equal to
38. The time integration is carried out using the
leap-frog scheme with a time-step of 1 day, com-
bined with the time filter suggested by Robert
(1966). All integrations are commenced from the
initial state with the temperature values T, =
T, =288 K, ;=275 K and T, =241 K taken
from the Standard Atmosphere, and independent
of latitude. For T,, the constant value 205 K is
used. From the initial state, the integration in time
converges towards a steady state, steady in the
sense that the annual cycle is repeated exactly from
one year to the next. In order to reach this steady
state, the integration must be carried out for a
period of about 50 years.
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stated in the foregoing sections, the steady-state
solution simulates the observed annual and meri-
dional variations of the zonally averaged temper-
ature quite well. Fig. 1a shows the annual average
surface temperature with the solid curve represent-
ing the model values and the dashed curve repre-
senting observed values given by Warren and
Schneider (1979). Similarly the monthly average
surface temperature fields for January and July
are shown in Figs. 1b and c, respectively. Dis-
crepancies between the model results and the
observed data are mainly present in the polar areas,
but also the July temperature over the whole
northern hemisphere is a few degrees too low,
which mainly reflects a failure of about 15 days in
the lag between the solar insolation and the
temperature. The difference between the land
surface temperature and the ocean surface
temperature has a large—a somewhat too large—
annual variation at high latitudes, which is
illustrated by the values for January and July
listed in Table 2. This table also includes the
model values of the difference, AT, between the
maximum and minimum value of Tg, and for
comparison the corresponding observed values.
The atmospheric temperature fields at the 800 and
400 mb levels simulated by the model for January
and July are shown in Figs. 2a and b, respectively,
together with observed zonal mean temperatures
taken from Schlesinger and Gates (1979). It is seen
that the model reproduces the observed tempera-
tures for January with reasonable accuracy,
whereas for July the model temperature at the 800
mb level is somewhat too low to the north of
20° N and at the 400 mb level too high to the south
of 20°S.

Using for the different parameters the values The radiation quantities are also reproduced
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Fig. 1. (a) Simulated annual mean surface temperature (solid curve). Observed data (dashed curve) from Warren
and Schneider (1979). (b) Same as (a) but for January. (c) Same as (a) but for July.
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Table 2. Simulated values of T; — T\, for January
and July together with simulated and observed
values of seasonal amplitudes of T

January  July Model Observed
T.—Tw T,—Te AT, AT,
90°N — — 33.5 37.0
75 —-21.2 6.7 22.5 27.6
60 -320 11.0 32.2 28.7
45 —-13.5 1.7 14.6 21.1
30 —6.6 4.7 7.1 12,7
15 -2.8 2.0 2.8 3.7
0 0.1 -0.5 0.5 1.3
15 2.5 -3.1 31 33
30 4.3 -5.2 4.8 7.1
45 5.4 -9.5 5.3 4.9
60 6.7 -23.0 7.5 6.9
75 — — 343 26.0
90°S — — 45.7 30.3

quite well by the model. Table 3 shows the values
used for the fraction f of the latitude circle covered
by ocean together with the obtained values of the
surface and the planetary albedo for January and
July. The meridional and seasonal variation of the
surface and the planetary albedo are in good
agreement with observed values as reproduced for
instance in the paper by Robock (1979).

Fig. 3a shows the values obtained for the heat
balance in the surface layer of the earth. The
dashed curve represents the annual mean value
of the net downward radiation flux at the surface,
and the solid curve similarly represents the net
transport of heat from the earth to the atmos-
phere. The values are largely in agreement with the
generally accepted values as given by Sellers
(1965). Between 35°S and 35°N there is a net
heating effect of the earth, whereas there is a

E. ELIASEN AND L. LAURSEN

Table 3. Values of f and simulated surface and
planetary albedos in %

January July
S &% & % %

90°N 93 75 75 42 50
75 71 75 73 35 47
60 39 59 65 14 32
45 48 28 45 12 29
30 61 13 34 11 27
15 74 10 29 09 26

0 77 09 26 09 26
15 78 09 25 10 29
30 83 09 26 12 33
45 97 08 27 18 40
60 94 13 33 44 57
15 00 85 78 8s 83
90°8S 00 85 75 8s 83

cooling effect poleward from these latitude circles.
The necessary total heat balance at each latitude
is produced by horizontal heat transport in the
oceans. The seasonal variation of the radiation flux
and the small-scale vertical heat transport is
illustrated in Figs. 3b and ¢ showing the same two
curves as Fig. 3a but for January and July,
respectively. The curves for the radiation flux
compare quite well with the curves for the corres-
ponding observed radiation flux shown in the paper
by Schlesinger and Gates (1979).

The radiation budget for the whole atmosphere—
earth system is illustrated in Fig. 4, showing the
net downward flux at the top of the model. The
solid curve represents the annual mean values,
whereas the dashed curve represents the values for
January and the dotted curve the values for
July. Again the curves for January and July agree
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Fig. 2. (a) Simulated temperature fields 7',(¢) and T,(¢) for fanuary (solid curve) and corresponding observed
values (indicated by circles) from Schlesinger and Gates (1979). (b) Same as (a) but for July.
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Fig. 3. (a) The annual mean net downward radiation flux at the surface (dashed curve) and the annual mean heat
transport from the surface to the atmosphere (solid curve). (b) Same as (a) but for January. (c) Same as (a) but for

July.

quite well with the corresponding observed values
shown by Schlesinger and Gates (1979). Consider-
ing the annual mean values, the total balance
required at each latitude is accomplished by
horizontal heat transport in the atmosphere and
oceans. According to the values obtained from
the model, the heat transport carried out by the
oceans is about one third of the total transport.
The effect of the large-scale atmospheric heat
transport in the model is shown in Fig. 5, giving
the resulting heating rates in K per day as a
function of latitude for January by the solid curve
and for July by the dashed curve.

4.2. Sensitivity experiments

Several numerical integrations have been carried
out in order to test the model’s sensitivity to
parameter and parameterization changes. A few
results are listed in Table 4 giving the changes
of the annual mean surface temperature con-
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Fig. 4. Net radiation at the top of the model. Annual
mean (solid curve), January (dashed curve) and July
(dotted curve).
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nected with a change of an external parameter of
the model.

As seen from Table 4, an increase of the
incoming solar radiation by 2% (AS/S =0.02)
increases the global mean surface temperature
{T,] by 2.47 K, whereas a decrease of S by 2%
decreases [T] by 3.28 K. Similar values are
obtained from a detailed general circulation model
by Wetherald and Manabe (1975). The changes
are somewhat smaller in the equatorial area than in
the polar regions, where the ice-albedo feedback is
effective. Due to the ice-albedo feedback, the
temperature changes are essentially larger in the
summer than in the winter with no sunshine. The
maximum temperature decrease in the case of the
lower value of the incoming solar radiation is
found to be 15.4 K near the North Pole in
August compared with an almost constant
decrease of 2.63 K at the equator. The atmos-
pheric temperatures are changed rather similarly

HEATING RATE(K day™

(T34

0 0 3
LATITUDE N

Fig. 5. Total atmospheric heating rates due to large-scale
heat transport for January (solid curve) and July (dashed
curve).
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Table 4. Changes of annual mean surface temperature resulting

Jfrom variations of model parameters

AS AS Co, Change of
S 0.02 5 —0.02 doubling orbit parameters
90°N 3.98 —5.66 4.72 —3.27
75 3.55 —4.98 4.22 —-1.71
60 3.05 —4.26 3.55 —0.80
45 2.57 —3.40 2.74 —0.32
30 2.32 —2.91 231 —0.08
15 2.21 -2.68 2.09 0.11
0 2.17 —2.63 2.01 0.19
15 2.21 —2.75 2.08 0.13
30 243 -3.06 2.32 —0.03
45 2.58 —-3.70 2.71 —0.28
60 3.15 -5.01 3.51 —0.62
75 2.03 —-2.49 2.17 —0.61
90°S 2.35 -3.07 3.14 —1.03
AlT] 2.47 -3.28 2.55 —0.21
AlT;) 2.65 —3.41 2.81 —-0.20
AlT,] 2.38 —2.96 2.51 —0.07

to the surface temperature, but with a somewhat
smaller variation of the changes with latitude. The
changes in 7, are somewhat smaller than the
changesin T, and 7.

The increase of the annual mean surface temper-
ature resulting from a doubling of the CO, amount
in the model is listed in the third column of Table
4. 1t is seen that the values are quite close to the
values obtained by a 2% increase in the incoming
solar radiation. The largest sensitivity is again
found in the polar region in late summer. Generally
it may be concluded that the sensitivity of the
model to changes in the CO, content is very
well within the limits given by the various resuits
obtained from other simple as well as from much
more complex models (¢f. Schneider, 1975;
Manabe and Stouffer, 1979).

The sensitivity of the model to variations in the
Earth’s orbit, which may be a possible pacemaker
of the ice ages (Hays et al. 1976) has also been
tested. The incident solar flux in the model is
computed directly from the three orbit parameters:
the eccentricity, the obliquity and the longitude of
the perihelion. Steady-state solutions for the model
have been obtained for a number of different
combinations of possible values of the orbital
parameters, and it is found that the most significant
decrease of the temperature due to changes of the
seasonal insolation occurs for the minimum value
of the obliquity, namely 22°, whereas the com-

bined variations within the possible limits of the
eccentricity and the longitude of the perihelion
seem to be of small importance. The last column
in Table 4 shows the changes of the annual mean
temperature from the present conditions, in the
case of zero eccentricity and obliquity 22°. It is
seen that the temperature decreases considerably
in the polar regions, especially in.the Northern
Hemisphere. Considering the seasonal variation of
the temperature change, it is found that the
temperature decrease is most pronounced during
the summer with a maximum value of 12.3 K at the
North Pole in August, whereas the temperature in
winter is almost unchanged. This result certainly
indicates a severe cooling, but the cooling is not
extended far enough from the pole to represent a
real transition to an ice age.

5. Conclusions

The model presented in this paper is able to
give a fair simulation of the observed seasonal and
meridional temperature variations at the surface as
well as at two tropospheric levels. From this
starting-point, it seems worthwhile to improve and
extend the model in several directions.

Obviously the effects of water vapour and clouds
have been treated very crudely, which might well
be the main reason for the deviations from the
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observed temperature in the tropical and sub-
tropical areas. In any case, an explicit description
of the water vapour content and the variations
of clouds would be a desirable feature of the model.
Related to this it should also be possible to use a
more sophisticated formulation of the small-scale
vertical transport of sensible and latent heat.

A clear limitation of the model is the neglect of
a direct description of the temperature changes in
the atmosphere above the 200 mb level, and
certainly it would be of interest to try to explicitly
incorporate in the model the effect of the physical
processes in the upper atmosphere.

The most serious shortcomings in the present

525

version of the model are presumably connected
with the ocean modelling. The occurrence of sea-
ice is taken into account only by its influence on the
surface albedo. The heat used or released by the
change of the amount of sea-ice is not described in
the model and this factor is likely to strongly influ-
ence the annual temperature cycle in the polar areas.

From the numerical experiments it is found that
the response time for the model is about 50 years.
An extension of the model to also include the
deep-sea is expected to considerably increase the
response time and should make it possible to use
the model for studies of the long-term externally
or internally caused climate fluctuations.
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