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ABSTRACT
On the basis of a zonally averaged two-hemisphere ocean model, this study investigates how the asymmetric thermohaline
circulation depends on the equator-to-pole as well as the pole-to-pole density difference. Numerical experiments are
conducted with prescribed surface density distributions as well as with mixed boundary conditions. Further, two different
representations of the small-scale vertical mixing are considered, viz. constant and stability-dependent vertical diffusivity.
The two mixing representations yield the opposite overturning responses when the equator-to-pole density difference
is changed, keeping the shape of the surface density field invariant. However, the overturning responses of the two
representations are qualitatively similar when the degree of asymmetry of the surface density field is changed, keeping
the density difference invariant. This applies essentially when the freshwater forcing is increased for fixed thermal
boundary conditions. For a fixed freshwater forcing, on the other hand, an increase of the equator-to-pole temperature
difference yields a weaker asymmetric circulation when the stability-dependent diffusivity is employed, whereas the
reverse holds true for the constant diffusivity representation. Further, the numerical experiments show that the hysteresis
characteristics of the asymmetric thermohaline circulation may be sensitive the nature of the small-scale vertical mixing.

1. Introduction

The small-scale vertical mixing, energetically sustained by
winds and tides, is one of the key factors controlling the merid-
ional overturning strength in the World Ocean (Wunsch and
Ferrari, 2004). However, to quantify the importance of the ver-
tical mixing for the driving of the meridional overturning has
proved to be a challenging issue, which is still far from fully
resolved. One school of thought (e.g. Munk and Wunsch, 1998)
argues that the vertical mixing is crucial for the overturning as
well as for its attendant heat transport; a contrary view (e.g.
Toggweiler and Samuels, 1995) is that the overturning primarily
is forced by wind-induced upwelling in the Southern Ocean.

This study focuses on how the nature of the vertical mixing
may impact on the overturning dynamics, in particular the equi-
librium response of the overturning to changes in the surface
boundary conditions. In order to study this issue in its purest
and most simple form, all direct effects of wind-forced circula-
tion are deliberately excluded from the present investigation.
Thus, the primary aim here is to examine a process of geo-
physical relevance using a highly idealized representation of the
ocean.
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It is well established that, in the absence of wind forcing, the
vertical diffusivity is a key factor controlling the meridional over-
turning strength in a single-hemisphere basin. Straightforward
scaling arguments suggest that the overturning strength increases
with the vertical diffusivity as well as with the equator-to-pole
density difference, a relationship which has proved to be conso-
nant with the outcome of many numerical studies (cf. Park and
Bryan, 2000). Huang (1999) pointed out that if the energy supply
to vertical mixing is taken to be fixed, the vertical diffusivity be-
comes inversely proportional to the vertical density difference.
Under this assumption, the stronger density stratification associ-
ated with an enhanced equator-to-pole density difference serves
to suppress the vertical diffusivity. A remarkable consequence of
this coupling between the diffusivity and the stratification is that
the overturning strength will decrease, rather than increase, with
increasing equator-to-pole density difference. These somewhat
counterintuitive results have recently been investigated using
ocean circulation models of varying complexity (Huang, 1999;
Nilsson et al., 2003; Otterå et al., 2003; Mohammad and Nilsson,
2004).

While the dynamical implications of stability-dependent dif-
fusivity have been examined for a single-hemispheric basin,
it is by no means straightforward to extrapolate these results
to the overturning in the real ocean. A main difficulty is that
the overturning in the World Ocean is asymmetric with re-
spect to the equator, a feature that cannot be modelled using a
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single-hemisphere basin. In addition, wind-forced upwelling in
the Southern Ocean is likely to exert control on the overturn-
ing strength (Toggweiler and Samuels, 1995; Rahmstorf and
England, 1997; Klinger et al., 2003).

Before proceeding, it should again be underlined that the sym-
metric modes of the thermohaline circulation can be described
using classical thermocline scaling (Welander, 1986). In this
analysis the key quantities are the small-scale vertical mixing
κ , the equator-to-pole surface density difference �ρ, and the
upwelling area A. The analysis yields that the thermocline depth
should scale as

H ∼ A1/3κ1/3�ρ−1/3, (1)

and the strength of the circulation as

ψ ∼ A2/3κ2/3�ρ1/3. (2)

It should be noted that there currently exists no universal physical
description of the vertical mixing in the ocean which predicts
how κ depends on �ρ (cf. Toole and McDougall, 2001). When
specifying κ it is of interest to compare the dynamical effects
of two different assumptions of the physical nature of the small-
scale vertical mixing: (i) constant diffusivity, as frequently used
in ocean-circulation models, and (ii) a parameterization based on
the more conservative hypothesis that the rate of energy available
for the mixing is constant, viz. a stability-dependent diffusivity.

In the constant-diffusivity case the scaling implies that the
relation between the strength of the circulation and the equator-
to-pole density difference is ψ ∼ �ρ1/3. If the mixing energy
is taken to be constant, on the other hand, the diffusivity will
depend on the vertical density difference according to κ ∼ �ρ−1

(e.g. Huang, 1999; Nilsson and Walin, 2001). This yields the
following scaling:

H ∼ A1/3�ρ−2/3, (3)

ψ ∼ A2/3�ρ−1/3. (4)

The response of the circulation thus differs fundamentally for
the two parameterizations of the mixing. When the equator-to-
pole density difference is taken to increase, the circulation is
strengthened in the constant-diffusivity case, whereas it weakens
for stability-dependent diffusivity. A stronger freshwater forcing,
which creates a salinity field that reduces the density difference
due to temperature, will consequently be associated a stronger
overturning if the mixing is stability dependent; for a constant
diffusivity the opposite holds true, that is, a stronger freshwater
forcing will be associated with a weaker overturning (Nilsson
and Walin, 2001). These somewhat counterintuitive overturn-
ing dynamics have been simulated in a zonally averaged one-
hemisphere model by Mohammad and Nilsson (2004).

How does stability-dependent vertical diffusivity affect the
dynamics of equatorially asymmetric regimes of overturning?
To approach this question it is illuminating to briefly review pre-
vious results concerning asymmetric flow dynamics in models
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Fig. 1. The structure of the temperature, salinity, density and
streamfunction fields for an asymmetric steady-state solution forced by
equatorially symmetric mixed boundary conditions, where R = 0.38
and constant diffusivity is applied (see Section 4 for details). The
isolines are for an arbitrary unit and are the same for the temperature
and density fields. The streamfunction of the dominating cell and the
subordinate cell is represented with solid lines and dotted lines,
respectively. The x-axis is in the meridional direction and the y-axis in
the vertical. E is the equator, SP and NP the south and north pole,
respectively, T the top and B the bottom.

with constant vertical diffusivity. For the two-hemisphere case,
there exists a large number of relevant studies dealing with ideal-
ized thermohaline circulation (e.g. Marotzke et al., 1988; Thual
and McWilliams, 1992; Vellinga, 1996; Klinger and Marotzke,
1999). Most of these studies have focused on equatorially sym-
metric mixed boundary conditions, that is, the sea surface tem-
perature is prescribed and the salinity is forced by a surface
freshwater flux. For these boundary conditions, the flow dynam-
ics can be summarized as follows. In the presence of no or weak
freshwater forcing, the flow is thermally dominated and symmet-
ric with respect to the equator; the downwelling is concentrated
towards the poles whereas the upwelling is broadly distributed
in the low latitudes. When the freshwater forcing exceeds a criti-
cal value, the flow undergoes a subcritical1 pitchfork bifurcation
(Thual and McWilliams, 1992): the symmetric mode becomes
unstable and is succeeded by a new asymmetric equilibrium so-
lution. Figure 1 exemplifies this asymmetric state, which is char-
acterized by having stronger sinking in one of the hemispheres
(commonly referred to as the dominant hemisphere); in the other
(subordinate) hemisphere the sinking is weak or even replaced
with upwelling when the freshwater forcing is intense. It should

1Dijkstra and Molemaker (1997) have in fact shown that depending on the
shape of the freshwater forcing, the bifurcation may either be subcritical
or supercritical.
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be noted that it is primarily the salinity field that becomes asym-
metric, whereas the temperature field remains roughly symmetric
(cf. Fig. 1).

The dynamics of the asymmetric flow have been studied in
some detail by Klinger and Marotzke (1999), who reported re-
sults from a three-dimensional model that employed a constant
vertical diffusivity. Based on theoretical considerations and sim-
ulations with prescribed surface density, they found that when the
degree of asymmetry is fixed the relation between the strength
of the overturning and the equator-to-pole density difference
in the dominant hemisphere essentially follows the classical
one-hemisphere scaling. In this case, the shape of the surface
density field is kept invariant. However, they pointed out that
the classical scaling is inadequate for describing how the cross-
equatorial flow depends on the pole-to-pole density difference
when the degree of asymmetry is allowed to change. Further,
Klinger and Marotzke (1999) considered the dynamics under
mixed boundary conditions. They concluded that, in the domi-
nant hemisphere, the surface equator-to-pole density difference
is essentially set by the temperature difference and thus fairly
insensitive to the freshwater forcing. In the subordinate hemi-
sphere, on the other hand, the salinity field and thereby the fresh-
water forcing have a strong influence on the density distribution.
Thus, the strength of the main overturning cell is controlled pri-
marily by the equator-to-pole density difference in the dominant
hemisphere, whereas the degree of equatorial asymmetry of the
flow is set by the pole-to-pole density difference.

The scope of the present study is extend the previous one-
hemisphere analysis due to Mohammad and Nilsson (2004) in
order to examine how a stability-dependent vertical diffusiv-
ity affects the dynamics of equatorially asymmetric regimes of
overturning. In particular, two questions are addressed. The first
concerns the relation between the surface density distribution
and the asymmetric flow, that is, how the flow depends on the
equator-to-pole density difference in the dominant hemisphere as
well as the pole-to-pole density difference. A central issue in this
context is to what extent the classical one-hemisphere scaling,
which predicts a sensitivity to the nature of the vertical mixing,
is applicable to the dynamics of the asymmetric flow. The sec-
ond question is whether a stability-dependent mixing alters the
stability and bifurcation properties of the flows that are attained
under mixed boundary. Thus, the overarching aim is to deter-
mine whether the nature of the vertical mixing may change the
dynamics of equatorially asymmetric flows qualitatively.

These questions will be investigated using the simplest pos-
sible geometry: a two-hemisphere basin. A zonally averaged
model similar to the ones previously employed in various cli-
mate studies (Wright and Stocker, 1991; Stocker et al., 1992;
Wang and Mysak, 2000) will be employed in the numerical ex-
periments. The presentation is organized as follows. The numer-
ical model is described in Section 2. The outcome of two sets
of numerical experiments, the first employing thermal forcing
only, and the other with mixed boundary conditions, is reported

in Sections 3 and 4, respectively. In Section 5, the main results
are summarizedand discussed.

2. The model

The zonally averaged model employed for the present investiga-
tion is basically the one previously applied by Mohammad and
Nilsson (2004). The main difference is that a two-hemisphere
basin now will be used. Essentially, the derivation of the zonally
averaged model equations follows Marotzke et al. (1988). The
model describes a hydrostatic Boussinesq fluid, confined within
a basin of constant depth D, zonal width B, and meridional length
2 L. The closure of the horizontal momentum equation is accom-
plished by assuming a proportionality between the east-west and
north-south pressure gradients, which yields a linear relation be-
tween the meridional flow and pressure gradient (see e.g. Wright
and Stocker, 1991; Wright et al., 1998).

The following equations govern the system:

γ v = − 1

ρ0

∂ p
∂ y

, (5)

∂ p
∂z

= −ρg, (6)

ρ(T , S) = ρ0(1 − αT + βS), (7)
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Here v and w are the zonally averaged meridional and vertical
velocities, respectively, γ is a closure parameter relating flow
speed and pressure gradient, ρ 0 is the reference density, p is the
zonally averaged pressure, y is the meridional coordinate, z is
the vertical coordinate, g is the gravity, T and S is the zonally
averaged temperature and salinity, respectively, α and β are ex-
pansion coefficients for heat and salt, respectively, and κ is the
vertical diffusivity.

No transports take place through the solid northern, southern
and bottom boundaries. At the surface the salinity is dynamically
controlled by a prescribed salinity flux F, given by

F(y) = −F0 cos
(

y
π

L

)
= −κ

∂S
∂z

,

where F0 is the magnitude of the maximum salinity flux. The
physical interpretation is that maximal net evaporation and pre-
cipitation takes place at the equator and the poles, respectively.

The sea-surface temperature is restored towards the following
temperature distribution:

Ttop(y) =

⎧⎪⎨⎪⎩
πT
2

{
2μ + (1 − μ) ×[

1 + cos
(
y π

L

)]}
for y ≤ 0,

πT
2

[
1 + cos

(
y π

L

)]
for y > 0,
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where �T is the equator-to-pole temperature difference.2 The
degree of sea-surface temperature asymmetry is represented by
a parameter μ, defined as the ratio between the pole-to-pole and
the equator-to-pole temperature differences. Note that the sea-
surface temperature is restored with a 1 d timescale, implying
that the sea-surface temperature is essentially prescribed.

The diffusivity κ is parameterized in two principal ways: as
constant (say κ 0) and in such a way that the rate of energy
available for mixing (say E) is constant, implying a stability-
dependent diffusivity. Here E , which equals the rate of increase
in potential energy per unit area, is given by (see e.g. Munk and
Wunsch, 1998)

E(y) = ρ0

∫
κ N 2 dz,

where N is the buoyancy frequency. In a stably stratified fluid, a
non-zero κ thus leads to the creation of potential energy. Obser-
vations as well as theoretical considerations suggest that whereas
κ is relatively uniform in the thermocline, it tends to increase to-
wards the bottom, particularly in regions with rough bathymetry
(e.g. Toole and McDougall, 2001; Simmons et al., 2004). For the
sake of simplicity, we propose two simple vertical distributions
of the diffusivity:

Case I: κ is here taken to be vertically uniform over the entire
depth, which implies that

E(y) = gκ�ρ(y),

where �ρ(y) is the vertical density difference between the bot-
tom and the surface. When the diffusivity is stability-dependent
E(y) is taken to be a constant specified by E0. This has the con-
sequence that diffusivity varies horizontally according to

κ(y) = E0

g�ρ(y)
. (10)

Here we choose E0 so that the global production of potential
energy, that is,

∫ L
−L E(y) dy, is the same for both diffusivity rep-

resentations in a reference state defined below.
Case II: following Gargett (1984) κ is specified as

κ = a(y)N (y, z)−1. (11)

This representation implies that κ tends to increase with depth,
reflecting the weaker stratification in the deep ocean. Also in this
case, E(y) is set equal to the constant E0, implying that

a(y) = E0(ρ0

∫
N dz)−1.

Although that these two stability-dependent mixing represen-
tations have different spatial distributions κ , they both preserve
the global production of potential energy. Thus, the cases I and
II are both anticipated to yield one-hemisphere flows that obey
the scaling laws (3) and (4).

2The term equator-to-pole difference is here used to denote the difference
between equator and the pole harbouring the coldest (or most dense)
surface water.

Note further that for the stability-dependent representations of
the mixing, the vertical diffusivity increases with a decreasing
stability of the water column. In order to preclude excessive
κ-values in areas of weak density stratification, an upper limit
is set at 10 κ 0. This is to ensure numerical stability. It should
be pointed out that observations show that the rate of vertical
diffusivity in the ocean varies in space over several orders of
magnitude (cf. Toole and McDougall, 2001; Naveira Garabato
et al., 2004). In the present simulations, the upper limit on κ tends
to be reached in the high latitudes, where the vertical mixing is
primarily due to convection. Thus, the limitation on κ is not
generally expected to influence our qualitative results. (For the
mixing specified by case II, however, the imposed limit may
possible distort the dynamics in deep and weakly stratified part
of the model.)

We introduce a reference state for which the freshwater forcing
is taken to be zero (i.e. F 0 = 0) and the flow- and temperature-
fields are symmetric (i.e. μ = 0), see Fig. 2. The reference state is
characterized by the following parameters: �T r = 25◦ C, κ 0 =
10−4 m2 s−1, D = 3000 m, B = 6000 km, L = 6000 km, α =
2 × 10−4◦ C−1, β = 8 × 10−4, γ = 1.8 × 10−3 s−1. The thermally
induced equator-to-pole density difference, �ρ r, is 5 kg m−3.
Note that γ should be regarded as a tuning parameter, here ad-
justed so that the model yields ocean-like results for the parame-
ter values introduced above. Note furthermore that the reference
state will be employed to present the numerical results in non-
dimensional form.

In the simulations conducted with mixed boundary condi-
tions, the strength of the freshwater forcing is governed by a
non-dimensional parameter R. This quantity is defined as the
ratio between the haline buoyancy flux due to the freshwa-
ter forcing, and the thermal buoyancy flux associated with the
meridional heat transport (say Qr ) in the reference state with
zero freshwater forcing. The haline buoyancy flux is βF 0BL/π ,
implying that

R = βF0 BLcpρ0

αQrπ
, (12)
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Fig. 2. Reference-state streamfunction for constant diffusivity
(left-hand panel) and for the stability-dependent representations case I
(middle panel) and case II (right-hand panel). Solid/dashed lines
indicate positive/negative values. Note that although the diffusivity
differs between the models, they are tuned to have the same rate of
potential energy generation in this reference state where μ = 0 and
�T = 25 ◦C. The overturning strength is given in Sv.
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where c p is the heat capacity of sea water. Note that for constant
diffusivity Qr = 0.16 PW and that for the stability-dependent
representations Qr = 0.11 PW and Qr = 0.09 PW for case I
and case II, respectively. Although the global rate of potential
energy generation is the same for the three reference states, the
strengths of the heat transport as well as the overturning differs.
Thus, the spatial distribution of the diffusivity influences both
the amplitude and the structure of the dynamical fields. As seen
in Fig. 2, the stability-dependent mixing representations tend to
yield a weaker overturning in the low latitudes. This reflects the
fact that κ decreases towards the equator in these simulations.
For the mixing case II, a general increase of the diffusivity with
depth serves to elevate the overturning in the deep ocean; see
Cummins et al. (1990) and Nilsson et al. (2003) for a further
discussion of how the diffusivity representation where κ ∝ N−1

affects the structure of the overturning.

3. Prescribed surface density

We will now study a thermally forced system without haline ef-
fects, that is, ρ = ρ(T ). The majority of the results here are non-
dimensionalized with respect to the reference state, implying
that the reference equator-to-pole temperature difference corre-
sponds to �T = 1.

3.1. Fixed degree of asymmetry

In the numerical experiments reported in this section, the
ratio between the pole-to-pole and the equator-to-pole tem-
perature differences was held constant (μ = 0.5), that is,
the shape of the forcing was retained (cf. Fig. 3). However, the
equator-to-pole temperature difference �T was varied, and the
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Fig. 3. Steady-state temperature (solid lines) and streamfunction
(dashed lines for positive values and dotted for negative) in the basin for
μ = 0.5, �T = 1 and constant diffusivity. Values given in ◦C and Sv.
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Fig. 4. Thermocline depth index near the center of the southern
hemisphere as a function of equator-to-pole temperature difference.
The depth index is normalized with the basin depth D, the temperature
difference with �T r. Numbers are non-dimensional. Circles, squares
and triangles represent results from the numerical model using constant
diffusivity and the stability-dependent representations case I and case
II, respectively, and dotted lines represent the results from the scale
analysis. Axes are logarithmic.

model was integrated to a steady-state solution for each value of
�T .

Following Mohammad and Nilsson (2004), we introduce a
thermocline-depth index that measures the vertical extent of the
stratification. This quantity, to be compared with H in the scale
analysis, is graphed in Fig. 4 versus the equator-to-pole tem-
perature difference. For both representations of diffusivity, it is
seen that the thermocline becomes more shallow with an increas-
ing equator-to-pole temperature difference. The response of the
thermocline-depth index is consonant with the predictions of the
scale analysis, that is, H ∼�T −1/3 and H ∼�T −2/3 for constant
and stability-dependent diffusivity, respectively.

A broad agreement between theory and numerical simulations
is also obtained for the response of the overturning-circulation
strength to changes in �T , cf. Fig. 5. Here the strength of
the overturning is measured by the maximum value of the
streamfunction in a column located centrally in the hemisphere
where the dominating circulation cell has its maximum, viz.
maxz∈[0,D][ψ(y ∼ 3L/4, z)] where z is the vertical coordinate
and D is the basin height. Overall, the numerical results approx-
imately follow the scale relations for a one-hemisphere flow: ψ

∼ �T 1/3 and ψ ∼ �T −1/3 for constant and stability-dependent
diffusivity, respectively. For the mixing specified by case II, how-
ever, the decrease in overturning with �T is weaker than pre-
dicted by the scaling law. This discrepancy may be related to
the imposed upper limit on κ; an issue which is not further ex-
amined here. Note that although Fig. 5 pertains to the maximum
value of the streamfunction over a column in the dominating cell,
analogous results are obtained also for the minor circulation cell.
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Fig. 5. Overturning response versus the equator-to-pole temperature
difference, �T . The overturning as well as the temperature difference
are non-dimensional and normalized with respect to �T = �T r.
Circles, squares and triangles represent results from the numerical
model using constant diffusivity and the stability-dependent
representations case I and case II, respectively, and dotted lines the
scale analysis. Axes are logarithmic.

The correspondence between the two sets of results shows
that the scale analysis for symmetric flows also captures the
asymmetric mode when μ is kept fixed at 0.5. It is expected that
the numerical-model results will follow the scale relations also
for other values of μ. It should be underlined that the results
shown in Figs. 4 and 5 are representative of the response in the
greater part of the basin, the most poleward regions being an
exception.

3.2. Varying degree of asymmetry

These numerical experiments were conducted by starting with
a reference state where the thermal boundary condition is sym-
metric (μ = 0 and �T = 1) and hereafter increasing μ while
holding �T fixed. The structural change between the symmetric
and asymmetric modes can be described as follows: For sym-
metric thermal forcing the coldest water is found at the poles.
When the pole-to-pole temperature difference, μ, is increased,
the coldest surface water is still encountered at the poles in both
hemispheres, whereas the warmest deep water is found at the pole
in the subordinate hemisphere. Hence the horizontal temperature
gradient is reversed below the thermocline. This is illustrated in
Fig. 3 (for μ = 0.5) with the isotherm labelled 5 ◦C deepening
all the way towards the south pole, implying colder deep water
at the equator than at the south pole.

The meridional heat transport, shown in Fig. 6, takes place
from the equator towards the poles in the symmetric case. For
μ = 0.5 the transport southwards is weak. In the completely
asymmetric case the surface heat loss vanishes in the subordinate
hemisphere, and the heat transport is directed northwards in the
entire basin.
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Fig. 6. Meridional (northward) heat transport as a function of the
latitude for constant diffusivity. The solid line represents the symmetric
case when μ = 0, the dashed line when μ = 0.5 and the dash-dotted
line the fully asymmetric case when μ = 1. The heat transport is
normalized with the maximum heat transport in the symmetric case.
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Fig. 7. Meridional (northward) heat transport as a function of the
degree of asymmetry for constant (circles) and stability-dependent
representations case I (squares) and case II (triangles). The solid and
dashed lines show the maximum heat transport in the northern and
southern hemisphere, respectively, and the dash–dotted line the heat
transport at the equator. The heat transport is normalized with the
maximum heat transport in the symmetric case.

Figure 7 shows the meridional heat transport versus the degree
of asymmetry. The maximum poleward heat transport in the sub-
ordinate hemisphere is seen to decrease quite rapidly as μ grows,
and becomes insignificant as μ approaches 0.5. Qualitatively, the
present heat-transport responses are similar to that obtained by
Klinger and Marotzke (1999), using a three-dimensional model
with constant vertical diffusivity.

It should be emphasized that the responses for constant
and stability-dependent diffusivities are qualitatively similar to
changes in the degree of surface-density asymmetry. A main
reason is that changes in the pole-to-pole density difference pri-
marily cause a spatial reorganization of the circulation cells.
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This explains why the classical scaling, assuming a constant up-
welling area, is insufficient for describing the flow response to
changes in the degree of asymmetry of the surface density field.

It can be noted that the decline in strength of the subordinate
cell is nearly compensated for by a corresponding increase of
the dominating cell. This is visible in Fig. 7, showing that the
net poleward heat transport is of the same order in the sym-
metric and the fully asymmetric cases. Klinger and Marotzke
(1999) pointed out that this feature is broadly consistent with
the classical scaling if one recognizes that the area of the fully
asymmetric cell is roughly twice as large as that of the symmet-
ric one-hemisphere cell; cf. eq. (2). Thus, the flow response to
changes in the pole-to-pole density difference is dominated by
the changes of the upwelling area of the cells. These changes
appear to be qualitatively insensitive to the nature of the vertical
mixing.

3.3. Dynamics of asymmetric circulations

As seen above, the horizontal structure of the circulation is con-
siderably modified when the degree of asymmetry of the ther-
mal forcing is varied. Furthermore, the classical one-hemisphere
scaling fails to capture the flow response. To illuminate the un-
derlying dynamics, we will discuss the difference between the
symmetric and the fully asymmetric case. For the sake of sim-
plicity, we focus initially on a case with constant diffusivity. We
start by the following qualitative considerations: For a steady
state, the thermodynamic equation (9) is given by

v
∂T
∂ y

+ w
∂T
∂z

= κ
∂2T
∂z2

.

The equivalent thermal wind equation (5) is

∂v

∂z
= gα

γ

∂T
∂ y

.

Note that the prerequisite for a meridional circulation is that a
horizontal temperature gradient be present. In its absence, v must
be constant and equal to zero due to mass conservation and hence
there will be no meridional circulation.

If we assume that the stratification is controlled by vertical
advection and diffusion and that the vertical velocity is inde-
pendent of depth, the following solution to the thermodynamic
equation is obtained:

T (y, z) = Ts(y)ewz/κ .

When z → −∞, T → 0 which implies homogeneous bottom
water with no horizontal gradients. Note that consonant with
the advective-diffusive balance, the thermocline depth decreases
with increasing w. Note furthermore that w, in practice, is a part
of the solution and furthermore depends on the depth. However,
to view w as independent of z is adequate for the following
qualitative discussion:

The meridional derivative of the temperature field is

∂T
∂ y

=
(

∂Ts

∂ y
+ Ts

z
κ

∂w

∂ y

)
ewz/κ . (13)

The two terms ∂T s/∂ y and T s(z/κ)(∂w/∂ y), controlling this
temperature gradient, may be of different signs and hence coun-
teract one another. In the subordinate hemisphere, an essential
difference in the relative importance of these terms is found when
comparing the symmetric and the fully asymmetric cases. For
μ = 0 there is a significant and dominating surface-temperature
gradient, implying that ∂w/∂ y is negligible. For μ = 1 the op-
posite holds true, since the surface-temperature gradient is non-
existent and ∂w/∂ y alone must control the horizontal tempera-
ture gradient forcing the circulation.

This qualitative discussion is corroborated by Fig. 8, showing
the meridional distribution of the vertical velocity for simula-
tions with constant diffusivity. It is seen that the vertical velocity
is more-or-less uniform for μ = 0, and that the latitudinal varia-
tions of w are significant for μ = 1. We can also note that even if
there is no surface-temperature difference between the equator
and the south pole when μ = 1, a meridional overturning circu-
lation is maintained by the meridional density difference below
the thermocline (cf. Fig. 3). This feature depends crucially on
the meridional variations of the vertical velocity. It should be
emphasized that the relation (13) provides a rather poor estimate
of the horizontal temperature gradient in the model. Primarily,
this is attributable to the depth variation of the vertical velocity
and the fact that horizontal advection influences the heat balance.
However, the relation (13) tends to correctly predict the sign of
the horizontal temperature gradient.

These general results applies also for the stability-dependent
mixing specified by case I, where the diffusivity is taken to be
independent of the depth but may vary horizontally; cf. eq. (10).
In this case, however, the horizontal variations of κ are of im-
portance. Thus, when calculating the relevant form of eq. (13) it
is now the horizontal variation of w/κ that matters, rather than
the variation of w alone. In fact, for the case I the horizontal
distributions of w/κ closely resemble the corresponding ones of
w shown in Fig. 8 for a constant diffusivity. In the simulations
pertaining to the case II, there is also a tendency that the hori-
zontal variation of w/κ is more pronounced in the subordinate
hemisphere of the fully asymmetric flow. However, to analyze
the detailed dynamics in this case is more complex due to the
vertical variations of κ; cf. eq. (11).

In conclusion, these considerations suggest that the advective-
diffusive balance in combination with the thermal-wind relation
essentially govern the stratification for the symmetric as well as
the asymmetric flow regimes. For symmetric flows, the density
gradient within the thermocline essentially mirrors the surface
density gradient. For asymmetric flows, on the other hand, hor-
izontal variations of the vertical velocity (yielding variations in
the thermocline depth) are crucial for creating the interior density
gradients in the stagnant hemisphere. Thus, it should be possible
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Fig. 8. Vertical velocity as function of latitude at constant depth near
the thermocline for the model with constant vertical diffusivity. The
solid line pertains to the symmetric case (μ = 0), and the dashed line to
the fully asymmetric case (μ = 1). Numbers are given in an arbitrary
unit.

to use the physics incorporated in the one-hemisphere scaling to
derive a relation for how the upwelling area of the asymmetric
overturning cells (i.e. A) depends on the pole-to-pole density dif-
ference. We note that Marotzke and Klinger (2000) have made
some progress on this issue.

4. Mixed boundary conditions

In this section, the dynamics of thermohaline circulation sub-
jected to mixed boundary conditions will be examined. In all
simulations considered here the sea-surface temperature is re-
stored towards the equatorially symmetric temperature profile
specified in Section 2. The strength of the freshwater forcing
is measured by the non-dimensional parameter R, being essen-
tially the ratio between the haline and thermal buoyancy fluxes;
see eq. (12).

Note that no model results calculated for the stability-
dependent mixing case II are presented in this section. Some
of these solutions, despite long numerical integrations, did not
properly converge to a steady state. However, the general results
obtained for the case II proved to be qualitatively similar to those
pertaining to the case I. For the sake of brevity, we will thus focus
on the case I in what follows.

4.1. Varying freshwater forcing

Following Thual and McWilliams (1992) and other previous in-
vestigators, we consider the outcome of a suite of numerical cal-
culations where R is gradually increased from zero while keeping
the thermal surface forcing constant at �T = 1. For each value
of R in this suite, the model was integrated until it attained
a steady state. As the freshwater forcing is increased, a sym-
metric salinity distribution develops that reduces the thermally
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Fig. 9. The overturning strength as function of R. Circles and squares
pertain to constant and stability-dependent diffusivity, respectively, and
open/filled symbols represent symmetric/asymmetric modes. The
overturning is measured by its maximum value in a mid-latitude column
located in the hemisphere where the dominating cell has its main abode
for the asymmetric modes. Note the overturning strength is presented
in non-dimensional form and normalized to be unity when R = 0. The
dotted lines show theoretical predictions due to Nilsson and Walin
(2001). Note further that the asymmetric solutions obtained for the
largest values of R, using stability-dependent mixing, exhibited a weak
time dependence.

imposed surface density gradient. As illustrated in Fig. 9, the
overturning strength becomes weaker when the freshwater forc-
ing is increased in the model with constant diffusivity; the reverse
holds true for the model with stability-dependent diffusivity (cf.
Mohammad and Nilsson, 2004).

For sufficiently strong freshwater forcing, the symmetric state
becomes unstable and is succeeded by a new asymmetric equilib-
rium; see Fig. 1. This occurs for both types of mixing representa-
tions. In the present model, it is a subcritical pitchfork bifurcation
that gives rise to the asymmetric flow (cf. Thual and McWilliams,
1992). Note that there are two mirror-image asymmetric equi-
librium solutions, which of these states is realized depends on
the details of the perturbation destabilizing the symmetric flow.
The instability results from an amplification of basin-scale an-
tisymmetric perturbations due to a positive feedback between
flow- and salinity-anomalies (e.g. Walin, 1985; Vellinga, 1996;
Dijkstra and Molemaker, 1997).

Essentially, the presently simulated transitions from symmet-
ric to asymmetric flow appear to be independent of the nature
of the vertical mixing. This behaviour is consistent with the the-
oretical considerations presented by Nilsson et al. (2004), who
argued that the stability of the symmetric equilibrium is primar-
ily controlled by the ratio between the haline and the thermal
density differences. Hence, the symmetric flow should become
unstable when the ratio β�S/(α�T ) exceeds a certain thresh-
old, irrespective of how the vertical mixing is parameterized. For
the present model the threshold value of β�S/(α�T ), based on
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the surface fields, proved to be about 0.2 for both mixing repre-
sentations.

We now focus on the response of the asymmetric mode to
varying freshwater forcing. The degree of asymmetry of the sur-
face density field grows with the freshwater forcing. Thus, the
response of the distribution of density and flow is similar to that
examined in Section 3.2, where the asymmetry parameter μ was
increased while keeping the equator-to-pole density difference
fixed. Figure 9 shows that the freshwater forcing enhances the
intensity of the dominant cell, while the subordinate cell simul-
taneously declines (cf. Klinger and Marotzke, 1999; Wang et al.,
1999). Note that this holds true for both representations of the
mixing. In a qualitative sense, the flow response appears to be
insensitive to the nature of the vertical mixing.

While the response of the asymmetric flow to freshwater forc-
ing is qualitatively similar for the two representations of diffu-
sivity, there are two differences that deserve to be emphasized.
First, the degree of asymmetry of the flow is more sensitive to
the freshwater forcing when the diffusivity is stability depen-
dent; compare the response of the dominating cell in Fig. 9. This
is related to the coupling between the density stratification and
the vertical diffusivity, and can be illuminated as follows: In the
stagnant hemisphere, where a stable salinity stratification forms,
the vertical diffusivity is suppressed. In this region, the surface
salinity must thus decrease further to accommodate the diffu-
sive salinity flux dictated by the prescribed surface freshwater
forcing. As a consequence, the pole-to-pole density difference
and the strength of the dominating cell react more strongly to
changes in the freshwater forcing in the model using the stability-
dependent diffusivity.

Second, the stability-dependent diffusivity allows for equilib-
rium solutions, belonging to the asymmetric branch, which only
shows a very weak degree of asymmetry; see Fig. 10. This has
important consequences for the hysteresis characteristics of the
system. Suppose that the flow is in an asymmetric state and that
the freshwater forcing is very slowly decreased. For the case with
stability-dependent diffusivity, the flow would gradually become
less asymmetric, ending with a nearly continuous transition to
the branch of symmetric equilibrium solutions. For the case with
constant diffusivity, on the other hand, the transition to the sym-
metric branch would be abrupt and associated with a dramatic
reorganization of the flow structure. It should be noted that the
transition from the symmetric branch to the asymmetric one is
abrupt for both representations of κ .

4.2. Varying thermal forcing

From a climate-change perspective, it is of interest to also ex-
amine how the asymmetric mode of thermohaline circulation
responds to changes in the thermal boundary conditions for a
fixed freshwater forcing. Therefore we have conducted a series
of numerical calculations, starting with the asymmetric flows
obtained for R = 0.5 and �T = 1, where steady-state solu-
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Fig. 10. The overturning strength as function of R for
stability-dependent diffusivity. Open/filled symbols represent
symmetric/asymmetric modes. For the asymmetric mode, the responses
of the dominating and the subordinate cells are shown, measured by the
maximum overturning in a mid-latitude column in each hemisphere.
Note that the subordinate cell vanishes for stronger freshwater forcing.

tions were calculated for increasing values of �T , keeping the
freshwater forcing constant. Note that for increasing �T , the
parameter R decreases; see eq. (12).

The outcome of the numerical calculations can be summa-
rized as follows. When the amplitude of the symmetric surface
temperature was enhanced, the degree of asymmetry of the den-
sity field weakened, that is, the ratio between the pole-to-pole
and equator-to-pole density differences became smaller. This be-
haviour, primarily related to temperature changes, was identified
for both representations of the diffusivity. As shown in Fig. 11,
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Fig. 11. The response of the dominant cell to changes of �T for fixed
freshwater forcing. Circles and squares pertain to constant and
stability-dependent diffusivity, respectively. The overturning is
measured by its maximum value in a mid-latitude column in the
hemisphere where the dominating cell has its main abode. The
overturning strengths are normalized at �T = 1. Note that no
asymmetric solutions were obtained for �T > 6 when constant
diffusivity was employed.
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the associated response of the dominating cell to changes in �T
proved to be more subtle. In the model using stability-dependent
diffusivity, the dominant cell becomes weaker when the equator-
to-pole difference is enhanced, whereas the opposite holds true
in the case of the constant-diffusivity model.

According to the results presented in Section 3, the strength of
an asymmetric flow is basically proportional to that of a symmet-
ric flow forced by the same overall density difference; the degree
of density asymmetry determines primarily the partitioning be-
tween the dominant and the subordinate cell. Thus for a constant
freshwater forcing, an increase of �T impacts on the strength of
the dominant cell in two different ways. To begin with, the as-
sociated reduction in the degree of asymmetry tends to decrease
the dominant cell. However, the strength of the flow is also af-
fected by the change of overall density contrast, which increases
with �T . Thus if the vertical diffusivity depends on the stability
of the water columns, the dominant as well as the subordinate
cell should tend to decline in response to a stronger equator-to-
pole temperature difference. For the dominant cell this response
serves to reinforce the alterations induced by the reduced degree
of asymmetry. Hence when the stability-dependent diffusivity is
employed, the strength of the dominant cell should decline when
�T is increased for a constant freshwater forcing; which indeed
can be observed in Fig. 11.

Basically, the reverse applies if the vertical diffusivity is taken
to be constant and thus independent of the density stratification.
In this case, the overall amplitude of the flow should tend to
grow with increasing �T . This tendency of the dominant cell
to strengthen thus serves to counteract the change caused by the
reduction of the density asymmetry. In the present numerical
simulations, the enhancement of the equator-to-pole density dif-
ference controlled the dominant-cell response, which intensified
as �T was augmented.

It should further be noted that the model based on stability-
dependent mixing yielded asymmetric equilibrium solutions for
all the �T values in the suite of experiments. When constant dif-
fusivity was employed, the asymmetric solution became unstable
when �T exceeded 6. For stronger temperature differences, only
symmetric steady states were obtained.

5. Discussion

The present study has focused on the dynamics of the asymmetric
mode of the thermohaline circulation in a two-hemisphere basin.
Using a zonally averaged numerical model, the dependence of
the circulation on the equator-to-pole as well as the pole-to-
pole density difference has been systematically examined. In
summary, the nature of the vertical mixing appears to be crucial
for the equilibrium response of the asymmetric thermohaline
circulation when changes of the surface boundary conditions lead
to alterations of the density difference between the equator and
the pole harboring the densest surface water (simply denoted the
equator-to-pole density difference here). When the pole-to-pole

density difference is changed, however, the qualitative response
of the flow appears to be insensitive to the nature of the vertical
mixing.

We believe that the results from the present idealized model
may serve to illuminate how the nature of vertical mixing af-
fects the dynamics of a two-hemisphere thermohaline circula-
tion. Thus, our investigation should provide some qualitative
information concerning possible impacts of the vertical mixing
on the overturning in the real ocean. However, we underline that
several geophysically relevant processes and features are absent
in the present model. Presumably, the absence of wind forcing
and the use of a single basin lacking a periodic ‘Southern Ocean’
are the most severe idealizations underlying the present study.
As demonstrated by Toggweiler and Samuels (1995) as well as
Klinger et al. (2003), the impact of wind forcing on the over-
turning dynamics is significant in ocean basins with circumpolar
communication. Furthermore, it would be relevant to examine
whether the results from the presently employed zonally aver-
aged model are robust in the sense that they essentially can be
reproduced by a three-dimensional general circulation model.

Keeping the idealized nature of the present model in mind,
we proceed to speculate on the character of an asymmetric ther-
mohaline circulation in a changed climate. Specifically, we con-
sider a very slow shift of the climatic conditions, which involves
an alteration of the surface heat- and freshwater-fluxes. For a
single-hemisphere thermohaline circulation, the equilibrium re-
sponse to such a change will depend crucially on the physics of
the vertical mixing, as discussed by e.g. Huang (1999), Nilsson
et al. (2003) as well as Mohammad and Nilsson (2004). What do
the present results suggest about the response of an asymmetric
circulation? Unlike the single-hemisphere case, the details of the
changes in the surface forcing appear to decide whether the ver-
tical mixing controls the response of the asymmetric flow. For
instance an increase of the freshwater forcing primarily leads to
an enhanced pole-to-pole density difference, implying that the
dominant cell intensifies irrespective of the features of the verti-
cal mixing. The underlying reason is that the area of the dominant
cell expands across the equator into the stagnant hemisphere.
Evidently, this structural reorganization has no counterpart in a
single-hemisphere basin. It is relevant to note that results from
ocean-circulation models reported by Wang et al. (1999) as well
as Klinger and Marotzke (1999) also show that a spatially uni-
form increase in the surface freshwater forcing tends to promote
the overturning cell that feeds the dominant deep-water forma-
tion site.

It should be noted, however, that a climate change is expected
to be associated with alterations of the thermal forcing as well
as of the freshwater forcing. Throughout the Earth’s history, the
meridional gradient of the surface air temperature has varied con-
siderably, being weak during hot-house climate regimes (e.g. the
Cretaceous) and strong during glacial climates, cf. Pierrehumbert
(2002). The question then is how the hydrological cycle responds
when the equator-to-pole temperature difference is altered.
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To limit the scope of our discussion, we focus on a warm cli-
mate characterized by an equator-to-pole temperature difference
that is smaller than that of the present-day climate. Results from
atmospheric general circulation models suggest that the atmo-
spheric poleward flux of moisture in the mid-latitudes should
slightly increase in a warm low-gradient climate (Pierrehumbert,
2002; Caballero and Langen, 2005). It should be recognized,
however, that the moisture flux is affected by two counteracting
processes. First, the temperature increase, which permits a higher
atmospheric moisture content. Second, the decrease in temper-
ature gradient, which serves to curtail the mid-latitude eddies
that carry the moist air poleward. Depending on the details of
temperature distribution in the hypothetical warm climate, the
moisture flux could thus be stronger as well as weaker than that
in the present-day climate (Caballero and Langen, 2005).

For the sake of argument, we assume that the moisture flux
is enhanced in our hypothetical warm climate. Assuming fur-
ther that the energy supply to small-scale mixing is invariant
(i.e. stability-dependent diffusivity), we expect to observe the
following changes of the asymmetric overturning circulation:
To begin with, the combined effect of an increase in freshwa-
ter forcing and a decrease in �T will enhance the degree of
asymmetry of the flow- and density-distributions. Moreover, the
decline of the overall oceanic density contrast will be associ-
ated with a strengthening of the dominant cell; cf. Section 3.1.
Thus the present idealized study suggests that warm climates
should be associated with a stronger overturning circulation and
hereby a more rapid ventilation of the deep ocean. Evidently,
this could have important implications for the biogeochemistry
of the ocean. However, the sensitivity of the overturning strength
on �T is rather weak (see Fig. 11). In fact, the present numer-
ical results indicate that the oceanic heat transport would be
diminished in the hypothetical warm climate, despite the over-
turning strength being enhanced. It deserves to be underlined
that the overturning strength as well as the heat transport would
decline if the vertical diffusivity instead would have remained
constant.

Finally it is worth noting that these considerations bear some
relevance for the question whether intense oceanic heat transport
could have warmed the poles during past low-gradient climates
(e.g. Lyle, 1997; Pierrehumbert, 2002). The present idealized-
model results seem to suggest that it is not sufficient to keep the
energy supply to small-scale mixing constant in order to drive
an enhanced oceanic heat transport in a climate with a reduced
equator-to-pole temperature difference. Rather, the rate of en-
ergy supply to the small-scale turbulent motion that sustains the
vertical mixing presumably needs to be increased. In this context,
it is of interest to note that Emanuel (2002) has proposed a mech-
anism for amplifying the oceanic heat transport in a warm low-
gradient climate. Based on thermodynamical considerations, he
has showed that the intensity of tropical cyclones should increase
in a warmer climate. Thus, the response of the global tropical
cyclone activity serves to enhance the wind-driven mixing in

the ocean. Provided that this mixing is sufficiently intense, the
oceanic heat transport may be ramped up. Thus, as a conclud-
ing comment, the present work serves to illuminate the potential
link between warm climatic regimes and alterations of the energy
supply to small-scale mixing in the interior of the ocean.
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