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A B S T R A C T
We use multivariate statistics to examine the continental-scale patterns of the stable carbon isotopic composition (δ13C)
of soil organic carbon (SOC) from a data set collected throughout the natural range of variation in climatic, edaphic
and biotic controls in Australia. Climate and soil texture (percent of mineral particles <63 μm) are found to be the
dominant controls on δ13CSOC. Of the environmental variables analysed, the strongest correlations to δ13CSOC do not
simply occur with respect to mean annual temperature or precipitation, but rather to ecosystem-scale measures of water
availability such as mean annual vapour pressure deficit (VPD) and an index of the annual flux of available water
available to plants (W). After the variance of δ13CSOC attributed to W was removed, the proportion of particles ≤63 μm
diameter remained the only secondarily significant correlation (p < 0.05). Based on this observation, we also develop a
model of the primary climatic control on δ13CSOC, which is rooted in the assumption of optimized water-use efficiency
of C3 and C4 vegetation, and can be extrapolated to continental or global data with readily available environmental
data. The model describes optimized water-use efficiency controls on δ13CSOC in terms of a function of the variable W.
We estimate model parameters of climatic control on δ13CSOC using an analysis of surface samples (0–5 cm) of sandy
soils (<10% mineral particles ≤63 μm diameter) from which other edaphic and biotic controls are minimized. This
simple model function is modified to account for variation of δ13CSOC due to variation of respiration rates and variable
incorporation of the terrestrial Suess effect with mean annual temperature (MAT). Model regression of δ13CSOC to these
continental-scale climate data accounts for 92% of the variance observed using a model function with simple variables
(W and MAT) and physically meaningful constants. We also examine edaphic controls on δ13CSOC using particle size
separates from soil textural gradients within four climatic zones of Australia. These data indicate the protection of
13C-enriched old, stable SOC in association with fine mineral particles, consistent with variable incorporation of the
terrestrial Suess effect.

1. Introduction

Accurate model predictions of the global carbon (C) cycle de-
pend heavily on estimates of global patterns of the stable C
isotopic composition (δ13C) of the terrestrial biosphere and C
fluxes between biosphere and atmosphere. Natural abundance
stable isotope studies provide one of the most effective means of
constraining uncertain components of the global carbon (C) cy-
cle, such as the net carbon exchange between the terrestrial bio-
sphere and atmospheric reservoirs, and the size and partitioning
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of terrestrial carbon reservoirs (Flanagan et al., 2005). These
stable isotope model estimates are crucial to understanding tem-
poral and spatial variation in atmospheric CO2 sources and sinks,
and partitioning fluxes into terrestrial and marine components
(Keeling et al., 1989; Ciais et al., 1995; Francey et al., 1995;
Battle et al., 2000). One critical parameter in global C cycle
models is the fractional contribution of C4 plants to terrestrial
primary productivity, because the 13CO2 discrimination by C4

plants is similar to the effect observed for air–sea CO2 exchange,
and highly dissimilar to that of their C3 counterpart (Ciais et al.,
1995; Fung et al., 1997; Suits et al., 2005).

Global estimates of the 13CO2 discrimination by the terrestrial
biosphere are based on modelling of ecophysiological processes
at the leaf and plant scale and scaling these observations up to
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the regional or global scale (Lloyd and Farquhar, 1994; Still
et al., 2003). Meanwhile, attempts to measure regional to global
average δ13C of the terrestrial biosphere are hindered by analyt-
ical and scaling considerations (Bird et al., 2001). One potential
method of empirical validation of global models of C4 photo-
synthesis is by quantification of the spatial patterns of the δ13C
value of soil organic carbon (SOC) as a measure of the propor-
tional contribution of each of the two dominant photosynthetic
pathways to a C reservoir with a longer mean residence time
than biomass, and thus greater temporal averaging (Bird and
Pousai, 1997). Despite this potential, global representation of
stable isotopic processes occurring in the SOC pool of the ter-
restrial biosphere remains one of the most uncertain components
of terrestrial C exchange models (Randerson et al., 2002; Ciais
et al., 2005), in part due to a lack of data collected system-
atically using standardized field and laboratory protocols over
broad climatic regions (Bird et al., 2001).

Our recent work (Wynn et al., 2006) examined variation in
SOC inventory at the scale of the Australian continent, but also
presented stable carbon isotope data (δ13CSOC) in an accompany-
ing online supplement, as part of a longer-term effort to establish
data sets collected along regional environmental gradients using
standardized protocols (Bird and Pousai, 1997; Bird et al., 2002a,
b, 2003). In this paper, we (1) use statistical tests to examine the
relative roles of environmental controls on δ13CSOC in this data
set and (2) model these environmental controls with parameters
defined by model-data fusion. The output of this study is a mech-
anistic model of the environmental control on the distribution of
C3 and C4 biomass that is based on the fundamental control of
the annual amount of water available to an ecosystem for plant
physiological processes and the differences in efficiency with
which mixed C3–C4 ecosystems use the available water.

1.1. A review of environmental controls on the carbon
isotopic composition of terrestrial biomass and soil
organic carbon

The wide range of 13C/12C ratios in plants derives primarily
from markedly different 13C-discrimination during photosynthe-
sis following one of three pathways (C3, C4 and CAM; Farquhar
et al., 1980; Hatch, 1987; Nobel, 1994; Sage, 2004). δ13C values
of living plant biomass (δ13Cp), and of the fluxes between terres-
trial biomass and atmosphere CO2 are primarily controlled by
distribution of plants assimilating C via these three photosyn-
thetic pathways. Spatial variability of C3 and C4 plants occurs at
a variety of scales, and follows macro- and microclimatic, as well
as edaphic variables all of which control the growth and survival
of plants that utilize each pathway (Teeri, 1988). The distribution
of C3 and C4 plants is most fundamentally controlled by differ-
ences in their success at competing for resources necessary for
physiological processes such as photosynthesis, respiration and
transpiration. Rates of primary productivity depend on rates of
utilization of the primary resources, which include solar energy,

CO2, H2O, O2, as well as nitrogen (N) and other nutrients. Thus
the fundamental controls on C3 and C4 distribution reduce to the
availability of these primary resources in the environment, the
efficiency with which plants can take up these resources under
variable environmental conditions, and kinetic controls on phys-
iological reaction rates, which are controlled by temperature at
the reaction sites (leaf temperature). These effects can be framed
in terms of a model of quantum yield for CO2 fixation which
describes the rate of net CO2 fixation per unit photosyntheti-
cally active radiation (PAR) under variable resource availability
(Ehleringer and Björkman, 1977). This, and many studies since,
have concluded that the competitive advantage of C4 plants is
maximized independently under the conditions of high availabil-
ity of light, high availability of O2, low availability of CO2, low
availability of H2O, low availability of N, and high leaf tem-
peratures (O’Leary, 1981; Ehleringer et al., 1986, 1997; Sage
and Pearcy, 1987; Farquhar et al., 1988; Teeri, 1988; Buchmann
et al., 1996; Collatz et al., 1998). Each of these controls can be
quantified independently under controlled environmental condi-
tions, but the combined effects of several influences operating at
the scale of ecosystems is much more complex. In general, the
environmental constraints on C3 and C4 plant distribution at the
scale of ecosystems or biomes have been framed in terms of a
model of CO2 crossover leaf temperature. Above the crossover
leaf temperature, C4 plants are more competitive at photosyn-
thesis due to the increased rate of photorespiration in C3 plants
at higher leaf temperatures (Ehleringer and Björkman, 1977;
Collatz et al., 1998). The crossover leaf temperature model em-
phasizes the fundamental importance of atmospheric pCO2 and
leaf temperature, and remains the most commonly used model
for understanding variations in C3 and C4 primary productivity
(Ehleringer et al., 1997; Collatz et al., 1998; Still et al., 2003;
Suits et al., 2005). Many empirical studies of the distribution of
C3 and C4 plants have extended this construct to very high statis-
tical correlations between the fractional contribution of C4 plants
and various expressions of environmental temperature (normal
summer minimum temperature, mean annual degree days, sum-
mer average temperature, growing season temperature, etc.). It
is also widely recognized that these climatic variables are only
proxies for the kinetic effects of leaf temperature effects de-
scribed above (Teeri, 1988).

Within these environmental constraints, δ13Cp of C3 plants
varies from about −34 to −20� (cf. Deines, 1980). This within-
pathway variation is primarily attributed to environmental con-
trols of drought stress (i.e. water availability) and irradiance,
both of which act through control of the ratio of internal to atmo-
spheric CO2 concentration (pi/pa; Ehleringer et al., 1986, 1993;
Farquhar et al., 1989). Drought stress simultaneously reduces
photosynthesis and transpiration rates by reducing stomatal con-
ductance. Drought-induced increases in leaf-to-air vapour pres-
sure deficit (VPD) result in decreased pCO2 inside leaves (pi)
and thus decreased discrimination (�B−C3 ) and 13C-enriched
δ13Cp values (Farquhar et al., 1982a; Winter et al., 1982;
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Farquhar and Richards, 1984; Brugnoli et al., 1988). Although
studies of within-canopy irradiance levels show that as irradi-
ance is reduced pi increases and δ13Cp of leaves decreases (lower
in the canopy; Ehleringer et al., 1986), these effects are difficult
to distinguish from those of drought stress in field conditions
(Farquhar et al., 1989).

Additional environmental controls on δ13Cp of C3 plants in-
clude the ‘canopy effect,’ (Vogel, 1978; van der Merwe and
Medina, 1989) and differences between plant functional groups
(for example evergreen plants are more 13C-enriched by ∼1�;
Stuiver and Braziunas, 1987; DeLucia and Schlesinger, 1991;
Marshall and Zhang, 1994).

Within the C4 photosynthetic pathway, δ13Cp varies much
less than within the C3 group (−9 to −16�), and the variation
can be primarily attributed to availability of water and light
(Ehleringer, 1993; Buchmann et al., 1996). Edaphic factors such
as salinity stress, in turn control the effective availability of water
(Sandquist and Ehleringer, 1995).

In order to use δ13C of SOC to interpret global patterns of C3

and C4 photosynthesis, we must also consider key carbon iso-
topic effects occurring during C cycling through the SOC pool.
These include kinetic fractionation against 13C during SOM de-
composition, combined with the stabilization of the 13C-enriched
solid decomposition products, which is enhanced by interaction
with fine mineral particles (Ågren et al., 1996; Šantrůčková
et al., 2000; Wynn et al., 2005), the ‘terrestrial Suess effect
(Bird et al., 1996), and selective preservation of components
of biomass, such as relatively stable lignin-derived compounds
(Boutton, 1996; Schleser et al., 1999).

2. Methods

2.1. Soil sampling and analytical methods

To account for variability of δ13CSOC at the local and regional
scale (on the order of 10–100 km2), and in order to extend these
regional scale measurements to the continental scale, we utilized
a stratified sampling approach that divides the landscape into
sampling locations locally dominated by C3 or C4 vegetation
in mixed C3–C4 ecosystems (‘tree’ and ‘grass’ samples, for
details of methodology see Wynn et al., 2006). Regions were
selected for minimal anthropogenic disturbance (no agriculture),
although many have been grazed by both native species and
livestock. Analyses of the ‘tree’ and ‘grass’ samples are then
apportioned according to the estimates of the fractional canopy
cover of the region to provide a weighted SOC inventory and
ecosystem-scale δ13CSOC estimate. Fractional canopy cover was
estimated on an aerial basis at each of the 25 sampling sites
within each region. For regions with greater than 50% canopy
cover, the ‘tree’ and ‘grass’ samples were apportioned equally
for the entire site.

At each of 48 ecosystem regions of Australia (Fig. 1), a total of
200 soil cores were collected according to the protocol outlined

Fig. 1. Location map of sites sampled in this study.

in detail by Wynn et al. (2006) to produce four bulked samples
representative of each region (0–5 cm tree, 0–5 cm grass, 0–
30 cm tree and 0–30 cm grass). Variance of δ13CSOC is estimated
by a set of 20 samples from each region, bulked along five tran-
sects for each of the four sample types described above. For this
study, δ13CSOC values were calculated separately for the 0–5 cm
and 5–30 cm depth intervals using a mass balance approach
based on measurements of the 0–5 and 0–30 cm samples. C con-
centration and δ13C of CO2 produced by combustion of SOC
was measured by a combination of dual-inlet mass spectrome-
try and elemental analysis-continuous flow mass spectrometry
at the Research School of Earth Sciences, Australian National
University, and the School of Geography and Geosciences at
the University of St. Andrews. SOC data used in this modelling
study are reported in the database accompanying Wynn et al.
(2006).

2.2. Environmental variables and statistical analyses

SPSS version 14.0 was employed for factor analysis and
linear regression analysis using environmental variables and
δ13CSOC measurements. Factor analysis was performed on the
correlation matrix derived from the following environmental
variables: fraction of woody biomass cover (f w), mean an-
nual temperature (MAT, K), mean annual precipitation (MAP
rate, mol H2O m−2 yr−1), 1/VPD (kPa−1; VPD, mean an-
nual vapour pressure deficit, inverted to be consistent in sense
with positive moisture availability), annual water availability
(W, mol H2O m−2 yr−1), mean annual normalized difference
vegetation Index (ndvi, values from −1 to 1 linearly scaled up to
integers from 0 to 255), f <63 μm (fraction of soil solids <63 μm
diameter), pH (acidity), SOC (SOC inventory, mol C m−2) and
N (soil nitrogen inventory, mol N m−2). The component trans-
formation matrix and plot are shown (Fig. 2) in rotated space
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Fig. 2. Principal component analysis plot in rotated space for
environmental variables potentially controlling δ13CSOC.

(rotated according to the varimax method). Also, stepwise linear
regression was performed on the following variables: f w, MAT,
MAP, W, 1/VPD, ndvi, f <63 μm, pH, SOC, N and the SOC:N
ratio (a measure of litter quality).

Our employed measure of the annual flux of water available to
plants (W) takes into account mean annual precipitation flux and
evaporative flux calculated assuming all global solar radiation
flux at the soil surface went into evapotranspiration (based on
Berry and Roderick, 2002a):

W = MAP − Qs/ρwL, (1)

where MAP is mean annual precipitation rate in
kmol H2O m−2 yr−1, Qs is mean annual all-wave global
solar radiation flux in kJ m−2 yr−1, ρw is the density of liquid
water (∼55.5 kmol m−3 at 298.15 K) and L is the latent heat of
evaporation of water (∼45 kJ mol−1 H2O at 298.15 K). Water
fluxes (MAP, Qs/ρw L and W) are most commonly conceived
in dimensions of length/time (such as m H2O yr−1), but can
also be reduced to (kmol H2O m−2 yr−1) by multiplying by the
density of liquid water and converting kg to kmol.

2.3. Development of an optimized water use efficiency
model applied to SOC

We derive a model equation describing the δ13C value of C assim-
ilated into the SOC pool which is based on the fundamental as-
sumptions of the well-established optimized stomatal behaviour
model (Cowan, 1977; Cowan and Farquhar, 1977), also used
as the basis for a model of 13C discrimination by the terrestrial
biosphere (�B; Lloyd and Farquhar, 1994). Our model of SOC
is founded on the assumption that ecophysiological differences
between and within the C3 and C4 photosynthetic pathways re-
sult in differences in their relative contribution to SOC storage.

The model calculates mixing of δ13CSOC from the proportions of
SOC derived from C3 and C4 plants and estimates of the δ13CSOC

values of C3 and C4 plants.

2.3.1. Background. The Cowan–Farquhar model is rooted in
the assumption that stomata are optimized to maximize plant C
assimilation (A; mol CO2 m−2 s−1) with respect to plant wa-
ter loss (E; mol H2O m−2 s−1), and thus the marginal cost (in
H2O) of assimilating CO2 is constant during the day (∂E/∂A =
λ = const.). The Lloyd–Farquhar model makes an extension of
Cowan–Farquhar equation to stomatal control of �B, and ex-
tends these theoretically based relationships with global gross
primary productivity (GPP) to calculate global patterns of �B

and the global distribution of C4 photosynthesis. Thus, in the
Lloyd–Farquhar model, a primary environmental control on spa-
tial patterns in �B is the leaf-to-air vapour mole fraction differ-
ence (D, mmol mol−1), which is directly related to E. Our model
extends the Cowan–Farquhar and Lloyd–Farquhar relationships
to SOC assuming (1) assimilation is from a constant δ13CCO2 ,
and thus there is a 1:1 relationship between δ13Cp and �B (i.e.
minimal canopy effect of Vogel, 1978) and (2) that no isotopic
effects occur in biomass C-SOC flux in the sandy, well-drained
soils measured (i.e. a similar 1:1 relationship between δ13Cp and,
and δ13CSOC holds, see discussion below), and (3) that the envi-
ronmental control of E on �B, (and thus on δ13Cp and δ13CSOC)
is accounted for by our index of the annual availability of wa-
ter, W. Our model is thus based entirely on optimized water-use
efficiency.

C4 plants have a competitive advantage over their C3 coun-
terparts under H2O- and CO2-limited conditions, given their
high water use efficiency of photosynthesis (WUEph; Osmond
et al., 1982; Ehleringer et al., 1991). The higher WUEph of C4

plants is observable from stomatal gas exchange measurements
(Schulze and Hall, 1982), as well as canopy scale measurements
of CO2 and H2O vapour exchange over C3 and C4 vegetation
(Grace et al., 1998; Long, 1999). The higher WUEph of C4

plants is controlled primarily by stomatal conductance, because
CO2 assimilation and H2O vapour loss share the same diffusion
pathway through stomata. Because stomatal conductance is also
the primary physiological control on diffusional discrimination
against 13C, WUEph is well reflected in differences of δ13Cp val-
ues between C3 and C4 pathways, and within the C3 pathway
(Farquhar et al., 1988, 1989; Comstock and Ehleringer, 1992;
Ehleringer, 1993; Brugnoli and Farquhar, 2000; Sage, 2004).
The water use advantage of C4 versus C3 plants provides the
critical linkage between plant ecophysiology and SOC isotope
ratios as the basis of our model.

2.3.1.2. Water availability versus leaf temperature as the cli-
matic control of C3–C4 distribution. Our mechanistic model
simplifies climatic control on the distribution of C3 and C4 plants
relying on the assumptions that water is the limiting factor in
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C3 versus C4 photosynthesis, and that water-limited ecosystems
tend to optimize WUEph within the boundaries of plant physi-
ological constraints. This approach thus differs from the domi-
nantly temperature-based model C3–C4 distributions produced
by Still et al. (2003). It is well known that leaf temperature
is a direct control on net photosynthesis rates of C3 and C4

plants (Ehleringer and Björkman, 1977) through kinetic con-
trol on gross photosynthesis and photorespiration rates (Nobel,
2005). As leaf temperature is increased in C3 plants, the rate of
photorespiration increases faster than the rate of photosynthe-
sis. Consequently at higher leaf temperatures, C3 plants must
expend more energy per unit net CO2 assimilation because an
increasing proportion of O2 is taken up by the primary enzyme
in photorespiration. Increased C3 photorespiration reduces net
C3 photosynthesis rates at higher temperature, while C4 photo-
synthesis rates remain relatively constant across a wide range of
leaf temperatures. This mechanism is the basis for using grow-
ing season air temperature in models of climatic effects on C3

and C4 productivity (Ehleringer et al., 1997; Collatz et al., 1998;
Still et al., 2003). However, extending this leaf-scale effect to
continental and global climate data is problematic because leaf
temperature is a ‘phylloclimatic’ variable which shows temporal
trends and spatial trends (between plants and within individual
leaves) that differ significantly from trends in ambient air tem-
perature (Chelle, 2005). Leaf temperature is problematic because
at a given time and position, it depends not only on ambient air
temperature, but also on factors of the leaf energy balance, as
modelled in terms of a boundary layer climate (Oke, 1992):

Tl = Ta + rb

ka

[
Q∗

(leaf) − QE(leaf)

]
, (2)

where T is temperature (K), subscripts l for leaf, a for ambient
air, rb is the laminar boundary layer resistance (s m−1), ka is
the volumetric heat capacity of air (J m−3 K−1), Q is heat flux
density J m−2 s−1), ∗ is for net all-wave radiation, the subscript
E denotes for turbulent latent heat; both Q terms can be positive
or negative. In fact, the only condition that results in Tl = Ta

is when the radiative heat flux equals the turbulent latent heat
flux (Q∗

(leaf) = QE(leaf)). Considering this leaf energy balance, Tl

will rarely equal Ta and will commonly be both moderated and
cooled substantially by QE(leaf) via transpiration (Chapin et al.,
2002), especially during the growing season. Both Ta and Tl are
directly dependent on the amount of total solar irradiance (Qs)
used in our calculation of W by way of energy partitioning into
sensible and latent heat flux. Considering annual averages, the
total radiation absorbed by plants will be partitioned primarily
into QE(leaf) and radiant (QR) and convective (QC) heat losses
(neglecting a very small amount of biochemical heat storage
by photosynthesis, and physical heat storage by plant matter
(Gates, 1968). QR and QC account for the transfer of energy to
changes in Tl, the mechanistic control on photosynthesis rates
in the crossover temperature model (Ehleringer et al., 1997;
Collatz et al., 1998; Still et al., 2003). Meanwhile QE(leaf) is

only accounted for by our consideration of transfer of solar
energy to transpiration in W. Thus basing our model on W rather
then T implicitly accounts for QE(leaf), but also folds the effects
of heat loss to convection and radiation into our calculation
of W. Our model fully accounts for QE(leaf) via transpiration
and the ability of ecosystems to maintain Tl that differ and
are more stable than Ta during the growing season. This model
thereby reduces controls on C3 versus C4 productivity to a single
variable (W expressed in mol H2O m−2 yr−1) and in doing so
considers the complete water and energy balance of plants. W
is derived from the same primary energy and water balance
flux data as other continental-scale estimates of annual GPP
and transpiration fluxes (Berry and Roderick, 2004). The model
described here assumes that annual water use by an ecosystem
is partitioned into C3 and C4 components via a relationship to
GPP, and that each of those components has a distinct δ13Cp

signature that is reflected in δ13CSOC. We consider this approach
to be superior to temperature-based models because although
Tl may be a primary control on C3 and C4 net photosynthesis
rates, it is difficult to measure on a continental or global basis,
while W is readily derived from global climate data sets. Based
on the results of our statistical analyses discussed below, we also
prefer this foundation in mechanisms calculated from energy and
water balance of plants, as opposed to air temperature-dependant
models.

2.3.2. Model description and methods.

2.3.2.1. SOC inventory and C4-derived SOC. In previous
work, we showed that for this data set of Australian soils W
is a good measure of the climatic control on the amount of SOC
inventory in the absence of edaphic and biotic factors that inhibit
SOC decomposition (Wynn et al., 2006). We use these assump-
tions to describe variation of SOC inventory (mol C m−2) over
some depth interval with respect to W (kmol H2O m−2 yr−1) in
terms of a logistic function:

SOC = f (W ) = ESOC

� + (ESOC/SOCmin − �) e−ESOCW
, (3)

where ESOC is the efficiency of SOC storage per unit W, and has
dimensions of (mol C yr mol−1 H2O). � is the density limitation
of SOC inventory and has dimensions (m2 yr mol−1 H2O). � re-
lates ESOC to the maximum SOC inventory (� = ESOC/SOCmax;
SOCmax is analogous to carrying capacity in sigmoidal popula-
tion growth functions). The function in eq. (3) describes a sig-
moidal curve of SOC with respect to W and is shown in Curve
(a) of Fig. 3. Above a threshold of W, SOC inventory approaches
SOCmax. Below this threshold, SOC inventory is directly related
to W by the slope (∂SOC/∂W). The slope can be reduced to
units of [(mol C mol−1 H2O) × yr], showing its relevance as a
measure of the efficiency of SOC storage per unit water avail-
ability. The dimension of time remains in the numerator because
SOC is a reservoir, while W is a flux. To reduce the slope of
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Fig. 3. Optimized water use efficiency model of SOC inventory in C3,
C4 and mixed C3–C4 soils. (a–c) Model functions of SOC inventory
with respect to water availability assuming two conditions: (a, c) Mixed
C3–C4 vegetation (total, and SOC derived from C4 plants), and (b)
only C3 vegetation. (d–f) Model functions of stable carbon isotopic
composition of SOC with respect to water availability. Using the model
functions (a–c) and model parameters of the carbon isotopic
composition of plant biomass (d, f), the resultant isotopic composition
of SOC in mixed C3–C4 soils (e) is calculated by mass balance. Model
parameters shown are ESOC = 5.61 × 10−5 mol C yr mol−1 H2O, � =
5.35 × 10−5 m2 yr mol−1 H2O, SOCmin = 0.537 mol C m−2 (values
from least-squares regression to the Australian SOC inventory data for
0–5 cm depth interval; Wynn et al., 2006). Additional model
parameters shown are: δC3 = −26.7�, δC4 = −12.5� (values of
δ13Cp from C3 and C4 plants from compilation of Cerling et al., 1998),
and β = 1.2. Greyed area shows values of W below minimum W for
Australia (−180 kmol H2O m−2 yr−1).

eq. (3) to units of water use efficiency (mol C mol−1 H2O) we
would need to know the mean turnover time of SOC to convert
the SOC inventory to a mean C flux to soil.

Logistic functions such as eq. (3) can also be described in
terms of maxima and minima and maximum slope. For our

model function in eq. (3), an equivalent form in these terms is:

SOC = f (W ) = SOCmax

1 + [(SOCT G,max/SOCmin) − 1]e−ESOCW
, (4)

where SOCmin and SOCmax are the minima and maxima, while
ESOC is the maximum slope. Thus ESOC is a description of the
water use efficiency of optimally competitive ecosystems com-
prising mixtures of C3 and C4 plants at delivering C to the SOC
pool under current climatic conditions. ESOC reflects WUEph, but
is modified by the fraction of GPP that is input to SOC during
transformation of biomass C to SOC.

Curve (b) in Fig. 3 shows a similar logistic function of SOC
with respect to W under conditions where only C3 photosynthesis
occurs. This curve is modified from Curve (a) considering that
C4 plants are known to be more water use efficient than C3

plants (see Section 2.3.1). We modify eq. (4), dividing ESOC by
a dimensionless number (β) describing the theoretical ratio of
ESOC for C4 and C3 plants:

ESOC(C3) = ESOC

β
. (5)

Thus, the only difference between the two curves is the lower
maximum slope (ESOC) for C3 plants due to their lower WUEph.

Curve (c) in Fig. 3 is simply the difference between curves
(a) and (b), and is thus the additional inventory of SOC that
results from allowing C4 photosynthesis to occur in water limited
environments. The function describing this inventory of C4-
derived SOC is:

SOCC4 = SOCtotal − SOCC3

= ESOC

�

[
1

1 + (Z − 1) e−ESOCW∗

− 1

1 + (Z − 1) e−ESOCW∗/β

]
, (6)

where

Z = ESOC

�SOCmin
= SOCmax

SOCmin
. (7)

The modelled inventory of C4-derived SOC shows an opti-
mum in the area between Curves (a) and (b). C4-derived SOC
decreases left of the optimum value, due to extremely low W (al-
though C4-derived SOC is the majority of the total SOC for the
low values of W in this region). C4-derived SOC also decreases
to the right of the optimum value due to increased competition
by C3 photosynthesis at higher W.

2.3.2.2. Stable carbon isotope values of SOC from mixed C3–C4

ecosystems. Using the functions for SOC inventory described
in Section 2.3.2.1, and values for the stable carbon isotopic
composition of C3- and C4-derived SOC (δ13CC3 , δ13CC4 ), we
use mass balance to derive a mixing equation for the carbon
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isotopic composition of total SOC:

δ13CSOC = SOCC3 δC3 + SOCC4 δC4

SOC

= [1 + e−EsocW (Z − 1)]

{
δC3

1 + (Z − 1)e−EsocW /β

− δC4

(
1

1 + (Z − 1)e−EsocW /β
− 1

1 + (Z + 1)e−EsocW

)}
.

(8)

An example of this function with constant δ13CC3 and δ13CC4

is shown in Curve (e) of Fig. 3. This model function of water use
efficiency is applied to data from our measurements of δ13CSOC

across the range of climates representative of the continental
scale of Australia. Non-linear least-squares regression was per-
formed using ANOVA analysis with mathematical modelling
software (Mathematica C©), with data weighted according to the
inverse of errors measurements between transects.

2.3.2.3. Model parameters. The model parameters used in our
analysis include δ13C values from C3 and C4 plants derived from
a large data set (Cerling et al., 1997; δ13CC3 = −26.7 ± 2.7�,
δ13CC4 = −12.5 ± 1.1�, 1σ standard deviation). In some model
runs, we used constants while in others we used two sigmoidal
functions to estimate the natural variation of δ13Cp with respect
to W within each photosynthetic pathway (C3 equation here, C4

equation follows a similar form):

δ13CC3 = f (W ) = δmean(C3) + 1

2
δrange(C3)

− δrange(C3)e
5
[
W−1

/
2
(
Wmax C3

+Wmin C3

)]
Wmax C3

−Wmin C3

1 + e
5
[
W−1

/
2
(
Wmax C3

+Wmin C3

)]
Wmax C3

−Wmin C3

, (9)

where δ13CC3 is the carbon isotopic composition of living
biomass as a function of W, δmean(C3) and δrange(C3) are the mean
and range of average compositions for the pathway. Wmin C3 and
Wmax C3 are values at which δ13C(C3) ‘turns over’ towards a max-
imum and minimum (the maximum change in slopes of the sig-
moidal curve). Based on observational constraints in this data
set, we use the following values to describe variation of δ13Cp:
Wmin C3 of −180 kmol H2O m−2 yr−1 from the point at which
SOC approaches 0 (W below −183 kmol H2O m−2 yr−1 does not
occur in Australia), Wmax C4 = −120 kmol H2O m−2 yr−1 from
the point at which SOC approaches a maximum in this data set
(plant metabolism becomes energy limited, and hence SOC stor-
age reaches a maximum), Wmax C3 = −55 kmol H2O m−2 yr−1

from the point at which actual evaporation approaches potential
evaporation, and beyond which evaporation is limited by energy
rather than by water supply (evaporation becomes energy lim-
ited; Berry and Roderick, 2002a). Mean δ13CSOC values derived

from C4 plants are always offset by +14.2� with respect to
δ13CSOC derived from C3 plants.

We used several versions of these sigmoidal functions to de-
scribe the relationship between W and δ13Cp for C3 and C4

plants. The positive correlation between �B and water availabil-
ity in C3 plants is well documented from both theoretical and
observational perspectives (plants under drought stressed condi-
tions in arid climates discriminate less against 13C, and thus have
more 13C-enriched δ13Cp values; Farquhar et al., 1982a, b, 1988;
Winter et al., 1982; Farquhar and Richards, 1984; Brugnoli et al.,
1988; Ehleringer, 1993). For example C3 plants in arid regions
of East Africa average ∼ −24.6�, while those in open canopy
forests average ∼ −27.8� and closed canopy forests average
∼ −31.4� (Cerling et al., 2003). Although some previous work
has suggested that physiological discrimination in C4 plants is
negligible, Buchmann et al. (1996) demonstrated a negative cor-
relation between �B−C4 and water supply across biochemical
subtypes of C4 grasses (mesic grasses using NAPD pathways
have δ13Cp values of −11.8 ± 0.2� and xeric grasses using
NAD and PCK pathways have δ13Cp values of −13.1 ± 0.3�;
Cerling et al., 2003). Based on these observations, we modelled
the natural variation of δ13Cp of C3 and C4 plants with respect to
W using a variety of combinations of the sense of correlation or
lack of correlation: (1) positive relationship between �B for both
C3 and C4, (2) no relationship for either C3 or C4, (3) positive
relationship for C3, none for C4 and (4) positive relationship for
C3, negative for C4.

2.3.3. Model simplifications. Equation (7) takes into account
differences in the rate of C assimilation via C3 and C4 photo-
synthesis into the SOC pool. These differences are modelled as
differences in mean ESOC of each plant group, following dif-
ferences in WUEph. The model assumes no difference in the
rate of decomposition of C3- versus C4-derived SOC. We also
assume that mean annual decomposition rate depends primarily
on mean annual soil temperature, and not on W, and thus is not
part of the simple analytical model. Our model considers only
the bulk soil δ13CSOC and makes the assumption that the bulk
pool is the mass weighted average of the spectrum of pools of
SOC integrated over its spectrum of turnover times (Trumbore,
1997). The model also does not account for differences in N use
efficiency or availability of N or other nutrients. In our analysis
of climatic controls, we avoid these edaphic effects by limiting
the data to coarse-textured soils (<10% fine particles <63 μm
diameter) for which nutritional status is relatively constant due to
a narrow and limited range of cation exchange capacity (CEC) of
sands (Brady and Weil, 2002). This simplification of the model
thereby assumes that N availability follows the same environ-
mental controls as water availability—a reasonable assumption
because N uptake in low CEC soils is limited by solubility and
water uptake rate. The simplified model likewise avoids the bulk
of other potential edaphic controls on δ13CSOC because it is based
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on measurements of a consistently sampled depth interval near
the surface (0–5 cm depth), which is a good representation of
the most labile pool of SOC. To justify this simplification, we
later consider a sample set from a deeper pool of SOC (5–25 cm
depth), and particle size separates to separately examine the
edaphic and biotic controls on δ13CSOC from samples that span
these environmental gradients.

Because our model is based entirely on differences in ESOC,
it does not consider the long-term effects of changes in atmo-
spheric pCO2, which is relatively well mixed (varying by only
∼2–3 μmol mol−1 in the tropical latitudes where C4 plants exist;
Bolin and Keeling, 1963). Temporal changes in pCO2 since the
Industrial Revolution have caused a 1.5� 13C-depletion of or-
ganic carbon since that time. The increase in atmospheric CO2

may have driven decreases in the proportion of C4 plants via
CO2 fertilization of ‘mesic’ plants (Berry and Roderick, 2002b)
which are less water use efficient and mostly use C3 photosyn-
thesis (Farquhar, 1997). By reducing our analysis to the surface
(0–5 cm depth) sampling interval in coarse textured soils, and
thus to the most labile pool of SOC, we have eliminated the
effect of such long-term temporal changes in vegetation to the
degree that is possible.

3. Results and discussion

3.1. Measurements of the stable carbon isotopic
composition of Australian SOC

Stable carbon isotope ratio data of bulk soil used in this study are
presented in an online supplement to our paper discussing en-
vironmental controls on SOC inventory at the continental scale
(Wynn et al., 2006). δ13CSOC from the 0–5 cm depth interval
sampled near trees (−T, ‘tree’ samples) ranged from −29.4
to −20.9�, while δ13CSOC values from the same interval away
from trees (−G, ‘grass’ samples) ranged from −29.4 to −17.5�.
The −TG weighted values (mathematically apportioned −T
and −G values using measurements of fractional canopy cover)
range from −29.4� to a maximum of −18.2�. All soil regions

Table 1. Correlation coefficients for environmental data (n = 48)

f w MAT MAP ndvi W f <63 μm pH SOC N 1/VPD

f w 1 −0.170 0.744 0.839 0.780 −0.292 −0.572 0.712 0.512 0.668
MAT 1 −0.196 −0.179 −0.411 −0.372 0.025 −0.480 −0.337 −0.605
MAP 1 0.728 0.935 −0.181 −0.657 0.715 0.267 0.761
ndvi 1 0.782 −0.342 −0.556 0.727 0.414 0.718
W∗ 1 −0.215 −0.624 0.851 0.416 0.925
f <63 μm 1 0.283 −0.111 −0.052 −0.195
pH 1 −0.535 −0.070 −0.537
SOC 1 0.646 0.867
N 1 0.522
vpd 1

with a fractional canopy cover greater than 0.5 (mostly closed
canopy vegetation consisting predominantly of C3 biomass)
showed −TG weighted δ13CSOC values more 13C-depleted than
−23.2�. All soil regions where the index of annual water avail-
ability (W) was greater than −120 kmol H2O m−2 yr−1 showed
δ13CSOC values more 13C-depleted than −23.9�, consistent with
C3-dominated vegetation (δ13C values above ∼ −24� are con-
sistent with some proportion of C4 biomass). Most surprisingly,
the most 13C-enriched δ13CSOC value our data set, which never
extends above −17.5�, even for −G sampling locations, was
not as 13C-enriched as typical pure C4 biomass (−12.5�), or
even the 13C-depleted end member of C4 biomass (−13.6�).

3.2. Examination of the environmental controls on
Australian SOC stable isotopic composition

Many of the environmental variables potentially controlling the
δ13CSOC are highly intercorrelated (Table 1), prompting the use
of factor analysis to reduce the number of fundamentally control-
ling variables analysed (Fig. 2). In our factor analysis, we found
that greater than half (59%) of the variance among regions is de-
scribed by component 1, which is comprised mainly of factors
related to precipitation, primary productivity and the proportion
of woody vegetation (Table 2; MAP, 1/VPD, W, ndvi and f w).
Component 2 accounted for 16% of the variance and was mainly
correlated with MAT (Table 2), and weakly correlated with the
inventories of SOC and N, and fine mineral particles (<63 μm).
This factor analysis and a number of previous observational stud-
ies (Bird and Pousai, 1997; Bird et al., 2002a, b, 2003) suggest
that some combination of MAP and MAT may provide a good
prediction of climatic control on δ13CSOC. Other previous studies
of the climatic control on the distribution of C3 and C4 grasses
has emphasized the role of growing season air temperature as a
good predictor of δ13Cp (Teeri, 1988; Ehleringer et al., 1997),
presumably because it is a good predictor of growing season
leaf temperature as discussed above. However, we found a poor
correlation between MAT and δ13CSOC and that a correlation
between growing season Ta and δ13CSOC is only obvious for the
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Table 2. Rotated component matrix for factor analysis

Component

Variable 1 2

f w 0.882 0.023
MAT −0.219 −0.871
MAP 0.886 0.042
ndvi 0.888 −0.005
W 0.935 0.221
f <63 μm −0.416 0.659
pH −0.740 0.232
SOC 0.844 0.403
N 0.462 0.477
1/VPD 0.856 0.402

warmest growing season environments of our data set (Fig. 2).
This may be because growing season Ta does not account for
the moderation of Tl by latent heat flux via transpiration. These
statistical analyses suggests that climatic variables contributing
to water and energy balance of plants (VPD, W) during assim-
ilation are likely to produce a better predictor of δ13CSOC, and
hence of δ13Cp and of the spatial distribution of C3 and C4 plants
under natural environmental conditions.

Given these observations, we used repeated stepwise linear
regression to examine the primary environmental variables con-
trolling δ13CSOC. This analysis revealed two dominant, but very
well correlated climatic factors both of which are based on the
availability of water to plants for metabolic processes (W and
VPD). Either of these derived variables individually accounts
for the combined effects of MAP and MAT evident in our factor
analysis (Fig. 2; Table 2). We chose W as the primary variable
to formulate the optimized water use efficiency model because
of its ease of use, and reduction to units of amenable to the
interpretation of plant water use and water use efficiency (i.e.
annual flux in kmol H2O m−2 yr−1, see previous discussion of
optimized water use efficiency model of SOC).

After the variance of δ13CSOC due to W or VPD was removed,
the proportion of fine mineral particles (≤63 μm diameter) re-
mained the only significant correlation (p <0.05). Other non-
climatic factors such as N availability, litter quality, pH, and
clay content have been isolated in our data analysis such that
they are either minor secondary controls compared to W, or are
well correlated to W (Table 2). This result suggests that W can
fully account for all climatic controls on δ13CSOC, and presum-
ably climatic controls on the distribution of C3 and C4 plants.

3.3. Estimating model parameters: climatic controls on
Australian SOC stable isotopic composition

Using the optimized water use efficiency of SOC model de-
scribed above, we allowed δ13Cp and β values to vary in our

regression analysis of this data set to the model function, to ac-
count for environmental differences in δ13Cp input to the SOC
pool (Fig. 4). Four models are shown using a variety of com-
binations of the sense of the relationship between δ13Cp and W
for C3 and C4 plants. For the single model in which the average
δ13Cp values of C3 and C4 plants was held constant across cli-
mates (Fig. 4a), the regressed value of δ13CSOC derived from C3

plants was −27.7�, and β was 1.194. For the three models in
which the natural variation of δ13Cp in C3 plants is correlated to
W (Figs. 4b–d), best fit regressions of eq. (8) to the data set were
very similar and produced regressed values of δ13CSOC derived
from C3 plants, ranging from −25.5� to −25.6 �. For this
group of model runs, the calculated ratio of the efficiencies of
SOC storage for C4 to C3 ecosystems (β) were also very similar
and ranged from 1.058 to 1.064. For the latter three model runs
shown, this simple relationship to the single variable explains
more than 85% of the variance observed in the entire data set.

Using our model of optimized water use efficiency of SOC
production, we calculated ratio of water-use advantage of C4

plants as:

WUAC4/C3 = ESOC,C4

ESOC,C3

= ∂SOCC4/∂W

∂SOCC3/∂W

WUAC4/C3 =
β

[
1 + (Z−1)

eESOCWβ−1

]2

eESOCW(1−β−1)
[
1 + (Z−1)

eESOCW

]2 , (10)

where WUAC4/C3 is the ‘water use advantage’ of C4 plants over
C3 plants in assimilating C in the SOC pool. This dimension-
less number is thus greater than unity for conditions where C4

plants are more water-use efficient than C3 plants. WUAC4/C3 is
greater than unity up to −135 kmol H2O m−2 yr−1 W, showing
the range of environments over which C4 plants have a water-use
advantage over their C3 counterparts in mixed ecosystems (be-
low −135 kmol H2O m−2 yr−1 W with a maximum advantage
at −171 kmol H2O m−2 yr−1 W, Fig. 5).

Building on the model function of optimized water use effi-
ciency of SOC storage, we infer MAT to be the primary control
on SOC decomposition rates based on previous observational
and modelling studies (Berg et al., 1993; Lloyd and Taylor,
1994; Kirschbaum, 1995; Trumbore, 1997, 2000a, b; Kätterer
et al., 1998; Lenton and Huntingford, 2003; Liski et al., 2003;
Sanderman et al., 2003). Mean turnover time of the bulk SOC
pool in this model affects δ13CSOC by way of the terrestrial Suess
effect which has progressively depleted SOC of 13C by ∼1.5�
since the Industrial Revolution (Bird et al., 1996). Accounting
for this effect with a simple linear relationship, the isotopic com-
position of SOC in the 0–5 cm pool can be described in terms
of two simple climatic variables as:

δ13CSOC = f (W ) − k (MAT) . (11)
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Fig. 4. Application of the model in Fig. 3 to δ13CSOC and SOC inventory data from the 0–5 cm depth interval. Thresholds shown as in Fig. 2. (a) no
relationship between �B and W for either C3 or C4, (b) positive relationship for both C3 and C4, (c) positive relationship for C3, none for C4, and
(d) positive relationship for C3, negative for C4. Greyed area shows values of W below minimum W for Australia (−180 kmol H2O m−2 yr−1). Two
thresholds of W are shown with vertical dashed lines on each plot: −120 kmol H2O m−2 yr−1 W, above which SOC inventory is not limited by W,
and at −55 kmol H2O m−2 yr−1 W, above which evaporation is not limited by W.

Fig. 5. Modelled water-use advantage of C4 plants over C3 plants
(WUAC4/C3 ) with respect to the index of annual water availability (W)
using data from this study. Thresholds shown as in Fig. 2.

A linear regression of the residual from the δ13CSOC relation-
ship to W has a slope of −0.071�/K, and thus a total mag-
nitude of 1.1� for the Australian data set (15.9 K range of
MAT).

3.4. Interpreting model parameters: the carbon isotopic
composition of the continental scale SOC pool

Our regressed mean values of δ13CSOC for C3 and C4 ecosys-
tems (−25.3 and −11.1�) are slightly more 13C-enriched than
measurements of mean biomass from large global data compila-
tions (by 1.4�, as compared to the compilation of Cerling et al.,
1998). This 13C enrichment in our data set is likely due to a com-
bination of factors. δ13CSOC may be 13C-enriched with respect to
average modern biomass due to a greater representation of input
to SOC from root-derived rather than leaf-derived litter, since
the former is generally 13C-enriched by about 1.5� (Brugnoli
and Farquhar, 2000). We note however that we have minimized
this effect by using the shallowest sampling interval (0–5 cm, the
5–30 cm depth interval is on average 1.3� more 13C-enriched,
but shows the same climatic trends with respect to W). Also, be-
cause most C3 plants in Australia are evergreen, and evergreen
plants are slightly more 13C-enriched than deciduous varieties,
typically by ∼1� (Stuiver and Braziunas, 1987; Farquhar et al.,
1989; DeLucia and Schlesinger, 1991; Ehleringer et al., 1993;
Marshall and Zhang, 1994), this may account for up to 1� of
the difference between the regressed Australian δ13CSOC values
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and mean δ13Cp from more inclusive global plant data sets. And
finally, despite our attempt to collect the most ‘fresh’ SOC by
using the 0–5 cm depth interval from sandy soils only, and
thereby minimize the effects of pedogenic processes on δ13CSOC,
this interval is still an average of input from δ13Cp over the mean
residence time of the 0–5cm pool (∼1–30 yr). Therefore, the ter-
restrial Suess effect may account for some portion of our more
13C-enriched SOC data as compared to typical biomass, up to a
maximum of 1.5� (the maximum effect would only be reached
if the mean age of the 0–5 cm pool were > 150 yr).

The relatively good fit of our δ13CSOC data to our model
function emphasizes the role of WUEph, and the total water
and energy balance of plants on C3 and C4 productivity under
water limited climatic conditions typical of most of Australia.
Although the gain in A per unit E may seem vanishingly small in
well-watered environments, the marginal cost of photosynthesis
becomes increasingly significant under water stressed conditions
typical of the growing season in most of Australia. For example,
Berry and Roderick (2004) estimated that at the scale of the
Australian continent, each mole of CO2 fixed by C3 plants is ac-
companied by 175 mole of H2O of transpiration. At current mean
annual continental assimilation rates (73.3 mol CO2 m−2 yr−1),
the authors also calculated that continental transpiration would
be approximately 12.9 kmol H2O m−2 yr−1. The effect of this
transpiration flux on the plant energy balance would amount to
580 MJ m−2 yr−1 of annual latent heat flux from plants. From
these calculations, it is clear that transpiration is a significant
component of the annual average water and energy balance of
plants, and therefore must have a considerable effect on Tl. Mean
annual continental transpiration flux amounts to nearly half the
mean annual MAP flux (∼25 kmol H2O m−2 yr−1), and approxi-
mately 7.5% of the mean annual Qs flux (7.6 GJ m−2 yr−1, which
would amount to 170 kmol H2O m−2 yr−1 if all Qs flux were
converted into latent heat of evaporation). These statistics would
be much higher for the growing season, during which A and E
are higher. The resulting effect on growing season Tl would be
more pronounced than on these annual statistics.

Although we find that W has the most fundamental control
on δ13CSOC, regression of our model function (eq. 8) to W alone
shows some residual relationship to MAT. Temperature depen-
dence of biomass decomposition rates exerts some control over
δ13CSOC through variable incorporation of the terrestrial Suess
effect into the SOC pool (total maximum magnitude ∼1.5�).
Our relationship to W performs well in accounting for δ13C dif-
ferences of input to SOC. However, rates of SOC decomposition
are primarily controlled by temperature (Berg et al., 1993; Lloyd
and Taylor, 1994; Kirschbaum, 1995; Trumbore, 1997, 2000a, b;
Kätterer et al., 1998; Lenton and Huntingford, 2003; Liski et al.,
2003; Sanderman et al., 2003). Soil temperature drives the ob-
served latitudinal gradients in turnover time (Bird et al., 2002a),
and hence the magnitude of the terrestrial Suess effect observed
in the SOC pool. If mean SOC residence time increases with
decreasing MAT, there is likely some variation of the magnitude

of the terrestrial Suess effect observed in any bulk pool of SOC.
Our linear regression constant, k in eq. (11) accounts for this
variation. Thus the isotopic composition of SOC in the 0–5 cm
pool can be attributed (as in eq. 11) to variation due to both W
and MAT effects on turnover time represented by the terrestrial
Suess effect. It is worth noting that a portion of the terrestrial
Suess effect on δ13CSOC values may have already been accounted
for by W, as our model function may incorporate some of the ef-
fect of water availability on decomposition rates (Meentemeyer,
1978). Using this more complete model of water and energy
balance control on plant water use efficiency, combined with
temperature control on turnover time, and with our stable iso-
tope data from Australian SOC we obtain the following model
values: β = 1.108, δ13Cp(C3) = −24.7� (mean, actual function
of W described by a positive relationship in eq. 9), δ13Cp(C4) =
−10.5� (mean, actual function of W described by a positive
relationship in eq. 9), k = −0.071 K−1, Z = 163 mol C m−2 and
ESOC = 5.61 × 10−5 mol C yr mol−1 H2O. This regression equa-
tion, which follows physically realistic model parameters, and is
based on two simple environmental variables, explains 92% of
the variance observed in the entire δ13CSOC data set. This model
based solely on differences in the water use efficiency of C3 and
C4 plants explains the observed variance of δ13CSOC better than
any relationship to MAT or growing season temperature (mean
temperature during the wettest quarter year; Fig. 6). Growing
season air temperature is a relatively good approximation of
δ13CSOC, but only in the warmest growing season environments
of our data set. Growing season air temperature does not account
for the deviation of Tl from Ta, and hence cooling by latent heat
flux of transpiration. Thus the water-use efficiency model ac-
counts for all major climatic variables contributing to water and
energy balance during photosynthesis using a simple reduced
variable, W. Although this model accounts for C3 and C4 plant
distribution in deserts and savannas where water use efficiency
is the dominant mechanistic control, we expect that our model
would perform poorly at accounting for variability in δ13CSOC in
temperate and boreal regions (above ∼0 kmol H2O m−2 yr−1 W).
We have few validating data collected from these regions using
the same protocol in order to test this performance.

Our model calculations relate to the differences in average
ESOC of mixed C3–C4 ecosystems, and not to individual C4

versus C3 plants. In a given environment, plants of both types
may have different adaptive capabilities for coping with water
stress. For example, in a mixed C3–C4 savanna, C3 trees may
utilize deeper root systems to tap into deeper water sources,
while the C4 plants may benefit from more efficient use of surface
soil water, and C4 plants may have different adaptive strategies
to utilize their lower leaf-to-air CO2 concentration gradients.
Plants with each of these strategies within an ecosystem may
contribute differently to annual GPP, and thus to SOC storage.

It is surprising to note the overall low proportion of C4-derived
SOC, even in the most open savanna grassland environments
(Fig. 7a), and the most arid climates (Fig. 4). In our entire data
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Fig. 6. Stable carbon isotope composition of soil organic carbon (δ13CSOC) with respect to (a) mean annual temperature (MAT) and (b) mean
growing season temperature for the regions studied. Growing season temperature is estimated as the mean temperature during the wettest quarter of
the year.
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Fig. 7. (a) Stable carbon isotope composition of soil organic carbon (δ13CSOC) with respect to the fractional canopy cover estimates from the data
set in this study (ft). (b) The range of δ13CSOC values between average of 25 ‘tree’ and ‘grass’ sampling locations for each region in this study with
‘tree’ and grass locations with respect to bulk soil δ13CSOC. Grey areas show typical mean and standard deviation of C3 and C4 biomass (from
compilation of (Cerling et al., 1998). Closed symbols: 0–5 cm depth interval; open symbols: 5–30 cm depth interval.

set of 0–5 cm depth in sandy soils, δ13CSOC is always more
13C-depleted than −18� while the 5–30 cm depth interval is
always more depleted than −17�. Even the ‘grass’ samples
are never more 13C-enriched than −17.5 and −17�. The fact
that δ13CSOC never reaches 13C-enriched values typical of C4

biomass suggests one of three possibilities: (1) greater primary
productivity of C3 biomass in open-canopy environments (which
would contradict observations of lower WUEph of C3 plants), (2)
selective preservation of components of both C3 and C4 plants
that are more 13C-depleted than bulk biomass (although most

δ13CSOC values in C3 environments are more 13C-enriched than
typical C3 plants), or more likely and (3) selective preserva-
tion of C3-derived biomass as SOC in mixed C3–C4 ecosystems
(Wynn & Bird, 2007). Because we consider only sandy soils
(predominantly unreactive silica) in this analysis, the selective
preservation of components of organic matter by fine particles
and aggregates (Amelung et al., 1999) is assumed to be a mi-
nor contribution. Selective preservation of C3-derived biomass
in soil may operate due to (1) the more substantial input to
SOC from C3 roots, which penetrate the soil more deeply, or
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are more extensive, (2) the selective preservation of C3-derived
woody biomass in a stable pool of charcoal and black C, (3) the
preferential loss of C4-derived C during biomass burning and/or
grazing, or due to the CO2 fertilization effect and (4) a differ-
ence in the turnover time of C3- and C4-derived SOC due to
differences in the quality of organic matter (attributable in part
to differences in lignin content), or some combination of (1–4).

Although we recognize that climatic, biotic and edaphic con-
trols on δ13CSOC are interrelated, the aim of this analysis was
to limit the factors influencing δ13CSOC to simple climatic vari-
ables by excluding some of the confounding effects of variations
in biotic and edaphic conditions. In the following sections, we
separately examine the potential effects of biotic and edaphic
controls using the systematically collected data set.

3.5. Biotic controls on SOC stable isotopic composition

Figure 7a demonstrates a sigmoidal variation of δ13CSOC to mea-
surements of the fractional cover of woody vegetation (ft). Our
stratified measurements of δ13CSOC are apportioned mathemati-
cally using the mean value of ft over the 25 sampling locations.
δ13CSOC is therefore sensitive to our ft measurements, which vary
with W (Fig. 8). We describe these relationships with an empiri-
cal least-squares regression of the bulk δ13CSOC as a function of
ft:

δSOC(ft ) = δmid + 1

2
δrange − δrangees(ft −fw mid)

1 + es(ft −fw mid)
, (12)

Fig. 8. Variation in the fractional canopy cover (ft) measured for soil
regions with ‘tree’ and ‘grass’ sites with respect to the annual moisture
availability index (W). Regression equation describes a sigmoidal
relationship with fixed variation between 0 and 1, with the lower
‘turning value’ fixed at −180 kmol H2O m−2 yr−1 W, and the upper
value set by least-squares regression at −20 kmol H2O m−2 yr−1 W;
units of W in the regression are in kmol H2O m−2 yr−1. Thresholds
shown as in Fig. 2.

where δmid and δ range describe the midpoint and range of pre-
dicted δ13CSOC values, f t mid and s describe the midpoint and
maximum slope of the sigmoid.

From this relationship, it is expected that future research can
provide more rigorous predictions of the proportion of trees
and grass in savanna environments commonly used in palaeoen-
vironmental analysis based on δ13C measurements from fossil
soils (paleosols) in mixed C3–C4 ecosystems (savannas, e.g.
Cerling, 1992a). Much of this work has predicted a proportion
of canopy cover from δ13C of soil components derived from
biomass (organic matter and carbonate), using a simple mixing
model between inputs from woody vegetation (predominantly
C3) and tropical grasses (predominantly C4) to interpret the
canopy cover of woody vegetation (Cerling et al., 1989; Quade
and Cerling, 1995; Koch, 1998; Levin et al., 2004; Wynn, 2004),
which is likely not as precise as the above analysis based on ex-
tensive data collected along extreme environmental gradients.

Figure 7b also demonstrates a significant relationship in the
range of δ13CSOC values between equivalent ‘tree’ and ‘grass’
samples from the same region (T-G range δ13CSOC), and the bulk
δ13CSOC value within both depth intervals of this data set. This
observation supports the argument that spatial variability of the
distribution of C3–C4 biomass increases in arid environments
(Wynn, 2004), a factor which should be taken into account in
sampling and analysis of palaeoenvironmental reconstructions
from palaeosols. The 5–30 cm depth interval shows a more sim-
ilar δ13CSOC between tree and grass locations, again suggesting
selective preservation of C3-derived biomass as SOC in this
depth interval, which has a longer mean residence time than the
0–5 cm interval.

3.6. Edaphic controls on SOC stable isotopic
composition

Figure 9 shows variation of δ13CSOC in particle size separates
from soils of variable texture collected within four narrow cli-
matic regimes of Australia. In general, δ13CSOC becomes more
13C-enriched with decreasing particle size due to a combination
of several factors, a phenomenon that has been demonstrated by
a number of similar analyses (Bird and Pousai, 1997; Bird et al.,
2001; Wynn et al., 2005). Bird et al. (2002a) further used 14C
analyses to show that much of this effect is due to an increase
in mean residence time of SOC preserved in association with
fine particles, particularly fractions less than 63 μm diameter,
in which SOC is preserved as ‘particulate’ organic matter rather
than ‘mineral-associated’ organic matter, the latter of which may
be stabilized in soil aggregates. We have already discussed the
role of the terrestrial Suess effect in the context of tempera-
ture control on SOC residence time in sandy soils. However,
this process is also likely to account for much of the difference
we observe between the coarse fractions (most recently assim-
ilated C and finest fraction (most stable and oldest C) of soils
from dominantly C3 vegetation (tropical and temperate forests of
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Fig. 9. Difference between carbon isotope ratio of particle size classes (δ13Cpsc) and bulk soil (δ13CSOC) measured on three physically separated
particle size fractions (500–2000 μm, 63–500 μm and <63 μm) for both the 0–5 cm and 5–30 cm intervals of variable texture soil regions sampled
from Australia in four climatic zones. Each group of soil regions are sampled from within narrow climatic constraints in four climate zones of
Australia (deserts of outback Queensland, semi-arid savannas of central Queensland, tropical forests of coastal north Queensland, and temperate
forests of Tasmania; Fig. 1). Within each group, sites are listed in order of increasing fine fraction. Positive values indicate a particle size fraction
more 13C-enriched than bulk soil, negative values more 13C-depleted in the particle size.

Fig. 9). In these climates, where vegetation is dominated by C3

biomass, differences up to 1.6� are observed, with the <63 μm
fraction consistently more 13C-enriched than coarser fractions.
We note that as the relationships between δ13CSOC and climate
were derived only from sandy soils (f <63 μm <0.1), the values for
SOC stabilization by fine mineral particles, particularly in the
0–5 cm interval on which the modelled relationships are based,
will be low.

In soils of mixed C3–C4 vegetation, a number of other factors
must account for up to 9� differences between coarse and fine
particle size separates. In general, similar trends are observed,
in that the <63 μm fraction is more 13C-enriched than bulk soil,
and the >63 μm fractions are more 13C-depleted (with several
exceptions). These data suggest that SOC enriched in 13C by
several per mil is preferentially preserved by interaction with
fine mineral particles. However, because this variation is outside
the range of isotopic disequilibrium values for the terrestrial
Suess effect, we must consider several additional possibilities:
(1) increased input from C3 biomass during the time frame of
the mean residence time of the 0–5 cm SOC pool (either due
to natural or anthropogenic causes), (2) selective input of C3

biomass to coarse fractions and C4 biomass to fine fractions or

(3) selective preservation of C4-derived SOC over C3-derived
SOC in the fine fractions of soil. Because our sampling avoided
areas of anthropogenic disturbance of the ‘natural’ C3–C4 ra-
tio (minimizing the effects of 1), (2) has not been observed to
our knowledge. We consider these trends to record a general
increase in the productivity of C3 biomass in these mixed C3/C4

ecosystems due to natural CO2-fertilization of C3 plants, a factor
predicted by theoretical constraints (Farquhar, 1997).

4. Conclusions

This study has attempted to account for the factors controlling
the carbon isotopic composition of the surface pool of SOC
at the scale of the Australian continent by using a uniformly
collected and analysed data set covering the natural variation of
climatic, edaphic and biotic controls at that scale. Our analysis
of the climatic effects on δ13CSOC examines a sample set of
sandy soils, which limits variation of edaphic factors controlling
decomposition rates and stabilization of SOC by fine mineral
particles. Using this data set, our multivariate statistical analyses
suggest that the annual availability of water in an ecosystem (W)
is the primary control on soil carbon isotope values in Australia’s
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deserts and savannas, primarily through control of the ratio of
C3–C4 productivity, and their contribution to SOC. We model
the natural variation of δ13CSOC in sandy soils with a simple
function describing the optimized competition between C3 and
C4 plants, which have variable water use efficiency. Our model
emphasizes the water-use advantage of C4 plants over C3 plants
in environments where water availability is a limiting factor
for plant physiological processes—conditions that predominate
in Australia. Building on this model of optimized water-use
efficiency, we also use temperature effects on soil organic matter
decomposition rates, and the resultant effect of variation in the
mean residence time of soil organic carbon, on the degree to
which the terrestrial Suess effect is incorporated into the bulk
SOC pool.

Model regression of our data collected from wide ranging
environments across Australia, and including sampled regions
outside the Australian climatic variation, accounts for 92% of
the variance of δ13CSOC observed. None of the sandy soil regions
in Australia shows a δ13CSOC value typical of SOC derived en-
tirely from C4 biomass, which we suggest indicates the selective
preservation in the SOC pool of C3-derived biomass over C4-
derived biomass.

Edaphic controls on the carbon isotopic composition of SOC
are considered using similarly collected data on particle size
separates from soils of variable texture collected within narrow
climatic constraints. Our data for C3-dominated environments
are consistent with the protection of a 13C-enriched pool of
old, stable SOC in association with fine mineral particles, and
relatively 13C-depleted particulate SOC from fresh biomass, with
a magnitude of the difference between fine and coarse fractions
consistent with the terrestrial Suess effect. Particle size separate
data from mixed C3–C4 environments are consistent with natural
CO2-fertilization of C3 biomass by rising atmospheric CO2,
and the resultant increase in the competitive advantage of C3

vegetation.
Because accurate C cycle predictions rely on the ability of

models to represent fundamental controlling processes, and on
validation by comprehensive data sets collected over a wide
range of controlling environmental conditions, we propose that
enhanced model representation of isotopic processes in the soil
organic carbon pool will: (1) provide more rigorous constraints
on global CO2 flux magnitudes from terrestrial systems, (2) iden-
tify and quantify sources of CO2 flux to the atmosphere and (3)
quantify the residence times of C fixed from atmospheric CO2

in biomass and SOC in larger-scale C cycle models (Ciais et al.,
1995; Fung et al., 1997; Bakwin et al., 1998; Battle et al., 2000).
Additional benefits of the fusion of this model with SOC iso-
tope data collected over expansive environmental gradients (such
as latitudinal, precipitation, temperature transects) include: (1),
tools for the validation of global models of the 13C discrimina-
tion during CO2 assimilation by the terrestrial biosphere (Lloyd
and Farquhar, 1994; Still et al., 2003; Suits et al., 2005), (2)
further understanding of the role of pedogenic processes on

spatial trends of carbon, nitrogen and sulphur isotopes, all of
which typically show enrichment of the heavy isotope with depth
and with organic matter quality or ‘age’ (Novák et al., 2003;
Wynn et al., 2005), (3) providing baselines for interpretations of
past vegetation change, which are based on changes of carbon
isotope composition with depth in soils (Skjemstad et al., 1990;
Bonde et al., 1992; Boutton, 1996; Roscoe et al., 2001) and
(4) fundamental constraints for much palaeoclimatic research
that is underpinned by an understanding of the stable isotopic
composition of SOC and soil-respired CO2, such as constraints
on C cycle through geological time (Bird et al., 1994), palaeo-
CO2 barometry (Cerling, 1992b; Bowen and Beerling, 2004) and
palaeoclimatic, palaeovegetation and palaeodietary history from
fossil materials such as palaeosol organic matter and carbonate,
phytoliths, tooth enamel, bone collagen and guano deposits (cf.
Cerling, 1984; Cerling et al., 1989; Cerling and Quade, 1993;
Koch et al., 1994; Kelly et al., 1998; Koch, 1998).
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