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ABSTRACT
A recent study of coupled atmospheric carbon dioxide and the biosphere (Cox et al., 2000, Nature, 408, 184–187) found
alarming sensitivity of next-century atmospheric pCO2 (and hence planetary temperature) to uncertainties in terrestrial
processes. Here we investigate whether there is similar sensitivity associated with uncertainties in the behaviour of the
ocean carbon cycle. We investigate this important question using three models of the ocean carbon cycle of varying
complexity: (1) a new three-box oceanic carbon cycle model; (2) the HILDA multibox model with high vertical
resolution at low latitudes; (3) the Hadley Centre ocean general circulation model (HadOCC). These models were used
in combination to assess the quantitative significance (to year 2100 pCO2) of potential changes to the ocean stimulated
by global warming and other anthropogenic activities over the period 2000–2100. It was found that an increase in sea
surface temperature and a decrease in the mixing rate due to stratification give rise to the greatest relative changes in
pCO2, both being positive feedbacks. We failed to find any comparable large sensitivity due to the ocean.

1. Introduction

1.1. Characterization of ocean uncertainties

Uncertainties in the response of terrestrial vegetation and res-
piration to climate change lead to uncertainties in atmospheric
pCO2 at 2100 of up to 250 ppm (Cox et al., 2000). This uncer-
tainty is large compared with the “most likely” increase over the
next 100 yr (about 350–400 ppm, from ∼360 today to ∼700–
750 ppm at year 2100 (IPCC, 2001)), which makes estimates
of future global warming much less well constrained. It is crit-
ical for society to be aware of such uncertainty in order to plan
appropriately for worst-case contingencies as well as greatest-
probability scenarios. In their high-resolution general circulation
model (GCM), Cox et al. (2000) included a dynamic ocean and
also a dynamic terrestrial biosphere, both of which were allowed
to change in response to changing CO2 and climate. They found
that two feedbacks in particular (a large temperature influence
on the rate of respiration of soil carbon and drying out of the
Amazon rainforest), both terrestrial, made a large difference to
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year 2100 atmospheric pCO2. This study is related, but not di-
rectly comparable, to that of Cox et al. (2000). Whereas Cox
et al. (2000) explored only one scenario, and therefore only one
set of assumptions about the nature and magnitude of each feed-
back, in this study we explore ocean feedbacks individually and
adopt extreme assumptions about each feedback in order to as-
sess the bounds to our uncertainty. Cox et al. (2000), with their
one scenario, identified an alarmingly large dependence of year
2100 pCO2 on uncertainties in future behaviour of the terrestrial
biosphere. Here we take three models of the ocean carbon cy-
cle and use them in a targeted way specifically to see if there is
a similar degree of sensitivity due to uncertainties about future
ocean behaviour.

1.2. Quantitative models

The impact of anthropogenic perturbations on the Earth system
over the next 100 yr cannot be foretold with absolute certainty
but can be estimated using models. At the lower end of com-
plexity are box models, which range from simple two-box mod-
els, first suggested by Craig (1957), to multibox models such as
the high-latitude diffusion–advection model (HILDA) used by
Siegenthaler and Joos (1992). More recently, 3-D ocean general
circulation models (OGCMs) such as the Princeton 3-D model
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(Sarmiento et al., 1992), the Hamburg 3-D model (Maier-Reimer
et al., 1993) and the Hadley Centre OGCM (HadOCC) (Cox
et al., 2000) have been used. Recent modelling studies have in-
vestigated the effect of increasing CO2 and climate change on
ocean carbon cycling (Klepper and de Haan, 1995; Maier-Reimer
et al., 1996; Sarmiento et al., 1998; Matear and Hirst, 1999; Joos
et al., 1999; Plattner and Marchal, 2001; Bopp et al., 2001). These
models, with the exception of that of Klepper and de Haan (1995)
and Plattner and Marchal (2001), consider only simple changes
in biological productivity (i.e. those driven by changes in cir-
culation) but do not, for example, consider changes in external
nutrient supply or species composition (IPCC, 2001). Klepper
and de Haan (1995) used a 2-D global model of ocean chem-
istry and biology to investigate the sensitivity of oceanic CO2

uptake to alterations of phytoplankton production due to CO2

increase, increased UV radiation and eutrophication, in addi-
tion to temperature increase and decreasing circulation. Plattner
and Marchal (2001) have examined scenarios of increasing and
decreasing calcium carbonate producers. Here, we follow a sim-
ilar approach to Klepper and de Haan (1995) but we assess the
quantitative sensitivity of CO2 accumulation in the atmosphere
to ocean processes using three models of varying complexity:
a new three-box model, the multibox model HILDA and the
OGCM, HadOCC. We explore in greater depth the sensitivity
of CO2 accumulation to alterations in biological oceanographic
processes, in addition to the physical changes associated with
global warming. The importance of biological oceanographic
processes to climate change has previously been questioned by
Broecker (1991) with replies by Sarmiento (1991) and Longhurst
(1991); in this paper we estimate the sensitivity to both biological
and abiological feedbacks.

The steady-state models were forced with anthropogenic CO2

emissions data for 1850 to 1990 and simulated emissions for
1990 to 2100 (Enting et al., 1994). The models were applied to
investigate the possible changes in ocean functioning over the
period 2000–2100 in response to various anthropogenic effects
and to assess the extent to which these effects could exacerbate
or ameliorate global warming. In the interests of brevity, we
refer to these anthropogenic effects as “feedbacks” throughout.
However, in some cases (e.g. increased fertilizer run-off into the
ocean) the term is strictly incorrect because an induced change
in atmospheric CO2 does not feed back to alter the initial cause.

2. Model descriptions

We use three independently constructed models in this study, but
give greater attention to explaining and validating the simplest
model because, unlike the other two, it has not been previously
published elsewhere.

2.1. The three-box model

The three-box model was developed from a two-box model of
the oceanic nitrogen and phosphorus cycles (Tyrrell, 1999). This

model includes three vertically stacked boxes: a surface box (0–
100 m) which represents the euphotic zone, a middle box (100–
500 m) which represents the annually mixed surface layer above
the seasonal thermocline, and a deep box (500–3730 m) repre-
senting the deep layer below the annual thermocline. The model
represents an average water column down to the sea bed, has a
spatially and temporally averaged input of nutrients, carbon and
alkalinity and does not take into account any latitudinal or hor-
izontal variations. Phosphate is used as the limiting nutrient for
primary productivity, in keeping with other geochemical mod-
els as it is thought to be the ultimate limiting nutrient (Tyrrell,
1999), although nitrogen could equally well have been used for
this timescale. The biology is modelled explicitly, with the rel-
evant parameters being taken directly from Tyrrell (1999). The
carbon chemistry follows Lewis and Wallace (1997). The addi-
tion of a third box makes it possible to model both air–sea gas
exchange and mixing with the deep box correctly. Differences
between the depth profiles of CaCO3 dissolution and of organic
matter remineralization are also easier to represent with three
boxes.

A potentially serious omission from the three-box model is the
solubility pump. This meant that absolute pCO2 values could
not be calculated accurately; however, relative changes could
be evaluated successfully. The intercomparison of the three
models in this study enabled the effect of this omission to be
evaluated.

A recognized deficiency in most older models is the omis-
sion of the calcium carbonate (CaCO3) cycle, e.g. the models of
Khesghi et al. (1991), Prentice et al. (2001), Shaffer (1993) and
Yamanaka and Tajika (1996). One of our aims with this model
was to model explicitly the cycling of CaCO3 in order to as-
sess the impact of potential changes to abundance of calcium
carbonate-producing organisms such as coccolithophores.

2.1.1. Components of the three-box model. The distribution
of CO2 within the ocean is governed by physical, chemical and
biological processes: the exchange of CO2 between the atmo-
sphere and the ocean, vertical and horizontal advection of water,
the organic carbon and calcium carbonate pumps and chemical
speciation.

(1) Distribution of total CO2 (TCO2). Many processes to-
gether determine the distribution of TCO2. Processes repre-
sented in the model are: air–sea gas exchange of CO2, riverine
input of dissolved inorganic carbon, biological uptake of CO2

into biomass, remineralization and burial of biomass, precipita-
tion and dissolution of CaCO3 and mixing processes between
the three layers.

(2) Distribution of alkalinity. The important processes gov-
erning the distribution of alkalinity in the ocean (and in the
model) are: riverine input of bicarbonate and nitrate, precipita-
tion of CaCO3 by organisms and the biological uptake of nitrate,
the dissolution CaCO3 deeper in the ocean and the remineral-
ization of nitrate, burial of CaCO3 and nitrate in biomass and
mixing processes between the three layers.
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The production of CaCO3 in the surface ocean is linked to
the production of organic matter through the “rain ratio” (RR),
which is the molar ratio of CaCO3 C export from the surface
box to particulate organic carbon (POC) C export. This model
also uses a “production ratio” (PR), which is the ratio of CaCO3

production to total primary production, both in units of moles
of C.

Processes that have been ignored in the model are the dis-
solution of CaCO3 from the sediments and adjustment of the
lysocline depth which occurs over a timescale of thousands of
years (Sundquist, 1986) and the processes of nitrogen fixation
and denitrification. Nitrate has only a small effect on alkalinity
compared with the cycling of CaCO3.

2.1.2. Model equations. The distribution of CO2(aq) (dis-
solved inorganic carbon in the form of dissolved CO2 gas, as
opposed to bicarbonate or carbonate ions) within the ocean is a
function of temperature, salinity, pressure, alkalinity and TCO2.
The equations used to model alkalinity and TCO2 were formu-
lated using the equations given by Sarmiento (1992):

SMSalkalinity = (2 × SMSCaCO3) − SMSN

SMSTCO2 = rC/PSMSP + SMSCaCO3

where SMS is “sources minus sinks” and rC/P is the Redfield
ratio of carbon to phosphorus in organic matter. The cycling of
nitrate is tied to the cycling of phosphate by Redfield ratios so
SMSN can be rewritten as rN/P SMSP.

There are 11 variables in the model: phytoplankton biomass
(B, phosphorus units) in the surface layer only; phosphate (P),
TCO2 and alkalinity (A) in the surface, middle and deep layers;
and atmospheric CO2. The equations, parameter descriptions
and values are shown in Appendices A and B. The differential
equations were solved using a fourth-order Runge–Kutta algo-

Table 1. Three-box model steady-state concentrationsa

Variable Units Model value Literature values

Phytoplankton (standing stock) mol P m−3 1.37 × 10−5 1.242 × 10−5 (Schlesinger 1997), 3.702 × 10−5 (Mackenzie et al., 1993),
1.851 × 10−5 (Goldman and Glibert, 1983),
1.415 × 10−5 (Barnes and Hughes, 1988)

Surface PO3−
4 mol P m−3 1.200 × 10−4 0.743 × 10−4 (Takahashi et al., 1981), 0.15 × 10−4 (Craig et al., 1981)

Middle PO3−
4 mol P m−3 0.931 × 10−3 2.045 × 10−3 (Takahashi et al., 1981), 0.4 × 10−3 (Craig et al., 1981)

Deep PO3−
4 mol P m−3 1.89 × 10−3 2.201 × 10−3 (Takahashi et al., 1981), 1.85 × 10−3 (Craig et al., 1981)

Surface TCO2 mol C m−3 2.021 2.041 (Takahashi et al., 1981), 2.005 (Craig et al., 1981)
Middle TCO2 mol C m−3 2.149 2.224 (Takahashi et al., 1981), 2.075 (Craig et al., 1981)
Deep TCO2 mol C m−3 2.281 2.308 (Takahashi et al., 1981), 2.270 (Craig et al., 1981)
Surface alkalinity mol C m−3 2.341 2.305 (Takahashi et al., 1981), 2.355 (Craig et al., 1981)
Middle alkalinity mol C m−3 2.358 2.325 (Takahashi et al., 1981), 2.340 (Craig et al., 1981)
Deep alkalinity mol C m−3 2.431 2.423 (Takahashi et al., 1981), 2.390 (Craig et al., 1981)
Atmospheric CO2 ppm 300.5b 280 (Watson et al., 1990)

aAll values given are for pre-anthropogenic concentrations.
bThe model value for atmospheric CO2 is too high due to the missing effect of the solubility pump.

rithm (Press et al., 1992). Mass balance checks were carried out
to verify that the total numbers of moles of phosphorous, carbon
and total alkalinity were conserved in the system.

2.1.3. Initial model testing. The carbon cycle is presumed
here to have been in steady state in pre-industrial times. The
model is therefore arranged so that phytoplankton, phospho-
rus, carbon and alkalinity cycles are all in steady state before
1800, and so that the steady-state cycling is in reasonable agree-
ment with literature estimates. Tables 1 and 2 show the model
steady-state concentrations and steady-state global annual fluxes
of carbon.

The pre-industrial steady state pCO2 is assumed to be
∼280 ppm (Watson et al., 1990). The atmospheric pCO2 con-
centration produced by the model is 300 ppm, approximately
20 ppm too high. This small discrepancy is probably due to the
omission of the solubility pump in this model.

2.1.4. Modelling the anthropogenic addition of CO2 to the
system. Carbon dioxide emission data for 1850–1990 were ob-
tained from the Carbon Dioxide Information Analysis Center
(CDIAC) (data available at http://cdiac.esd.ornl.gov/). These fig-
ures incorporated global CO2 emissions from burning of fossil
fuel, cement manufacture and gas flaring. To include emissions
due to changes in land use 60% was added to the values, which
kept the cumulative emissions similar to the IPCC value for the
cumulative input of anthropogenic CO2 (312 ± 40 Gt C during
the period 1850 to 1986).

2.1.5. Modelling the “missing sink”. This version of the
model produces an atmospheric CO2 concentration of 414 ppm
in the year 1990, which, after correction for the missing solu-
bility pump, is 394 ppm. However, the observed value in 1990
was 353 ppm (Keeling et al., 1996) i.e. the amount of anthro-
pogenic carbon residing in the atmosphere is too high. The
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Table 2. Three-box model steady-state carbon fluxes (Gt C yr−1)

Flux Model value Literature value

Total (net) primary production 45.9 26.8 (Berger et al., 1987), 50 (Martin et al., 1987),
(TPP) 36.5–45.6 (Antoine et al., 1996), 45 (Mackenzie et al., 1993)
Sinking flux of POC at100 m 9.18 9.0 at 50 m (Yamanaka, 1995), 9.2 (Schlitzer, 1996)
Sedimenting flux of POC 0.24 0.44 (Schlitzer, 1996)
Riverine input flux of TCO2 0.43 0.389 (Ludwig et al., 1996), 0.4 (Wollast, 1994), 0.38 (Meybeck, 1993)
Air–sea flux of CO2 0 −0.4 to −0.7 (Siegenthaler and Sarmiento, 1993)
Mixing flux into middle layer 1.72 ?
Mixing flux into surface layer 10.12 ?
Surface regeneration of POC 36.73 75–95% TPP = 34.5–43.7 (Appendix B)
Middle regeneration of POC 7.8 9.8% TPP = 4.5 (Appendix B)
Deep regeneration of POC 1.14 4% TPP = 1.84 (Appendix B)
Total production of calcite 1.38 1.02 (Wollast, 1994), 1.0–2.0 (Shaffer, 1993), 0.63 (Milliman, 1993),
(TPC) 0.6 (Archer, 1996), 0.70 (Milliman et al., 1999)
Sinking flux of calcite at 100 m 1.38 0.42–0.75 (Sundquist, 1985), 1.2 (Schlitzer, 1996),

0.28 at 1000 m (Milliman, 1993)
Sedimenting flux of calcite 0.19 (Sundquist, 1985), 0.42 (Schlitzer, 1996), 0.204 (Wollast, 1994),

0.46 (Milliman 1993), 0.132 (Milliman et al., 1999)
Riverine flux of alkalinity 0.433 0.388 (Wollast, 1994); 0.44 (Sundquist, 1986)
Mixing flux into middle layer 0.96 ?
Mixing flux into surface layer 45.91 ?
Surface dissolution of calcite 0.0 0 (Wollast, 1994)
Middle dissolution of calcite 0.61 ?
Deep dissolution of calcite 0.58 0.792 (Wollast, 1994), 0.49 (Broecker and Peng, 1982)

storage of this extra CO2 has been termed the “missing sink”
and is thought to be due to the greening of the Northern Hemi-
sphere forests (Broecker and Peng, 1993). The dynamics of this
extra sink (treeout) are poorly known and were incorporated into
the model using a simple linear approach:

treeout = 0.01375 × (pCO2(t) − pCO2(1800))

although a more complicated formulation was tried as a sensi-
tivity analysis (see Section 5.2). Figure 1 shows that the value
for atmospheric CO2 at the end of the 300-yr run (1800–2100)
is 744 ppm. In 1990, the corrected pCO2 was 374 ppm which
is still ∼20 ppm too high, but as the information available on
the terrestrial sink is incomplete it was considered suitable for
this model. This was used as the standard run of the three-box
model.

2.2. HILDA

We used a version of the HILDA model (Shaffer and Sarmiento,
1995; Siegenthaler and Joos, 1992). This model has a single sur-
face box for each of low-latitude and high-latitude regions, and a
single mixed box for high-latitude deep water. The low-latitude
deep ocean, in contrast, is represented with much higher vertical
resolution, using a total of 68 stacked boxes. The model includes
a separate overturning circulation in addition to mixing between
adjacent boxes. We added explicit and dynamic phytoplankton

and alkalinity to this model. Phytoplankton were simulated in
the two surface boxes only; growth dependence on phosphate,
maximum growth rate and phytoplankton mortality were iden-
tical to those used for the three-box model (Appendix B). The
fraction of organic carbon that escaped remineralization in the
surface layer (50% of the total) was remineralized down the wa-
ter column using the Martin curve (Martin et al., 1987). The
calcite flux was calculated as a multiple of the organic carbon
flux (a forced rain ratio leaving the surface layer of particulate
inorganic carbon (PIC):POC = 0.15). Fifty per cent of the cal-
cite flux was remineralized in the upper water column (Milliman
et al., 1999), using the Martin profile, the other 50% over a larger
length scale.

2.3. HadOCC

We also carried out the perturbation experiments using the
Hadley Centre ocean carbon cycle (HadOCC) model, a cou-
pled physical–biogeochemical model of the ocean carbon cycle
which is described fully in Palmer and Totterdell (2001). The
HadOCC model was the ocean part of the GCM used by Cox
et al. (2000) and so provides continuity with that study.
The coarse-resolution version of the Hadley ocean model
(HadOM3L) was used—this has a horizontal resolution of
3.75◦E–W and 2.5◦N–S and a vertical resolution of 10 m near
the surface, increasing to 600 m at depth. The model was forced
by climatological monthly means of surface and penetrating heat
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Fig 1. Model results for the standard three-box run.

fluxes, surface freshwater fluxes and wind stresses. There was
also a very weak relaxation towards monthly means of sea sur-
face temperatures and salinities. The forcing fields used were
taken from the control run of the HadCM3 greenhouse gas ex-
periment (Johns et al., 2003). The model was spun up for 100
yr, after which time the net air–sea flux was less than 0.1 Pg C
yr−1 and biological production was stable.

3. Evaluation of the accuracy
of the model results

3.1. The three-box model calibration
and parameter justification

In order to apply the three-box model to various scenarios of
anthropogenic perturbations, the model had to simulate the pre-
industrial carbon cycle correctly. The steady-state model distri-
butions of phosphate, alkalinity and TCO2 needed to agree with
the estimated actual mean distributions of these variables in the
global ocean prior to 1800. For the timescale under considera-
tion (100 yr), it is the surface concentrations of these species that
are most important. The greatest uncertainty in this model lies
in the parametrization of the cycling of CaCO3, as only a few
major studies of this subject have been carried out (Milliman,
1993; Wollast, 1994; Milliman et al., 1999). The carbonate bud-
get put forward by Milliman (1993) states that all the numbers
used to compute the budget (apart from the input of calcium from
rivers) are “subject to at least 25 to 50% uncertainty”. In addition
to keeping them close to literature estimates, the values of the
parameters for calcite in the model were determined partly by
the requirements of TCO2 and alkalinity long-term steady-state,

and by tuning the model to reproduce the observed distribution of
alkalinity in the ocean, according to the GEOSECS data (Craig
et al., 1981).

The rain ratio—the ratio of the export rate of calcite to that
of POC—is an important parameter in determining the sur-
face partial pressure of CO2 and was previously considered
to be ∼0.25, i.e. 1 mole of calcite is exported for every 4
moles of POC (Broecker and Peng, 1982). However, the use
of this value in calculating the production ratio in this model
gave rise to alkalinity concentration gradients that did not agree
with the gradients observed in the ocean, and which did not al-
low the model to reach a steady state. An analytical method
(see Appendix C) was used to try to calculate the values of
the parameters relating to the alkalinity distribution, namely
the rain ratio, the dissolution parameters and the sedimenting
fraction.

The steady-state production rate of biogenic CaCO3 was
1.38 Gt C yr−1 using this model. This gave optimum values
of 14% for the sedimenting fraction of calcite and 0.15 rather
than 0.25 for the rain ratio. A CaCO3 budget based on sediment
traps, production estimates and sediment cores (Milliman, 1993)
calculated the total production of calcite to be 0.63 Gt C yr−1,
with 60% of this sedimenting out. The total production estimate
has since been revised to 0.69 Gt C yr−1 (Milliman et al., 1999).
The total production of calcite produced in this model is two
times higher than this, in line with values produced by other
models: 1–2 Gt C yr−1 (Shaffer, 1993); 1.2 Gt C yr−1 (Archer
and Maier-Reimer, 1994); 1.13 Gt C yr−1 (Wollast, 1994).
Other estimates of the rain ratio have ranged from 0.10 to 0.28
(Shaffer, 1993; Yamanaka and Tajika 1996). Sarmiento et al.
(2001) have recently estimated the global molar export ratio to
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Table 3. Carbon uptake by the ocean, atmospheric and terrestrial reservoirs for the period 1980–1989

Three-box model HILDA HadOCC

Uptake Ocean Atmos. Terr. Ocean Atmos. Terr. Ocean Atmos. Terr.

Gt C yr−1 1.4 5.1 1.3 2.79 3.16 0.91 1.77 3.77 1.15
%CO2 emissions 17.6 66.1 16.3 41 46 13 26.5 56.4 17.2
Airborne fraction 0.7 0.5 0.6

Table 4. Comparison of average oceanic uptake (Gt C yr−1)for the
period 1980–1989 produced by carbon cycle models

Model name Oceanic uptake rate
(Gt C yr−1)

1-D box-diffusion model (Siegenthaler, 1983) 2.32
1-D three-box model (this study) 1.4
HILDA (Siegenthaler and Joos, 1992) 2.15
Princeton/GFDLa 2.2
MPIa 1.6
Hadleya 2.1
IPSLa 1.5
CSIRO (Matear and Hirst, 1999) 1.3

aData taken from the Ocean Carbon-Cycle Model Intercomparison
Project (OCMIP) (Orr et al., 2001).

be 0.06 ± 0.03, based on an ocean biogeochemical-transport
box model and observations of the vertical gradients of potential
alkalinity and nitrate.

For the model to reproduce the vertical distribution of alka-
linity, a significant percentage of CaCO3 underwent dissolution
in the water column, with only 14% sedimenting out. Archer
(1996), using a diagenetic model of CaCO3 preservation in deep-
sea sediments, predicted that 20–30% of the flux of CaCO3 to the
sea floor globally escapes dissolution. Milliman et al. (1999) pro-
vide evidence from a combination of box model, production and
flux data, and laboratory feeding experiments that suggests that
40–80% of surface-produced carbonate is lost at depths shal-
lower that 800–1000 m, and that only 20% is sequestered in
deep-sea sediments.

3.2. Ocean uptake of CO2

Table 3 shows the amount of carbon being taken up by the ocean,
atmosphere and terrestrial reservoirs for the period 1980–1989
for the three-box model, the HILDA model and the HadOCC
model. Table 4 shows estimates of the average oceanic CO2

uptake rate (Gt C yr−1) for the period 1980 to 1989 produced by
other carbon cycle models.

The average uptake for this period has been estimated at 1.9
± 0.6 Gt C yr−1 (IPCC, 2001). The three-box model produces
an average uptake of anthropogenic CO2 (no correction has been

made for the natural pre-industrial efflux which is zero in this
model) of 1.4 Gt C yr−1. One would expect the CO2 uptake
to be slightly greater with the addition of the solubility pump.
Ocean uptake rates derived from observational data are reported
to be 1.5 ± 0.9 Gt C yr−1 for 1985 to 1995 (using the ocean
13C inventory; Gruber and Keeling, 2001) and 1.8 Gt C yr−1 for
1980–1989 (using O2 in firn air; Battle et al. 1996). The fossil
fuel-induced rise in the oceanic dissolved inorganic carbon (DIC)
inventory (standard run) differed between models. In HadOCC
the amount of anthropogenic CO2 that had found its way into
the ocean rose from 128 Gt C at year 2000 to 450 Gt C at year
2100 (net anthropogenic air–sea flux at year 2100 was 4.00 Gt C
yr−1). The corresponding figures for the other two models are:
HILDA model, 175 Gt C at 2000 to 675 Gt C at 2100 (6.40 Gt
C yr−1 at 2100); three-box model, 94 Gt C at 2000 to 499 Gt C
at 2100 (3.65 Gt C yr−1 at 2100).

4. Application of the models to anthropogenic
perturbations

4.1. Perturbations to the system

To apply the models to predict the effects of global warming and
the impact of possible feedback mechanisms in the ocean over
the next 100 yr (2000–2100), the following tests were carried
out.

4.1.1. Tests 1–3: Run-off of phosphate and nitrate fertilizers
into the sea—simulating the anthropogenic effect of increased
usage of fertilizers. Mackenzie et al. (1993) has estimated that
the amount of phosphate added to freshwater and marine systems
due to sewage and leaching of phosphate from fertilizers applied
to the land is equal to 9 × 1010 mol P yr−1. The amount of nitrate
added via riverine input and atmospheric deposition is equal to 2
× 1012 mol N yr−1. These figures are approximately double the
amount being input in the model in the standard case for both
species. The tests carried out were:

Test 1: Doubling the riverine input of phosphate to simulate
the anthropogenic effect of increased usage of fertilizers.

Test 2: Doubling the riverine input of nitrate (its effect on
alkalinity).

Test 3: Combining both of the above tests.
4.1.2. Tests 4–8: Increasing temperature—effects on solubil-

ity and growth rate. The temperature increase is projected to
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reach on average 4 ◦C for the atmosphere and 1 ◦C for the sea
surface during the next century (Mikolajewicz et al., 1990). Tem-
perature has the ability to affect CO2 solubility and carbonate
chemistry; in addition, although not dealt with in this study,
it might also lead to accelerated remineralization of dissolved
organic carbon (Watson et al., 1990). The increase in tempera-
ture could lead to an increase in primary productivity.

Tests 2–6: increasing sea surface temperature by 1, 2 and
4 ◦C.

Tests 7 and 8: doubling the maximum growth rate of the phy-
toplankton and then combining this with the chemical effects of
increased temperature.

4.1.3. Tests 9–12: Increasing temperature—effects on strat-
ification. An increase in global temperature could potentially
lead to an increase in stratification. The tests involved the
following:

Tests 9–11: Halving the mixing rates between the surface and
the middle, the middle and the deep layers and then both together.

Test 12: Combining the halving of both mixing rates with a
4 ◦C increase in sea surface temperature.

4.1.4. Tests 13–18: Changes in abundance of coccol-
ithophores. To assess the likely role of calcifying organisms in
influencing atmospheric pCO 2, tests were performed in which
the amount of CaCO3 produced was altered. There appear to
be two conflicting ideas about the effect of increased concen-
trations of CO2 on calcification. As anthropogenic CO2 diffuses
across the air–sea interface into the surface ocean, the pH drops.
Growth experiments with coral reefs (Gattuso et al., 1998; Kley-
pas et al., 1999; Langdon et al., 2000) and coccolithophores
(Riebesell et al., 2000) suggest that the lower pH impedes cal-
cification. But in general, pelagic calcifying organisms appear
to be more abundant in warmer climates (Holligan and Robert-
son, 1996) and so a global increase in sea surface temperature
might also increase the abundance of calcifying organisms. To
account for these alternative scenarios the following tests were
carried out:

Tests 13–18: Changing the amount of calcite being produced
by ±10%, ±30% and ±50%, i.e. changing the production ratio
and therefore the rain ratio.

4.1.5. Tests 19–20: Changes in the strength of the biologi-
cal pump. To explore further the role of biology in the uptake
of anthropogenic carbon, the strength of the biological pump
was altered by increasing (Test 19), or decreasing (Test 20),
the efficiency of particle export. A greater (lesser) proportion of
the particle flux was remineralized at depth, as opposed to near
the surface. For instance, in a future climate scenario, diatoms
could become the dominant phytoplankton species and so sink-
ing speeds and therefore export efficiency would increase. Or,
alternatively, in a warmer more stratified ocean, a more dominant
recycling system would evolve.

Table 5 shows the relative increase/decrease in atmospheric
pCO2 in response to the perturbation tests.

5. Implications of model results

5.1. Influence of the feedback mechanisms

Climate change, resulting from a rise in global temperatures due
to the addition of anthropogenic CO2 to the atmosphere, could
be modified by various feedback mechanisms, some relating to
the functioning of the organic and inorganic carbon pumps and
others to a change in ocean circulation. The tests performed on
the models were considered to be plausible potential responses
to global change. In each of the tests, the parameter under con-
sideration was altered while the others were maintained at their
reference values.

The short (100 yr) timescale considered in this work meant that
the surface layer concentrations were the most significant. The
deep layer concentrations remained unperturbed due to the long
mixing time between the surface and deep ocean. It is important
to remember that the values of atmospheric CO2 concentrations
resulting from the tests are slightly inaccurate (∼20 ppm too
high) in the three-box model due to its set-up (i.e. the missing
solubility pump), but in any case it is the relative changes in
atmospheric CO2 concentrations that are of interest in this study.

5.1.1. Tests 1–3: Run-off of phosphate and nitrate fertilizers
into the sea. The first set of tests looked at the addition of phos-
phate and nitrate into the surface ocean as a result of fertilizer
use. The tests involved doubling phosphate and nitrate separately
and then jointly.

From the results in Table 5 it can be seen that all three
tests resulted in a relatively small change in atmospheric pCO2

(<3 ppm by 2100). The additional input of the limiting nutrient
(phosphate in the three-box and HILDA models, nitrate in the
HadOCC model) led to only a small increase in primary produc-
tion. As the excess nutrient is utilized, the increase in growth
results in a greater uptake of TCO2 and therefore a decrease in
the partial pressure of CO2 in the surface layer. This leads to a
shift in equilibrium with the atmosphere such that more CO2 is
drawn down into the ocean to re-equilibrate.

The addition of nitrate affects alkalinity, but the contribution
of nitrate to the alkalinity is small so only a slight change was
observed. The addition of nitrate causes a decrease in alkalinity
of the surface waters, leading to an increase in the partial pressure
of CO2 in the surface and so a net flux of CO2 from the ocean to
the atmosphere.

Combining the two tests led to an intermediate change in
pCO2, as would be expected. The effect of these tests was rel-
atively small due to the residence time of many thousands of
years for the two species in the ocean. The volume of river water
entering the oceans each year (3.7 × 1013 m3 yr−1) is a thousand
times less than the volume of the surface ocean (3.6 × 1016 m3).
River inputs are diluted upon entry to the ocean.

5.1.2. Tests 4–8: Increasing temperature—effects on solubil-
ity and growth rate. The second set of tests looked at the impact
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Table 5. Response of the models to the perturbation tests

Change in atmospheric pCO2 at year 2100 compared with standard runs (ppm)

Test Three-box HILDA HadOCC IPCC ‘d’ Alt. terr. sink K–deHa

Standard (ppm) 747.1 634.1 700.5 597.8 956.1 785
(1) Double RP −2.8 −2.2 −0.4b −2.7 −3.3 −3
(2) Double RN +0.7 +0.5 +0.7 +0.5
(3) Double RP & RN −2.2 −1.7 −0.2c −2.2 −2.7
(4) Increase T by 1 ◦Cd +4.9 +8.3 +5.1 +6.8
(5) Increase T by 2 ◦Cd +9.8 +16.6 +10.8e +10.0 +13.7
(6) Increase T by 4 ◦Cd +19.4 +33.3 +21.6e +19.9 +27.4 +29
(7) Double max growth rate −7.6 −35.2 −3.9f −7.3 −11.6 +7h

(8) Double growth and +11.8 −1.9 +17.7f +12.5 +16.1
increase T by 4 ◦C

(9) Halve middle to surface mixing +12.7 +22.6 N/A +7.7 +19.0
(10) Halve deep to middle mixing +17.2 +10.7 N/A +18.3 +16.3 +7i

(11) Halve both mixing coefficients +25.1 +34.8 N/A +19.0 +30.4
(12) Halve both mixing and +40.4 +62.1 N/A +35.2 +52.3

increase T by 4 ◦C
(13) Decrease calcite by 10% −1.9 −1.2 −1.7 −2.3
(14) Decrease calcite by 30% −5.8 −3.6 −5.3 −6.7
(15) Decrease calcite by 50% −9.7 −6.0 −4.3 −8.8 −11.0 −19j

(16) Increase calcite by 10% +2.1 +1.2 +1.9 +2.0
(17) Increase calcite by 30% +6.0 +3.7 +5.6 +6.4
(18) Increase calcite by 50% +10.0 +6.1 +4.3 +9.2 +10.8
(19) Increase export efficiency −0.07 −4.0 −8.4g −0.16 −0.2
(20) Decrease export efficiency −0.04 +12.3 +15.9g −0.14 −0.2

aKlepper and de Haan (1995).
bExtra nutrients are distributed evenly across the ocean surface, not at river mouths. There is no phosphate modelled in HadOCC. This run includes
only the effect of extra nitrate on primary production.
cIncludes both the effect of extra nitrate on production and the effect of extra nitrate on alkalinity.
dDue to non-linearities in the response of the CO2 equilibrium chemistry to T change, a given increase in temperature will have a different effect
depending on the starting temperature.
eThe ocean surface temperature is relaxed to a value 4 ◦C higher everywhere. This results in reduced vertical transport near the surface (both
diffusive mixing and vertical advection).
fIncrease growth rate by 50% for HadOCC.
gChange sinking rate by ±25% for HadOCC.
h Warming also increases rates of phytoplankton mortality, respiration and excretion, and heterotrophic activity.
i Deep-water formation one-third of original value.
jCalcification is made proportional to saturation state.

of increasing temperature on the atmospheric CO2 concentra-
tions. Increasing temperature leads to higher atmospheric pCO2

(maximum of 34 ppm by 2100 seen for HILDA), due to the
warmer surface waters having reduced solubility for CO2.

The increase in temperature could lead to an increase in pri-
mary productivity. This was simulated by doubling the maximum
growth rate of the phytoplankton. Doubling the growth rate in the
three-box model led to a decrease in atmospheric pCO2 (−8 ppm
at 2100) for the same reasons as doubling the input of phosphate,
but the added effect of increased temperature overruled this and
produced a net increase in atmospheric CO2. A difference is seen
in the effect of doubling the maximum phytoplankton growth rate
in the three-box (8 ppm) and the HadOCC (4 ppm) models com-

pared with the HILDA model (35 ppm) (see Section 5.2). For
HILDA, the decrease in atmospheric pCO2 caused by doubling
the phytoplankton growth rate was greater than the increase in
pCO2 resulting from the increase in temperature.

5.1.3. Tests 9–12: Increasing temperature—effects on stratifi-
cation. An increase in global temperature could potentially lead
to an increase in stratification, so tests were carried out in which
the mixing rates were lowered by 50%. Table 5 shows that out
of all of the tests, changes in the mixing rate had the greatest
impact on atmospheric CO2 levels for the three-box model, with
a 50% decrease in both surface and deep mixing rates causing a
25 ppm increase in atmospheric CO2 at year 2100. Halving the
deep to middle mixing rate produces a larger increase in pCO2
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than does halving the middle to surface mixing rate. This results
from the decrease in surface alkalinity overriding the effect of
higher primary production and decreased surface TCO2 in the
former scenario. This model result shows how important it is
to consider the vertical gradient in alkalinity as well as that of
TCO2 when calculating the effects of changes in stratification.
It was not possible to carry out comparable runs in HadOCC
because mixing in this model is an emergent property rather
than being imposed.

5.1.4. Tests 13–18: Changes in abundance of coccol-
ithophores. To assess the likely role of calcifying organisms in
influencing atmospheric pCO2, tests were performed in which
the amount of CaCO3 produced was altered, both with 10, 30
and 50% decreases in calcite production and with 10, 30 and
50% increases in calcite production.

A decrease in CaCO3 production of 50% would lead to a
decrease in pCO2 (−10 ppm by 2100) and an increase in CaCO3

production to an increase in pCO2 (+10 ppm by 2100) in the
three-box model, with slightly smaller changes being seen in the
HILDA and HadOCC models. A shift in ecosystem structure
from organic or silica-walled organisms to carbonate-secreting
organisms causes an increase in the surface water pCO2. This
is seen in Fig. 2 in which the surface concentrations of TCO2
and alkalinity for the three-box model runs with 50% increase
and 50% decrease in CaCO3 production are compared with the
standard case.

5.1.5. Tests 19–20: Changes in the strength of the biological
pump. To explore further the role of biology in the uptake of
anthropogenic carbon, the strength of the biological pump was
altered by increasing, or decreasing, the efficiency of particle
export. For both these scenarios, very little change was seen in
the atmospheric pCO2 for the three-box model. With increased
efficiency of export, primary production in the surface layer de-
creased due to less near-surface regeneration of nutrients, but
the increase in pCO2 that this should have produced appeared to
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Fig 2. Effect of changing the rain ratio on surface concentrations of
TCO2 and alkalinity.

be balanced by an increase in the surface alkalinity concentra-
tions. With decreased export efficiency, the system jumped into a
higher recycling mode, with the phytoplankton biomass increas-
ing to a higher steady state but with no change in the TCO2 and
alkalinity. The HILDA and HadOCC models both showed a de-
crease in pCO2 with increasing export efficiency and an increase
in pCO2 (up to 16 ppm for HadOCC) for a decrease in export
efficiency.

In all these tests, the largest feedback effects are mostly pos-
itive (leading to higher atmospheric pCO2 at year 2100) rather
than negative. The large positive-feedback effects are also the
most probable, such as the effect of increased temperature on
dissociation constants and CO2 solubility (runs 4–6), and the
effects of global warming to increase stratification and decrease
mixing (runs 9–12). The dominant influence of the physical,
rather than the biological, feedbacks on the oceanic uptake of an-
thropogenic CO2 has already been shown by several modelling
studies (Klepper and de Haan, 1995; Maier-Reimer et al., 1996;
Sarmiento and Le Quéré, 1996; Sarmiento et al., 1998; Matear
and Hirst, 1999; Joos et al., 1999; Plattner and Marchal, 2001;
Prentice et al., 2001). The studies by Sarmiento and Le Quéré
(1996) and Sarmiento et al. (1998) suggested that changes in bi-
ology could modify the ocean carbon sink substantially, although
they used the extreme scenarios of “abiotic” and “superbiota” to
provide upper and lower limits for this effect. In this study, we
have investigated what we consider to be more realistic scenarios
of biological modifications. Only the major alterations, i.e. dou-
bling the maximum growth rate or halving the calcification rate,
resulted in effects on year 2100 pCO2 of comparable magnitude
to those caused by temperature and mixing.

5.2. Intercomparison of model results

Results from all three models concur in calculating that the likely
impacts of anthropogenic changes to the ocean are small. Results
from individual runs generally agree reasonably well between
the three models. Where there are large differences these can be
understood as follows:

(1) Increasing phytoplankton growth rate has a greater effect
in the HILDA model than in the three-box model because HILDA
has an extra surface box to represent high latitudes. There are
surplus nutrients in this box, which are drawn down to a greater
degree in this run. This effect is not seen to the same extent in
HadOCC because of top-down control by zooplankton.

(2) Increasing export efficiency has a lesser effect in the
three-box model, again because of the lack of low-latitude versus
high-latitude distinction. In a high-nutrient surface box increas-
ing export efficiency can lead to increasing drawdown of nutri-
ents and carbon for the same rate of primary production. There
is no such box in the three-box model, and in this case increas-
ing export efficiency is counteracted by a decrease in primary
production, because growth is nutrient-limited.
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Where comparable runs were carried out, our results also
agree well (in most cases) with those of Klepper and de Haan
(1995) (see Table 5). However, in contrast to Klepper and de
Haan (1995), one of the largest responses that we obtained
was to a temperature-induced increase in phytoplankton growth
rates in the HILDA model (∼35 ppm, Table 5). Out of the
four models, therefore, the response of the HILDA model to
doubled phytoplankton growth rates was much greater than
that of any other model. The model of Klepper and de Haan
(1995) in fact responded in the opposite direction from the
other models. Although significantly higher than all the other
models, HILDA’s response might still be correct. The ten-
dency of steady-state nutrients to be top-down (grazing) or
bottom-up (nutrient) controlled is well known to be sensitive
to the choice of parameter values and ecosystem structure (Frost
and Franzen, 1992; Steele, 1992). Both the three-box and the
HILDA models contain phytoplankton and phosphate as state
variables, but do not explicitly model any zooplankton; zoo-
plankton grazing is modelled implicitly as a 20% per day loss
from the phytoplankton population. Nutrient and carbon draw-
downs are therefore bottom-up controlled in these models, but
only HILDA shows a response because the three-box model
does not have a separate nutrient-rich high-latitude surface
box.

In the HadOCC model, on the other hand, zooplankton (and
detritus) are included as extra state variables. Therefore the zoo-
plankton concentration can respond to changes in the phyto-
plankton growth rate: an increase in the latter causes (after a lag)
an increase in the former, and so the grazing pressure on the
phytoplankton also increases. A second factor is that increased
chlorophyll in the surface waters means reduced illumination
for phytoplankton lower in the water column. Because of these
effects the primary production shows only a moderate increase,
and not a doubling, when the growth rate is doubled, and sim-
ilar responses are seen in the export production and the carbon
drawdown. Therefore a smaller effect is seen than in the HILDA
model.

The model of Klepper and de Haan (1995) model uses a quasi-
steady-state approach, in which the components of the ecosys-
tem are assumed to be always in equilibrium with each other
and with the environment. Although the grazing pressure on the
phytoplankton varies, there is no possibility of the phytoplank-
ton escaping zooplankton control in this model. Much of the
observed carbon drawdown in the North Atlantic is observed
to occur during the spring bloom precisely when phytoplankton
and zooplankton are decoupled, so this model may not be able to
respond realistically to the doubling of the phytoplankton growth
rate.

So which model is correct? The complexity of plankton
ecosystems means that it is unclear how to represent them
correctly in models. However, top-down control over nutrient
drawdown has not yet been convincingly demonstrated for any
oceanic regions, and so the HILDA model may well be the most

realistic. These intermodel differences show the value of using
more than one model.

5.3. Sensitivity analyses

All of the models contain simplifications, one or many of which
may have affected the nature of our conclusions. To assess
whether our conclusions are independent of some major model
assumptions, we carried out the same tests in two variants of the
three-box model.

(1) Political decisions, technological advances and other fac-
tors could lead to future emissions being very different from the
IS92a scenario, and so we calculated the size of the different feed-
back effects using IPCC scenario (d) as the future CO2 emission
scenario (Enting et al., 1994), This gives a lower input of CO2

into the atmosphere.
(2) There is major uncertainty in the future behaviour of the

terrestrial biosphere as a source/sink for CO2 and so our third
sensitivity analysis examined whether the feedback effects were
very different when a different scenario was used for the terres-
trial biosphere response. In this analysis, the terrestrial biosphere
becomes a source of CO2 after 2040. An additional function was
put into the model to represent the flux of CO2 into the atmo-
sphere due to soil respiration. This lagged the terrestrial uptake
by 50 yr in order to simulate the lag in air temperature. The
modelled terrestrial sink/source was adjusted to be compara-
ble to that of Cox et al. (2000), who used a fully coupled, 3-D
carbon-climate model to find that the terrestrial biosphere acts
as an overall carbon sink until about 2050, after which it turns
into a source, culminating in a source of ∼100 Gt C at 2100. The
resulting pCO2 obtained in the standard run of this model was
952 ppm which compares well with the 980 ppm obtained with
the model of Cox et al. (2000).

Results of all the sensitivity analyses are shown in Table 5. It
can be seen that the sign of each feedback effect is nearly always
the same in each sensitivity analysis, and is generally of the same
order of magnitude between variants of the three-box model.

5.4. Greater uncertainty of terrestrial than
of oceanic response

Cox et al. (2000) whose GCM includes an explicit model of ter-
restrial vegetation (including soil respiration) coupled to the cli-
mate system, showed that atmospheric CO2 may rise by 250 ppm
more than generally expected. That result is due to a die-off of
the Amazonian rainforest (caused by a shift in the geographical
distribution of rainfall) and depends on assumptions of a level-
ling off of the CO2 fertilization effect with increasing CO2 and
of a strong positive temperature response of respiration of or-
ganic matter on land. Even if their assumptions turn out to be
partially incorrect (a similar run in another model (Friedling-
stein et al., 2003) did not produce such a strong increase), it
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is of interest in the context of this paper that no uncertainties
of comparable magnitude have been seriously proposed for the
ocean.

It is well understood that the ocean will continue to absorb a
substantial fraction of the extra CO2 that is being added to the
atmosphere via diffusion across the sea surface, but this response
is predictable and well understood. But beyond the straightfor-
ward diffusion of some of the excess CO2 into the ocean, our
model results suggest that the ocean is unlikely to hold any major
surprises in terms of its ability to sequester CO2 over the next
century. The strongest effect we could find was of 62 ppm over
the next 100 yr (Table 5), which is higher than the maximum
effect of 29 ppm found by Klepper and de Haan (1995), also for
the ocean, but about four times less than the 250 ppm found by
Cox et al. (2000).

However, computer models are only as good as the assump-
tions and simplifications they contain and are by no means guar-
anteed to be definitive when simulating very complex systems
(Oreskes et al., 1994). The short timescales considered may have
curtailed the feedback effects such that ocean uncertainties will
become more important over longer timescales. There could
be significant oceanic feedbacks that we have missed because
of insufficient imagination in postulating possible feedback re-
sponses. For instance, we did not include a sensitivity analysis of
doubling the C:P ratio of organic matter because we could see no
reason why such a large change should be produced by human
activities. But if it were to occur then such a change could have
a large effect on atmospheric pCO2 (of the order of 100 ppm).
Likewise we did not simulate a complete lifting of iron limita-
tion in high-nutrient, low-chlorophyll (HNLC) regions, because
such a drastic change to remote oceans seems unlikely; nor did
we simulate the effects of increased or decreased carbon storage
in the form of dissolved organic carbon (DOC) in the surface
ocean. Time-series measurements of DOC in surface waters of
the low-latitude Atlantic and Pacific (Lomas et al., 2002) sug-
gest that extra DOC is accumulating there at a rate of ∼1.2 µmol
kg−1 yr−1. If true over the whole ocean and if maintained for the
next 100 yr then this accumulation of DOC could reduce year
2100 atmospheric pCO2 by 24 ppm. Although the effect is not
enormous, this surprising recent observation makes the point
that ocean biogeochemistry is by no means fully understood.
Perhaps other (as yet unforeseen) advances in understanding,
not included in this modelling study, could lead to larger un-
certainties in the ocean carbon cycle than have been calculated
here.

In the future there will probably be increased heating of, and
freshwater input to, high northern latitudes, leading to weaken-
ing of the North Atlantic deep water (NADW) formation and
the thermohaline circulation (THC). We have not fully evalu-
ated the sensitivity of ocean carbon cycling to this feedback
(although see Table 5, rows 11 and 12). Joos et al. (1999) ex-
amined this feedback in a low-order physical–biogeochemical
climate model and found that weakening of the THC has a rela-

tively small effect on future atmospheric CO2 levels up to year
2100 (reduction of 2.9% by 2100), although a greater effect in
future centuries. The size of the effect by 2100 will depend
on the degree of NADW weakening/collapse occurring prior
to 2100.

Our modelling has concentrated on processes occurring within
the oceanic water column and has largely ignored processes and
reservoirs within sea floor sediments. Warming of such sedi-
ments could lead to large-scale release of methane from methane
hydrates, a potentially significant positive feedback on global
warming (Brewer, 2000). Likewise, our model runs simulated
the carbon cycle but not other climate-affecting processes within
the ocean such as biogenic trace gas emissions (e.g. dimethylsul-
fide and organohalogens). We have focused on the consequences
for atmospheric carbon, and have ignored other possible conse-
quences of these alternative scenarios for human society and
natural ecosystems.

6. Conclusions

Fossil fuel emissions have led to an accumulation of CO2 in the
atmosphere and will lead to further accumulation over the next
century. We used three models (a three-box model, a multibox
model and an OGCM) to carry out a focused investigation of pos-
sible modification of this accumulation by various anthropogenic
effects on the ocean. Some of the anthropogenic effects were
positive, i.e. they decreased ocean storage and so increased the
amount left to accumulate in the atmosphere; some effects were
negative and led to more CO2 being absorbed by the ocean. Pos-
itive effects seem more likely than negative. Most importantly,
none of the alterations we examined made any large difference
to the predicted accumulation of CO2 in the atmosphere. The
largest effect is of the order of 60 ppm by the end of this cen-
tury, which is small compared with the greater than 300 ppm rise
in atmospheric CO2 predicted over the same period, and small
compared with a potential 250 ppm effect of uncertainties in
terrestrial processes (Cox et al., 2000).
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8. Appendix A: three-box model equations

Phytoplankton and phosphate concentrations are in units of
moles P m−3. TCO2 is in moles C m−3, alkalinity is in moles
of charge equivalents m−3 and atmospheric CO2 is in parts per
million (ppm).
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(

Bdie × CPorg × PR × DDCAL × SD

DD

)

dAd

dt
=

[(
2Bdie × CPorg × PR × DDCAL × SD

DD

)

−
(

KMD(Ad − Am)

DD

)]

−
(

Bdie × NPorg × DRP × SD

DD

)

dpCO2

dt
= (1 × 106) × asg × OA

AV
.

Tellus 57B (2005), 1



82 A. CHUCK ET AL.

9. Appendix B: three-box model parameter
values

Symbol Description Units Model value Literature value

CPorg Ratio of C:P in organic biomass 106 106 (Libes, 1992),
106 (Copin-Montegut and Copin-Montegut, 1983)

NPorg Ratio of N:P in organic biomass 16 16 (Libes, 1992), 16–17
(Copin-Montegut and Copin-Montegut, 1983)

µmax Maximum growth rate of yr−1 0.25 d−1 0.1–4.1 d−1 (Furnas, 1990),
phytoplankton = 91.25 yr−1 0.3–2.7 d−1 (Banse, 1982)

P H Michaelis–Menton half-saturation mol P m−3 0.03 × 10−3 0.03 × 10−3 (McAllister et al., 1964),
constant for growth versus PO4 0.05 × 10−3 (Davies and Sleep, 1981)

M Mortality yr−1 0.2 d−1 0.25–1.2 d−1 (Banse, 1992)
K SM Mixing coefficient between surface m yr−1 18.25 15.76 (Munk, 1966)

and middle layers
K MD Mixing coefficient between middle m yr−1 3.0 3.0 (Broecker and Peng, 1982),

and deep layers 1.0–5.0 (Sundquist, 1985)
SFP Fraction of TPP incorporated into % 0.2 0.2 (Jahnke, 1992), 0.2 (Schlesinger, 1997),

sediments 0.1–0.2 (Mackenzie et al., 1993)
SRP Fraction of TPP regenerated in the % 85 75–95 (Barnes and Hughes, 1988),

surface layer (0–100 m) 86 (Schlesinger, 1997), 85 (Martin et al., 1987),
90 (Berger et al., 1987)

MRP Fraction of TPP regenerated in the % 12 9.8 (Martin et al., 1987),
middle layer (100–400 m) 9.0 (Schlesinger, 1997)

DRP Fraction of TPP regenerated in the % 2.8 3.7 (Martin et al., 1987)
deep layer (400 m+)

SFC Fraction of POC incorporated into % 0.5
sediments

SRC Fraction of POC regenerated in the % 80
surface layer (0–100 m)

MRC Fraction of POC regenerated in the % 17
middle layer (0–400 m)

DRC Fraction of POC regenerated in the % 2.5
deep layer (400 m+)

SC Fraction of calcite sedimented % 14 46 (Milliman, 1993),
21 (Morse and Mackenzie, 1990),
34 (Wollast, 1994)

SDCAL Fraction of calcite remineralized % 0 ?
in the surface layer

MDCAL Fraction of calcite remineralized % 44 ?
in the middle layer

DDCAL Fraction of calcite remineralized % 42 ?
in the deep layer

RR Rain ratio used to calculate 0.15 0.25 (Broecker and Peng, 1982),
production ratio 0.08–0.12 (Yamanaka and Tajika, 1996)

RP Riverine input of PO3−
4 mol P m−2 yr−1 0.2 × 10−3 0.089 × 10−3 (Meybeck, 1993),

0.19 × 10−3 (Mackenzie et al., 1993)
RC Riverine input of DIC mol C m−2 yr−1 0.1 0.0914 (Wollast, 1994),

0.09 (Ludwig et al., 1996)
RA Riverine input of alkalinity mol eq m−2 yr−1 0.09 0.074 (Ludwig et al., 1996),

0.090 (Wollast, 1994), 0.089 (Meybeck, 1993)
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B1. Continued

RN Riverine input of nitrate mol eq m−2 yr−1 5.5 × 10−3 (2.57–6.9)×10−3 (Mackenzie et al., 1993),
2.83 × 10−3 (Meybeck, 1993),
(2.77–6.9)× 10−3 (Cornell et al., 1995)

AN Atmospheric deposition of nitrate mol eq m−2 yr−1 7.0 × 10−3 5.94 × 10−3 (Duce et al., 1991),
(2.77–6.92)× 10−3 (Cornell et al., 1995),
(4.5–11.0)× 10−3 (Jaffe, 1992)

Symbol Description Units Model value Literature value

TEMP Temperature ◦C 18 18 (Levitus, 1982)
SAL Salinity psua 35 35 (Levitus, 1982)
SD Depth of surface layer m 100
MD Depth of middle layer m 300
DD Depth of deep layer m 3330
OA Area of ocean surface m2 3.61 × 1014

AV Volume of dry air in atmosphere mol 1.8 × 1020

K w Piston velocity m yr−1 4.65 4.65 (Watson et al., 1991)

apsu, practical salinity unit.
(1) The following relationships were used to convert units if the ones stated are different from those in the literature: organic matter has the Redfield
ratio of 106C:16N:1P; the relative molecular masses of the elements C, N and P are 12, 14 and 31 g respectively.
(2) The SF (%) depends on the value of TPP. To get an estimate of SF, the literature estimates of permanent burial were divided by a TPP of 46.05 Gt
C yr−1 (Tyrrell, 1999).
(3) Estimates of the riverine inputs of phosphorus, carbon and alkalinity quoted just considered the dissolved forms. The parameters used were
increased slightly to take into account the possibility that some of the particulate load might be available for use by the biota.
(4) The Michaelis–Menten half-saturation constant for a nutrient is the concentration of that nutrient at which either the growth rate or the nutrient
uptake rate for the species consuming it is half of its maximum value. The literature values given in the table are for nutrient uptake whereas the
model value is for growth because Droop kinetics are not modelled (Tyrrell, 1999).

10. Appendix C: parameterization
of alkalinity

The inputs affecting alkalinity in the ocean are the riverine input
of bicarbonate (RA) and the riverine (RN) and atmospheric (AN)
inputs of nitrate. The outputs are the sedimenting out of calcite
and of nitrate in organic matter. At steady state inputs equal
outputs. In reality, glacial–interglacial variations of alkalinity
implicated in temperature changes mean that the ocean may at the
present time not be quite at steady state; however, for simplicity,
we have assumed for this model that it is at steady state. Figure 3
shows a representation of the steady-state balance of the inputs
and outputs of alkalinity.

Using the model parameters, the inputs of alkalinity (river
input of bicarbonate minus river and atmospheric input of nitrate)
sum to 31.6 × 1012 mol eq yr−1. The output of alkalinity (2 ×
burial of calcite minus burial of nitrate) should therefore be equal
to 31.6 × 1012 mol eq yr−1 and as the burial of nitrate can be
calculated from the sedimenting fraction (SFP) multiplied by
the primary productivity (TPPN), the required burial of calcium
carbonate can be found:

Inputs = (RA − RN − AN) × ocean area

= [0.1 − (5.5 × 10−3)

− (7.0 × 10−3)] mol eq m−2 yr−1

× (3.61 × 1014)

= 31.6 × 1012 mol eq yr−1.

Output = (2 × TPC × SC) − (TPPN × SFP)

TPPN × SFP = 5.776 × 1014 mol N yr−1 × 0.002

= 1.16 × 1012 mol N yr−1

= 1.16 × 1012 mol eq yr−1.

Since input is equal to output:

31.6 × 1012 = (2 × TPC × SC) − (1.16 × 1012)

TPC × SC = 16.4 × 1012 mol C yr−1.

STEADY
STATE 
OCEAN 

RA RN AN

2*TPC*SC TPPN*SFP
Fig 3. Representation of the steady-state balance of the inputs and
outputs of alkalinity.
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Fig 4. Internal processes governing the alkalinity gradient between the
surface and deep layers in the ocean.

Figure 4 shows the internal processes governing the alkalinity
gradient between the surface and deep layers in the ocean.

The concentration gradients for alkalinity observed in the real
ocean are approximately 17µeq l−1 between the surface and mid-
dle layers and ∼100 µeq l−1 between the surface and deep layers
with the concentration increasing with increasing water depth.
There is no homeostatic mechanism in the model controlling the
concentrations of alkalinity (which there is for phosphate) so the
steady-state balances needed to be worked out. The surface to
deep gradient obtained in the model was made to equal the ob-
served gradient in the real ocean by tuning the total production of
calcite (TPC). This allowed the sedimenting fraction (SC) to be
calculated (tuned) knowing that TPC × SC = 16.4 × 1012 mol
C yr−1. Using TPC/TPPC to get the production ratio, the rain
ratio could be found using eq. (6). Realistic alkalinity gradients
were produced in this way by tuning TPC and SC to values of
1.17 × 1014 mol C yr−1 and 14% respectively and this in turn
led to a rain ratio of 0.15. These values are compared with the
literature in Section 3.
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Sarmiento, J. L. and Le Quéré, C. 1996. Oceanic carbon dioxide uptake
in a model of century-scale global warming. Science 274, 1346–1350.

Sarmiento, J. L., Orr, J. C. and Siegenthaler, U. 1992. A perturbation
simulation of CO2 uptake in an ocean general circulation model. J.
Geophys. Res. 97, 3621–3636.

Schlesinger, W. H. 1997. Biogeochemistry: an Analysis of Global
Change. Academic Press, San Diego, CA.

Schlitzer, R. 1996. Global ocean export production and particle fluxes
based on oxygen, nutrient and carbon data. AGU Fall Meeting, San
Francisco, Abstracts. American Geophysical Union, Washington,
DC.

Shaffer, G. 1993. Effects of the marine biota on global carbon cy-
cling. In: The global carbon cycle (ed. M. Heimann). Springer, Berlin
Heidelberg.

Shaffer, G. and Sarmiento, J. L. 1995. Biogeochemical cycling in the
global ocean. 1. A new, analytical model with continuous vertical
resolution and high-latitude dynamics. J. Geophys. Res. 100, 2659–
2672.

Siegenthaler, U. 1983. Uptake of excess CO2 by an outcrop-diffusion
model of the ocean. J. Geophys. Res. 88, 3599–3608.

Siegenthaler, U. and Joos, F. 1992. Use of a simple model for studying
oceanic tracer distributions of the global carbon cycle. Tellus 44B,
186–207.

Siegenthaler, U. and Sarmiento, J. L. 1993. Atmospheric carbon dioxide
and the ocean. Nature 365, 119–125.

Steele, J. H. and Henderson, E. W. 1992. The role of predation in plankton
models. J. Plankton Res. 14, 157–172.

Sundquist, E. T. 1985. Geological perspectives on carbon dioxide and
the carbon cycle. In: The Carbon Cycle and Atmospheric CO2: Nat-
ural Variations, Archean to Present, American Geophysical Union
Monograph 32 (eds W. S. Broecker and E. T. Sundquist). American
Geophysical Union, Washington, DC, 5–59.

Sundquist, E. T. 1986. Geologic analogs: their value and limitations in
carbon dioxide research. In: The Changing Carbon Cycle (eds J. R.
Trabalka and D. E. Reichle) Springer, New York, 371–403.

Takahashi, T., Broecker, W. S. and Bainbridge, A. E. 1981. Supplement
to the alkalinity and total carbon dioxide concentration in the world
oceans. In: Carbon Cycle Modelling, SCOPE 16 (ed. B. Bolin). John
Wiley, Chichester, 159–201.

Tyrrell, T. 1999. The relative influences of nitrogen and phosphorus on
oceanic primary production. Nature 400, 525–531.

Watson, A. J., Upstill-Goddard, R. C. and Liss, P. S. 1991. Air–sea
gas exchange in rough and stormy seas measured by a dual-tracer
technique. Nature 349, 145–147.

Watson, R. T., Rodhe, H., Oeschger, H. and Siegenthaler, U. 1990. Green-
house gases and aerosols. In: Climate Change—the IPCC Scientific
Assessment (eds J. T. Houghton, G. J. Jenkins and J. J. Ephruams).
Cambridge University Press, Cambridge, 1–40.

Wollast, R. 1994. The relative importance of biomineralization and dis-
solution of CaCO3 in the global carbon cycle. Bull. Inst. Oceanogr.
Monaco 13, 13–35.

Yamanaka, Y. 1995. Study of the oceanic carbon cycle using an ocean
biogeochemical general circulation model. In: Proceedings of the
Tsukuba Global Carbon Cycle Workshop (ed. T. Matsuno) National
Institute for Environmental Studies, Tsukuba, 65–66.

Yamanaka, Y. and Tajika, E. 1996. The role of the vertical fluxes of par-
ticulate organic matter and calcite in the oceanic carbon cycle: studies
using an ocean biogeochemical general circulation model. Global Bio-
geochem. Cycles 10, 361–382.

Tellus 57B (2005), 1


