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ABSTRACT

We present a minimal model for the global carbon cycle of the Earth containing the reservoirs mantle,
ocean floor, continental crust, continental biosphere, and the kerogen, as well as the aggregated reservoir
ocean and atmosphere. This model is coupled to a parameterised mantle convection model for describing
the thermal and degassing history of the Earth. In this study the evolution of the mean global surface
temperature, the biomass, and reservoir sizes over the whole history and future of the Earth under a
maturing Sun is investigated. We obtain reasonable values for the present distribution of carbon in
the surface reservoirs of the Earth and find that the parameterisation of the hydrothermal flux and the
evolution of the ocean pH in the past has a strong influence on the atmospheric carbon reservoir and
surface temperature. The different parameterisations give a rather hot as well as a freezing climate on
the early Earth (Hadean and early Archaean). Nevertheless, we find a pronounced global minimum of
mean surface temperature at the present state at 4.6 Gyr. In the long-term future the external forcing
by increasing insolation dominates and the biosphere extincts in about 1.2 Ga. Our study has the
implication that the Earth system is just before the point of evolution where this external forcing takes
over the main influence from geodynamic effects acting in the past.

1. Introduction

On geological time scales, the Earth’s climate is be-
lieved to be mainly determined by atmospheric CO2

variations. There have been a number of studies (e.g.,
Walker, 1977; Holland, 1978; 1984; Franck et al.,
1999) investigating the global carbon cycle between
mantle and surface reservoirs to regulate atmospheric
CO2 levels against increasing insolation. Nevertheless,
nobody knows whether the so-called Hadean era at the
beginning of Earth’s history was really a greenhouse
era with surface temperatures up to 80 ◦C (Kasting
and Ackermann, 1986; Schwartzman, 1999), or an ice-
house (Sleep and Zahnle, 2001). Although CO2 alone
could, in principle, solve the faint young Sun problem,
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there are some grounds for suspecting other green-
house gases to be involved. Mineralogical investiga-
tions of ancient soils by Rye et al. (1995) seem to set
an upper limit of about 30 present atmospheric CO2

levels on pCO2 in the Archaean, insufficient to pre-
vent freezing unless there are other greenhouse gases.
A favoured reduced gas has been CH4, which is con-
sistent with low O2 levels before 2.0–2.2 Ga (Walker
et al., 1983; Kasting, 1993; Pavlov et al., 2000; Kasting
et al., 2001).

In the present paper we investigate a minimal model
for the global carbon cycle between the mantle and
five surface reservoirs: ocean floor, continental crust,
continental biosphere, ocean + atmosphere, and the
kerogen, i.e., dispersed insoluble organic carbon in
rocks. Kerogen results from a very small portion of
organic carbon that is not transformed back to CO2

by respiration and decay, but is accumulated to a re-
markable reservoir. The reservoir size of carbon in
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the present living biosphere is even smaller than the
amount of carbon in the present atmosphere. Never-
theless, the biosphere plays a main role in the control-
ling process of the terrestrial climate and is necessary
for kerogen accumulation. From the point of view of
carbon cycling, kerogen could be important, even if
it is relatively inert, and can be only brought back
into the carbon cycle by oxidation with the help of at-
mospheric O2 or bacteria. It occupies about 10–20%
(Holland, 1978; Kasting and Walker, 1992) of the total
present amount of carbon in the surface reservoirs and
therefore has to be included in a minimal model.

There are also much more sophisticated models for
the circulation of carbon only among the surface reser-
voirs. In such models the subducting seafloor car-
bonates are metamorphosed completely and all the
CO2 returns to the atmosphere through arc volcan-
ism without any mantle regassing. Furthermore, there
is no mantle degassing at mid-ocean ridges. This cy-
cle is known as the “Carbonate–Silicate Geochemical
Cycle” (see, e.g. Walker et al., 1981; Berner et al.,
1983; Lasaga et al., 1985). The “Global Carbon Cycle”
is related to time scales longer than 105 a (Kasting,
1984; Volk, 1987). At shorter time scales various pro-
cesses involved have to be described in much more
detail, as is done for example in the GEOCARB II/III
model of Berner (1994) and Berner and Kothavala
(2001).

Special attention in our carbon cycle modelling
is given to the hydrothermal carbonatisation, i.e. the
reaction of circulating hydrothermal seawater with
basalts from mid-ocean ridges to form carbonates. For
the parameterisation of the hydrothermal flux we use
three different approximations: at first the hydrother-
mal flux is fixed over time to the present day value,
next it is proportional to production of fresh basalt at
mid-ocean ridges (slow reaction kinetics), and finally
we follow Sleep and Zahnle (2001) in assuming fast re-
action kinetics with a superabundance of cations. Fast
reaction kinetics may produce rather low levels of at-
mospheric CO2 in the early Earth. A similar effect may
result from the reaction of CO2 with Hadean impact
ejecta and its subduction (Sleep and Zahnle, 2001).
However, we will not consider such effects because
the influence of impacts on the volatile inventory re-
mains a subject of discussion (Bounama et al., 2001).

Another important point in our carbon cycle mod-
elling is the oceanic pH, which controls the partition-
ing of CO2 between the ocean and the atmosphere.
Up to now there is no definitive agreement about
the oceanic pH in the past: Grotzinger and Kasting

(1993) give arguments for a relative constancy of pH,
Kempe and Kazmierczak (1994) favour a so-called
soda ocean, and Macleod et al. (1994) and Russell and
Hall (1997) conclude that the early ocean was acid.
According to Walker (1985) an oceanic pH lower than
6.5 implies that more CO2 is in the atmosphere than
in the ocean. In our modelling scheme we investigate
the following scenarios: constant oceanic pH, a linear
increase of oceanic pH (acid ocean in the past), and a
linear decrease of oceanic pH (soda ocean in the past).

In general, the chemistry of the ocean is dominated
by two principal fluxes: the “river flux” from weath-
ering of the continents and the “mantle flux” from
the mid-oceanic ridges (Godderis and Veizer, 2000).
Both effects are incorporated in our model. Silicate
weathering rates are proportional to the continental
area, because for long time scales the silicate reser-
voir is proportional to the continental surface area
in a first approximation. On shorter time scales, ef-
fects of fresh rock production by continental uplift
(Ruddiman, 1998) or by impacts (Koster van Groos,
1988) may temporarily increase weathering processes.
The dependence of the hydrothermal flux on the
spreading rate will be discussed in detail in the present
paper.

The dynamical character of the model means that
the effective carbon flux to or from each of the reser-
voirs is integrated over time. In this way, the present
state of the Earth system is not the starting point for
the modelling, as in our previous work (Franck et al.,
1999, 2000a,b), but the result of the Earth’s evolu-
tion over 4.6 Ga. On the other hand, within the new
procedure we need some initial conditions that are
only poorly constrained. Our formalism is a modified
and extended version of that described by Tajika and
Matsui (1990, 1992) and Sleep and Zahnle (2001). We
use a significantly improved algorithm and account for
two more carbon reservoirs (continental biosphere and
kerogen). The global carbon cycle model is coupled to
the thermal and degassing history of the Earth with the
help of a parameterised model of mantle convection
with volatile exchange (Franck and Bounama, 1995;
Franck et al., 2000a).

The main focus of our investigations is the analysis
of the self-regulation via feedback loops that respond
to external forcings on the ecosphere. It is evident that
the interactions within the Earth system, and therefore
also the self-regulation, will change in many ways in
Earth’s history. So we come to the questions, how did
the Earth system operate in the past, how does it oper-
ate at present, and how will it operate in the long-term
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future? To answer these, it is necessary to investigate
different scenarios for the past and future evolution of
the various carbon pools and the global mean surface
temperature.

2. Model description

The model describes the evolution of the mass of
carbon in the mantle, Cm , in the ocean crust and floor,
C f , in the continental crust, Cc, in the continental bio-
sphere, Cbio, in the kerogen, Cker, and in the combined
reservoir consisting of ocean and atmosphere, Co+a .
The equations for the efficiency of carbon transport
between reservoirs take into account degassing and
regassing of the mantle, carbonate precipitation, car-
bonate accretion, evolution of continental biomass, the
storage of dead organic matter, and weathering pro-
cesses. Thus, the basic equations are:

dCm

dt
= τ−1

f (1 − A)RC f − SA fcdmCm/Vm (1)

dCo+a

dt
= τ−1

f (1 − A)(1 − R)C f + SA fcdmCm/Vm

+ Fweath + (1 − γ )τ−1
bio Cbio + τ−1

ker Cker

− �bio − Fprec − Fhyd (2)

dCc

dt
= τ−1

f AC f − Fweath (3)

dC f

dt
= Fprec + Fhyd − τ−1

f C f (4)

dCbio

dt
= �bio − τ−1

bio Cbio (5)

dCker

dt
= γ τ−1

bio Cbio − τ−1
ker Cker. (6)

The variable t is the time, SA the areal spreading rate,
A the accretion ratio of carbon (A > 0 for Ao < Ae), Ae

the area of the Earth, Ao the area of the ocean basins, R
the regassing ratio, fc the degassing fraction of carbon,
dm the melt generation depth parameterised according
to McKenzie and Bickle (1988), Vm the mantle vol-
ume, Fweath the weathering rate, Fprec the rate of car-
bonate precipitation, γ the fraction of dead biomass
transferred to the kerogen, τbio the residence time of
carbon in the biosphere, �bio the productivity of the
continental biosphere, and τker the residence time of

Table 1. Constants used in the carbon cycle model

Constant Value Remarks

A 0.7 Accretion ratio
Ae 5.1 × 1014 m2 Surface area of the Earth
A∗

o 3.63 × 1014 m2 Present area of ocean
basins

Ctot 7.4 × 1020 kg Total mass of carbon in
the system

fc 0.194 Degassing fraction of
carbon

g 9.81 m s−2 Acceleration of gravity
p1/2 210.8 ppm Michaelis–Menten

parameter
pH∗ 8.2 Present day ocean pH
pmin 10 ppm Minimum CO2 partial

pressure allowing
photosynthesis

R 0.7 Regassing ration
S∗

A 2.7 km2 a−1 Present day areal
spreading rate

Vm 8.6 × 1020 m3 Mantle volume
Vo 1.1687 × 1018 m3 Volume of the ocean
λ 0.34 Ga−1 Decay constant
µC 1.2 × 10−2 kg mol−1 Transfer factor from mol

to kg for carbon
µCO2 4.4 × 10−2 kg mol−1 Transfer factor from mol

to kg for CO2

�max 180 × 1012 kg a−1 Maximum biosphere
productivity

τ ∗
f 77 Ma Present day seafloor

residence time
τbio 12.5 a Residence time of carbon

in the biosphere
τker 1.58 Ga Residence time of carbon

in the kerogen

carbon in the kerogen. The accretion ratio, A, is de-
fined as the fraction of seafloor carbonates accreted
to the continents to the total seafloor carbonates. The
regassing ratio, R, is defined as the fraction of seafloor
carbonates regassed into the mantle to the total sub-
ducting carbonates. The values of the constants are
summarised in Table 1.

τ f is the residence time of carbon in the seafloor and
is parameterised with the help of the heat production
rate, Q, according to Tajika and Matsui (1990):

τ f (t) = Q∗

Q(t)

√
Ao

A∗
o

· τ ∗
f = eλ(t−4.6 Ga)

√
Ao

A∗
o

· τ ∗
f , (7)

where Q∗ is the present heat production rate of the
mantle, A∗

o the present day area of the ocean basins,
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Fig. 1. Diagram illustrating the basic mechanisms and interactions of the global carbon cycle. The fluxes from and to the
different pools are indicated by arrows.

τ ∗
f the present seafloor residence time (Sprague and

Pollack, 1980), and λ the decay constant (Table 1).
The total amount of carbon in the system, Ctot, is

conserved, i.e.

dCm

dt
+ dCo+a

dt
+ dCc

dt
+ dC f

dt

+ dCbio

dt
+ dCker

dt
= 0. (8)

Therefore it is possible to reduce the set of equations
for the global carbon cycle from six to five indepen-
dent equations. The box model including the pertinent
fluxes is sketchted in Fig. 1.

2.1. Thermal evolution model

To determine the thermal history and future of the
Earth a parameterised model of whole mantle con-
vection including the water exchange between mantle
and surface reservoirs (Franck and Bounama, 1995;
Franck, 1998) is applied. According to Allègre (1997)
two-layer convection has operated for most of the
Earth’s history, but whole-mantle convection started
less than 1 Ga ago. The assumption of whole-mantle
convection is a first sufficient approximation with re-
spect to our Earth system modelling.

Assuming conservation of energy we can write the
following equation for the average mantle tempera-
ture, Tm :

4

3
πρc

(
R3

m − R3
c

)dTm

dt
= −4π R2

mqm

+ 4

3
π Q(t)

(
R3

m − R3
c

)
,

(9)

where ρ is the density, c is the specific heat at constant
pressure, qm is the heat flow from the mantle, Q is the
energy production rate by decay of radiogenic heat
sources in the mantle, and Rm and Rc are the outer and
inner radii of the mantle, respectively.

The mantle heat flow is parameterised in terms of
the Rayleigh number, Ra:

qm = k(Tm − Ts)

(Rm − Rc)

(
Ra

Racrit

)β

, (10)

with

Ra = gα(Tm − Ts)(Rm − Rc)3

κν
, (11)

where k is the thermal conductivity, Racrit is the crit-
ical value of Ra for the onset of convection, β is an
empirical constant, g is the acceleration of gravity, α is
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the coefficient of thermal expansion, κ is the thermal
diffusivity, and ν is the water-dependent kinematic vis-
cosity. This viscosity can be calculated with the help of
a water fugacity dependent mantle creep rate. For de-
tails of this parameterisation see Franck and Bounama
(1995).

The evolution of the mass of mantle water, Mmw, is
given as

dMmw

dt
= fbasρbasdbas RH2O(Tm)SA − Mmw

Vm
dm fw SA,

(12)

where fbas is the water content in, ρbas is the aver-
age density of, and dbas is the thickness of the basalt
layer (ocean crust), RH2O is the regassing ratio of wa-
ter, Vm is the volume of the mantle, and fw is the
outgassing fraction of water. The mass of water in the
Earth system, Mtot, is constant over time, and there-
fore the mass of water in the surface reservoir can also
be determined from the above equation. This value
can be expressed as volume of the ocean. Estima-
tions of the mantle water abundance range from 1.6
to 20 modern ocean masses, where one ocean mass is
1.404 × 1021 kg (Ringwood, 1975; Wänke et al., 1984;
Liu, 1988; Ahrens, 1989; Jambon and Zimmermann,
1990; Smyth, 1994). Following McGovern and
Schubert (1989) we assume 4 ocean masses of water in
the entire system (of which one mass initially forms the
surface reservoir). The areal spreading rate is a func-
tion of the average mantle temperature, the surface
temperature, Ts , the mantle heat flow, and the conti-
nental growth model over the time-dependent area of
ocean basins (Turcotte and Schubert, 1982):

SA = q2
mπκ Ao(t)

4k2(Tm − Ts)2
. (13)

The area of ocean basins is parameterised with the help
of the continental growth model of Condie (1990) and
shown in Fig. 7b. This model is based on geochemi-
cal and geological data from the best studied region,
North America and Europe. However, there is an on-
going discussion about continental growth scenarios
stimulated by the recent discovery of evidence for
some continental crust and a hydrosphere at 4.4 Ga
from U–Pb dating of zircons with quartz inclusions
(Wilde et al., 2001). The ideas that crustal volume has
increased through time in spite of continental mate-
rial being eroded and subducted back to the mantle,
that the crustal growth rate was faster in the Archaean
than today, and that crust formation ages tend to cluster

around a small number of orogenic periods, have prob-
ably obtained the status of near-consensus (Albarède,
1998).

The variation of the regassing ratio with time is
given as a function of average mantle temperature:

RH2O(t) = m RH2O [Tm(0) − Tm(t)] + RH2O(0), (14)

where the factor m RH2O is adjusted to get the correct
present amount of surface water (one ocean mass) and
RH2O(0) is fixed at 0.001, i.e. its value is very low
at the beginning of the Earth’s evolution because of
the enhanced loss of water resulting from back-arc
volcanism at higher temperatures.

For every time step we can determine the areal
spreading rate, the melt generation depth, and the vol-
ume of the ocean with the help of the thermal evolution
model. The thermal evolution is coupled to the carbon
cycle via the surface temperature, which is only a tiny
effect during most of Earth’s history and future. The
parameters used in the thermal evolution model are
summarised in Table 2.

Table 2. Constants used in the thermal evolution
model

Constant Value Remarks

dbas 5 × 103 m Average thickness of the
basalt layer

fbas 0.03 Mass fraction of water in
the basalt layer

fw 0.194 Degassing fraction of
water

g 9.8 m s2 Acceleration owing to
gravity

k 4.2 J s−1 m−1 K−1 Thermal conductivity
Mmv(0) 4.212 × 1021 kg Initial mass of mantle

volatiles
Racrit 1100 Critical value of Ra for

the onset of convection
Rc 3471 × 103 m Inner radius of the mantle
Rm 6271 × 103 m Outer radius of the mantle
Tm (0) 3000 K Initial mantel temperature
α 3 × 10−5 K−1 Coefficient of thermal

expansion
β 0.3 Empirically determined

dimensionless constant
κ 10−6 m2 s−1 Thermal diffusivity
ρbas 2950 kg m−3 Density of the basalt
ρc 4.2 × 106 J m−3 K−1 Density and specific heat
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2.2. Atmospheric CO2 partial pressure

The efficiency of weathering processes and the bio-
sphere productivity strongly depend on the partial
pressure of atmospheric CO2, pCO2 . Therefore, for
each time step we calculate the equilibrium values of
the mass of carbon in the ocean, Co, and the atmo-
sphere, Ca , to satisfy the condition Co + Ca = Co+a .
This procedure requires the knowledge of the den-
sity profile of carbon dioxide above the surface. In
the present version of the model we assume that the
density of carbon dioxide in the atmosphere is con-
stant versus elevation. In such a case the distribution
of carbon can be calculated from the condition of equal
partial pressures of CO2 at the interface between at-
mosphere and ocean. The total mass of carbon in the
ocean and in the atmosphere is

Co+a = BpCO2 , (15)

where

K0, K1, and K2 are equilibrium constants, and
αH2O, γH2CO3 , γHCO−

3
, and γCO2−

3
activity coefficients

(Table 3). Ae is the surface area of the Earth,
g the acceleration of gravity, and Vo(t) = [Mtot −
Mmw(t)]/ρH2O the volume of the ocean water, where
ρH2O is density of water (1000 kg m−3). µC and µCO2

are molar masses (Table 3). The activity, aH+ , of hy-
drogen ions is directly related to the pH of ocean wa-
ter (aH+ = 10−pH) and is discussed in Section 2.5. The

Table 3. Constants in the weathering functions, equi-
librium constants, and activity coefficients

kcc
w 175 × 10−5 Ma−1 αH2O 0.967

kmc
w 142 × 10−5 Ma−1 γH2CO3 1.130

kcs
w 28 × 1017 mol Ma−1 γHCO−

3
0.550

kms
w 31 × 1017 mol Ma−1 γCO2−

3
0.021

K0 3.48 × 10−2 bar−1 γCa2+ 0.203
K1 4.45 × 10−7 mol l−1 γMg2+ 0.260
K2 4.69 × 10−11 mol l−1

kcc
sp 3.60 × 10−9 mol2 l−2

kmc
sp 1.00 × 10−5 mol2 l−2

chemical parameters are taken from Tajika and Matsui
(1990). Eqs. (15) and (16) allow us to calculate the
partial pressure of atmospheric CO2 from the value of
Co+a .

2.3. Surface temperature

In order to calculate the surface temperature, Ts , we
need a climate model which links the temperature to
the given partial pressure of atmospheric CO2 and the
solar constant, S. Here we apply the grey atmosphere
model of Lenton (2000) (see also Chamberlain, 1980).
The temperature is determined using the energy bal-
ance between the incoming and outgoing radiation:

σ T 4
s = (1 − a)S

4

(
1 + 3

4
τ

)
, (17)

where σ is the Stefan–Boltzmann constant (5.67 ×
10−8 W m−2 K−4), a is the average planetary albedo,

B = αH2O K0Vo(t)

(
1

γH2CO3

+ K1

aH+γHCO−
3

+ K1 K2

a2
H+γCO2−

3

)
µC︸ ︷︷ ︸

Co/pCO2

+ AeµC

gµCO2︸ ︷︷ ︸
Ca/pCO2

. (16)

and τ is the vertical opacity of the greenhouse atmo-
sphere. The opacities of the two greenhouse gases,
CO2 and H2O, are assumed to be independent from
each other:

τ = τ
(

pCO2

) + τ
(

pH2O

)
. (18)

The opacity of CO2 is assumed to be a function of its
mixing ratio. It is derived from the results of varying
CO2 in a radiative–convective climate model (Kasting
et al., 1993). The partial pressure of H2O, pH2O, can
be expressed as a function of temperature and relative
humidity, H, using the Clausius–Clapeyron equation.
Here we use a wet greenhouse model with H = 1
(full saturation). The albedo, a, is a function of the
surface temperature (Caldeira and Kasting, 1992) de-
rived from least-square fits to the results of a radiative–
convective climate model with 0 ≤ Ts

◦C ≤ 100:

a = 1.453 614 − 0.006 597 9Ts + 8.567 × 10−6T 2
s .

(19)
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The opacities τ (pCO2 ) and τ (pH2O) are calculated in
the following way:

τ
(

pCO2

) = 1.73
(

pCO2

)0.263
,

τ
(

pH2O

) = 0.0126
(

pH2O

)0.503
. (20)

The solar constant evolves according to Caldeira
and Kasting (1992):

S(t) = S∗(1 − 0.38(t − 4.6 Ga)/4.55 Ga)−1, (21)

where S∗ denotes the present-day value of the solar
constant (1368 W m−2).

Our climate model depends only on the brightening
Sun and the CO2/H2O greenhouse effect. Therefore,
we neglect so-called anti-greenhouse effects that po-
tentially cool the planet: sulfuric acid aerosols (see,
e.g., Peixoto and Oort, 1992), hydrocarbon strato-
spheric hazes (see e.g., Sagan and Chyba, 1997), ice–
albedo feedbacks (see e.g., Kump et al. 1999), and
clouds (see e.g., Kump et al., 1999).

2.4. Weathering

There are two main types of weathering processes:
silicate weathering and carbonate weathering. First we
describe the carbonate weathering, because it is the
main process accounting for the flux of carbon from
the continents to the ocean as described in eqs. (2) and
(3). Silicate weathering is only important for the flux of
CO2 out of the combined “ocean + atmosphere” pool
and does not influence the continental carbon reser-
voir. Therefore, it will be considered in the next sec-
tion (precipitation). Our description of the weathering
process is simplified in the sense of a minimal model.
Detailed models of weathering reactions can be found
in Berner et al. (1983), Berner (1994), and Berner and
Kothavala (2001).

The rate of carbon transport from continents to the
ocean driven by carbonate weathering is

Fweath = F cc
weath + Fmc

weath, (22)

where F cc
weath and Fmc

weath are the weathering rates of
CaCO3 and MgCO3, respectively. The weathering of
calcium and magnesium carbonates is determined us-
ing the formulae given by Walker et al. (1981) and
Caldeira and Kasting (1992):

F cc
weath = kcc

w

(
aH+s

a∗
H+s

)0.5

exp

(
Ts − 288 K

13.7 K

)
Cc, (23)

Fmc
weath = kmc

w

(
aH+s

a∗
H+s

)0.5

exp

(
Ts − 288 K

13.7 K

)
Cc. (24)

The pre-factor outlines the role of CO2 partial pres-
sure in the soil, psoil, aH+s is the activity of H+ in fresh
soil-water. The quantity a∗

H+s is the present value for
the H+ activity in the soil. The activity aH+s itself is a
function of the surface temperature and the CO2 partial
pressure in the soil, where the equilibrium constants
for the chemical activities of the carbon and sulfur
systems have been taken from Stumm and Morgan
(1981). psoil depends on the terrestrial biological pro-
ductivity per area, �A, the atmospheric CO2 partial
pressure, pCO2 , and their corresponding (long-term
mean pre-industrial) present values (p∗

soil, �∗
A, p∗

CO2
):

psoil

p∗
soil

= �A

�∗
A

(
1 − p∗

CO2

p∗
soil

)
+ pCO2

p∗
soil

. (25)

It is assumed that p∗
soil = 10p∗

CO2
. The constants in

the weathering functions, kcc
w and kmc

w , are shown in
Table 3.

Our parameterisation of weathering that considers
only the variation of soil carbon dioxide levels gives
a biotic amplification of weathering of 1.56 for the
present state (Lenton and von Bloh, 2001) which is
a significant underestimate. Following Schwartzman
(1999) the total weathering amplification due to land
life is at least a factor of 10. This indicates that much
of the observed biotic amplification of weathering is
due to processes other than increased soil pCO2 .

2.5. Precipitation

Weathering products are transported to the ocean
and, depending on the solubility product, precipitated
to the ocean floor. The rate of precipitation is

Fprec =
(

F cc
weath + Fmc

weath

)
+

(
F sc

weath + F sm
weath

)
µC

−
(

dmca
eq

dt
+ dmmg

eq

dt

)
VshallowµC. (26)

Vshallow is the volume of shallow water in which precipi-
tation to the seafloor can take place. According to Stacy
(1992) 8% of the Earth’s area is covered with ocean
less shallow than 103 m, i.e. Vshallow = 0.08Ae103 m.
This value is a first approximation, because the shallow
ocean area might have changed during Earth’s history.
F sc

weath and F sm
weath are the weathering rates of CaSiO3

and MgSiO3. The biotic enhanced silicate weathering
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rate is defined similar to the carbonate weathering [see
eq. (24)]:

F sc
weath = kcs

w

(
aH+s

a∗
H+s

)0.5

exp

(
Ts − 288 K

13.7 K

)(
Ae − Ao

Ae − A∗
o

)
,

(27)

F sm
weath = kms

w

(
aH+s

a∗
H+s

)0.5

exp

(
Ts − 288 K

13.7 K

)(
Ae − Ao

Ae − A∗
o

)
,

(28)

where kcs
w and kms

w are given in Table 3.
mca

eq and mmg
eq are the equilibrium concentrations of

Ca and Mg cations in ocean water, which are always in
a saturated state. The change of equilibrium concen-
trations results in a change of solubility of carbonates
in ocean water and therefore influences the precipita-
tion flux. The equilibrium concentrations of Ca and
Mg cations are given by

mca
eq = kcc

sp

γCa2+ K0 K1 K2αH2O
× a2

H+

pCO2

= c1 × a2
H+

pCO2

,

(29)

mmg
eq = kmc

sp

γMg2+ K0 K1 K2αH2O
× a2

H+

pCO2

= c2 × a2
H+

pCO2

,

(30)

where kcc
sp and kmc

sp are equilibrium constants and γCa2+

and γMg2+ are activity coefficients (Table 3).
Constant pH. According to Grotzinger and Kasting

(1993) geological data do not confirm strong changes
of pH. In our model we follow Caldeira and Berner
(1999) and assume pH 8.2. The assumption of constant
pH leads to the function

dmca
eq

dt
+ dmmg

eq

dt
= − Ba2

H+(c1 + c2)

C2
o+a

dCo+a

dt
. (31)

Time dependent pH. In this case we assume a sim-
ple quasi-stationary time dependence of the pH of the
ocean in the following way:

pH(t) =




t[pH∗ − pH(t = 0)]/4.6 Ga + pH(t = 0)

when t ≤ 4.6 Ga

pH∗ when t > 4.6 Ga

.

(32)

2.6. Hydrothermal reactions

Due to hydrothermal reactions CO2 dissolved in the
oceans reacts with fresh mid-ocean basalts and precip-
itates in the form of carbonates to the ocean floor. For
the parameterisation of the hydrothermal flux, Fhyd,
we use the following approximations:

Constant Fhyd. As a first approximation the hy-
drothermal flux is fixed to the present day value, F∗

hyd.
Spreading dependent Fhyd. As a second approxima-

tion it is assumed that the hydrothermal flux is propor-
tional to the production of fresh basalt at mid ocean
ridges, which in turn is proportional to the areal spread-
ing rate:

Fhyd = (
SA

/
S∗

A

)
F∗

hyd, (33)

where S∗
A is the present day areal spreading rate. In

this case reaction kinetics is slow and limited by the
abundance of cations.

Spreading and reservoir dependent Fhyd. Finally we
follow Sleep and Zahnle (2001) and use the following
formulation:

Fhyd = SACo

Ahydro
, (34)

where Ahydro is 6 × 106 km2. From the point of view
of reaction kinetics this corresponds to fast reactions
with a superabundance of cations.

2.7. Parameterisation of the biological productivity

The biological productivity per area, �A, is a func-
tion of surface temperature and CO2 partial pressure
of the atmosphere:

�A = �max�
(
Ts, pCO2

)
Ae − A∗

o

, (35)

where �(Ts, pCO2 ) is given by

�(Ts, pCO2 ) = pCO2 − pmin

p1/2 + pCO2 − pmin

×
[

1 −
(

Ts − 323 K

50 K

)2
]

,
(36)

and �max is the maximum biological productivity of
the present continental area. It is assumed to be twice
the present day productivity. Outside the temperature
tolerance window between 273 K and 373 K � is set
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to zero. For the dependence on the partial pressure
of atmosphere CO2 we have a Michaelis–Menten hy-
perbola with saturation, while for the dependence on
temperature a parabolic form is assumed. The parame-
ter pmin is the minimum CO2 partial pressure allowing
photosynthesis and p1/2 + pmin is the pressure corre-
sponding to the productivity of the biosphere two times
smaller than its maximum value. The values are given
in Table 1.

The biological productivity is then calculated as

�bio = �A(Ae − Ao). (37)

2.8. Kerogen cycle

Kerogen is probably the least important reservoir
from the point of view of carbon cycling because it is
relatively inert. However, there are processes of kero-
gen weathering and kerogen formation. The present
size of the kerogen reservoir of 10–20% of the surface
reservoirs is obviously the net result of these processes.
The main constraint for the reservoir size results from
isotopic geochemistry. Since kerogen is isotopically
light due to its biological origin it preferentially se-
questors 12C, while the continental carbon reservoir
must get enriched in the heavier isotope 13C. The iso-
topic composition of the two carbon reservoirs kero-
gen and continental crust might have been constant
over the last 3.5 Ga (Junge et al., 1975; Schidlowski,
1988). The ratio of kerogen carbon to continental car-
bon would also have been constant at a value of 1:4,
taking into account the isotopic signature of the mantle
carbon. Based on this, we can determine the up-to-now
unknown parameters of the fraction of dead biomass
transfer, γ , and the residence time of carbon in the
kerogen, τker. The condition that γ < 1 sets a lower
limit of τker. The values for γ and τker are chosen in
such a way that Cc/Cker remains roughly constant at
the above given value.

In summary, the final minimal model consists of
six dynamical equations for the global carbon cycle
[eqs. (1)–(6)], one equation for the thermal evolution
of the Earth [eq. (9)], and one equation for the wa-
ter degassing evolution [eq. (12)]. All equations are
coupled through nonlinear feedback mechanisms and
have to be solved simultaneously. Due to very differ-
ent time scales of the incorporated processes a stiff
equation solver for ordinary differential equations is
used to run the model from 4.6 Ga ago up to 2 Ga into
Earth’s future.

3. Results and discussion

As already mentioned in the model description, our
model contains the cycling of the two main volatiles
in the Earth system: water and carbon dioxide. While
the mantle water content has the main influence on
the mantle rheology and on the volatile exchange be-
tween mantle and surface reservoirs, the atmospheric
carbon dioxide content is the main factor determining
the climate. The total amount of both volatiles is a topic
of ongoing controversial discussion. There are certain
estimates of the total amount of water in the Earth
system based on geochemical investigations and/or
accretion models (see Franck and Bounama, 2001).
In the present paper, the thermal evolution model is
based on a total amount of four ocean masses of wa-
ter in the Earth system, i.e. at present there are three
ocean masses of water in the mantle and one at the sur-
face. The total amount of carbon at the Earth’s surface
has been estimated by various geochemical studies.
The “classical” value of 1.2 × 1020 kg(C) is given by
Ronov and Yaroshevsky (1976). The mantle carbon
content was calculated by Tajika and Matsui (1992)
from recent estimates of CO2 degassing at mid-ocean
ridges to be more than five times the present amount
of surface carbon. Following this, we use 7.4 ×
1020 kg(C) as the reference value for the total carbon
content.

3.1. Variation of initial conditions

For the thermal evolution model we assume an aver-
age mantle temperature of Tm(0) = 3000 K as initial
condition. The initial amount of mantle water is set
to Mmw(0) = 3 ocean masses. Both initial values are
not varied. An analysis of a variation of Tm(0) can
be found in Franck and Bounama (1995, 1997) and
Franck (1998). Different initial distributions of water
as the main volatile between mantle and surface reser-
voirs in the Earth system have been studied in Franck
and Bounama (2001). Following the standard case of
Tajika and Matsui (1992) we begin with 80% of total
carbon in the surface reservoirs:

Cm(0) = 0.2Ctot,

Co+a(0) = C f (0) = 0.4Ctot,

Cc(0) = Cbio(0) = Cker(0) = 0,

where Ctot is the total amount of carbon in the system.
The general knowledge about the initial distribution of
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Fig. 2. Evolution of the combined ocean and atmosphere
reservoir, Co+a, scaled to the total amount of carbon, Ctot,
for various initial distributions of carbon between the pools.
Note that after 1 Ga the system has “forgotten“ the initial
conditions.

carbon is rather poor. There are some hints from plan-
etogonic scenarios that take into account the distribu-
tion coefficient of CO2 between the early atmosphere
and the magma ocean (Abe, 1988), but such estima-
tions are far from being definitive. Therefore, we start
our calculations with a comparison of the temporal
variations of the combined ocean–atmosphere reser-
voir for three different starting conditions: Co+a =
0.025Ctot (Cm = 0.95Ctot, C f = 0.025Ctot), Co+a =
0.40Ctot (see above), and Co+a = 1.00Ctot. As shown
in Fig. 2, all three curves converge after about 1 Ga,
i.e. the Earth system has “forgotten” its initial condi-
tions. No matter how carbon was distributed 4.6 Ga
ago, the system would arrive at the same state today.
This effect is called adjustment, and it has also been
observed in various other reservoirs.

3.2. Model results for the thermal
and degassing evolution

In Fig. 3 the evolution of the average mantle tem-
perature, Tm , and of the surface water reservoir, Msurf,
are shown. We find a secular mantle cooling of about
250 K in the last 3 Ga. This is in good agreement with
melting experiments of komatiite liquids (Herzberg,
1995). The curve of Msurf shows an outgassing event
at the beginning of planetary evolution followed by a
subsiding process to end up in the recent situation of
one ocean at the Earth’s surface. Such an outgassing
event in early Earth history is proved by geochemi-
cal data of noble gas depletion ratios (Staudacher and
Allègre, 1982).

Fig. 3. Evolution of the average mantle temperature, Tm , and
the surface water reservoir, Msurf, derived from the thermal
evolution model.

3.3. Model results for constant hydrothermal flux

Here we restricted ourselves to the case in which
hydrothermal carbonatisation (Fhyd) is always constant
at the present value. The different results for the present
reservoir sizes are given in Table 4. In this table the
results of other authors are also displayed, and we find
general agreement to a great extent. In Table 5 the
present-day values of the mantle fluxes for carbon and
water, the melting depth, the spreading rate, and the net
fluxes of all carbon reservoirs are shown and compared
to available data.

Evolution of reservoirs. A main outcome of our
modelling is the evolution of the carbon content in
the six reservoirs mantle, ocean + atmosphere, ocean
floor, continents, biosphere, and kerogen (Fig. 4a).
One can distinguish three different periods: from
Earth’s origin to the onset of continental growth at
1.5 Ga, from 1.5 Ga until the present, and from the
present into the future. In the Hadean and early Ar-
chaean periods we have no noticeable continental area
and therefore no continental biosphere and no kerogen.
There is no weathering and most of the carbon is in the
coupled ocean–atmosphere pool. With the beginning
of continental growth at about 1.5 Ga we observe a
strong decrease of the ocean and atmosphere pool and
a strong increase of the ocean floor pool as a result of
the onset of weathering. Later on the ocean floor pool
decreases steadily. Only the mantle carbon pool in-
creases monotonously. The increase in the continental
pool reflects the episodes of strong continental growth.
The kerogen pool is rather small, but increases up to
about 16% of the present surface reservoirs. In the fu-
ture this pool will decrease as a result of decreasing
kerogen deposition.

Evolution of kerogen. The residence time of carbon
in the kerogen pool was chosen (Table 1) to maintain
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Table 4. Present day (t = 4.6 Ga) values of reservoir sizes in fraction of the total amount of carbon in the system
(Ctot = 7.4 × 1020 kg), atmospheric CO2 partial pressure of the atmosphere, surface temperature, and lifespan
of the biosphere for three parameterisations of the hydrothermal flux: (I) Fhyd(t) = F∗

hyd, (II) Fhyd(t) ∼ SA, (III)
Fhyd(t) ∼ SACo, with three models for the ocean pH evolution: (a) pH(t) + 8.2 + pH∗, (b) initial “acid ocean”
pH(0) = 6.5, and (c) initial “soda ocean” pH(0) = 10.5

Modela Co+a Cbio pCO2 Ts Life-span
Cm (10−5) Cc C f (10−7) (10−6 bar) (K) (Ga)

(Ia) γ = 0 no biosphere
m RH2O = 6.76 × 10−4 0.87 4.1 0.10 0.027 – 339 288.6 –
(Ia) γ = 0 no kerogen
RH2O = 6.76 × 10−4 0.87 3.1 0.10 0.028 7.8 260 286.8 5.82
(Ia) γ = 1.95 × 10−4

m RH2O = 6.76 × 10−4 0.85 3.1 0.10 0.028 7.8 261 286.8 5.83
(IIa) γ = 2.36 × 10−4

m RH2O = 6.75 × 10−4 0.83 3.1 0.11 0.030 7.7 257 286.7 5.85
(IIIa) γ = 5.70 × 10−3

m RH2O = 6.54 × 10−4 0.63 1.0 0.28 0.032 2.2 84 280.6 5.89
(Ib) γ = 1.87 × 10−4

m RH2O = 6.79 × 10−4 0.85 3.0 0.10 0.026 7.4 248 286.5 5.83
(IIb) γ = 2.28 × 10−4

m RH2O = 6.78 × 10−4 0.84 2.9 0.11 0.028 7.3 242 286.3 5.85
(IIIb) γ = 5.48 × 10−4

m RH2O = 6.60 × 10−4 0.75 3.3 0.17 0.043 8.1 273 287.1 5.88
(Ic) γ = 2.16 × 10−4

m RH2O = 6.52 × 10−4 0.81 3.7 0.12 0.037 9.0 309 288.0 5.84
(IIc) γ = 2.41 × 10−4

m RH2O = 6.52 × 10−4 0.80 3.6 0.13 0.037 8.8 299 287.8 5.85
(IIIc) γ = 8.04 × 10−2

m RH2O = 6.50 × 10−4 0.59 3.5 0.32 0.020 3.3 29 276.6 5.74
Values given in other 0.83 5.4b,c 0.12d 0.030d 8.1c 220e−240f

publications

aγ is chosen to get C∗
ker/C∗

c = 0.25. m RH2O is adjusted to get one ocean mass of surface water.
bHolland (1978).
cKasting and Walker (1992).
dRonov and Yaroshevsky (1976).
eFalkowski et al. (2000).
fPearson and Palmer (2000).

a roughly constant ratio Cker/Cc. In all calculations
γ [eq. (6)] has to be adjusted to give this recent ra-
tio of 0.25. The evolution of the ratio Cker/Cc is
shown in Fig. 4b. One can distinguish three differ-
ent regimes. With the beginning of continental growth
(and the appearance of the terrestrial biosphere) the
graph shows a pronounced spike caused by the dif-
ferent characteristic time scales of the dynamics of
Cc and Cker. After this the ratio remains roughly
constant around the observed value of 0.25. Un-
dulations are related to the episodes of rapid con-
tinental growth. After 5.5 Gyr the ratio increases

rapidly connection with the breakdown of the carbon
cycle.

Evolution of pCO2 . Figure 4c shows the evolution
of the atmospheric CO2 content. As expected from the
general effect of self-stabilisation in the Earth system
under the influence of increasing insolation, we find
monotonous decrease of pCO2 over more than 6 Ga.
The strong decrease after 1.5 Ga is related to the conti-
nental growth model of Condie (1990), with episodic
growth and certain maxima of growth rates and the
connected increase of weathering. Alternative models
without episodic continental growth would generally
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Table 5. Present day model results for constant hydrothermal flux

Model variable Numerical value Comparison

Subducting flux of H2O, Freg 1.21 × 1012 kg a−1 (0.9−1.9) × 1012 kg a−1 (Bebout, 1996)
Recycling flux of H2O, Fcyc 0.74 × 1012 kg a−1 (0.85−0.95) × 1012 kg a−1 (Bebout, 1996)
Melting depth, dm 56.5 km 56 km (Langmuir et al., 1992)
Spreading rate, SA 2.73 km2 a−1 2.84 km2 a−1 (Turcotte and Schubert, 1982)
Carbon flux into the mantle, Fin 5.6 × 1010 kg a−1 (6.1−27.9) × 1010 kg a−1 (Bebout, 1996)
Carbon flux from the mantle, Fout 3.6 × 1010 kg a−1 2.7 × 1010 kg a−1 (Bebout, 1996)
dCm/dt 2.0 × 1010 kg a−1

dCo+a/dt −9.3 × 107 kg a−1

dCc/dt 2.9 × 109 kg a−1

dC f /dt −1.8 × 1010 kg a−1

dCbio/dt −9.3 × 105 kg a−1

dCker/dt −5.5 × 109 kg a−1

result in smooth surface temperature curves. The
strong decrease after 1.5 Ga would vanish if there
were a remarkable continental area on early Earth.
An increase of continental area will principally re-

(a) (b)

(c) (d)

Fig. 4. Model results for constant hydrothermal flux: (a) evolution of the reservoirs mantle (green), atmosphere + ocean
(red), ocean floor (blue), kerogen (black), and continents (magenta), (b) evolution of the ratio Cker/Cc where the horizontal
dashed line indicates the observed ratio of 0.25, (c) evolution of atmospheric partial pressure of carbon dioxide, pCO2 , where
the grey shaded area represents values for non-vanishing biological productivity, and (d) evolution of the surface temperature,
Ts , where the dashed line indicates the result of Schwartzman (1999) (Fig. I–I, p. 2).

sult in a decrease of Ts . Similar investigations con-
cerning the tectonic control of geochemical cycles
have been performed by Godderis and Veizer (2000).
They exclude also a so-called ‘big bang’ scenario for
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continental generation shortly after the accretion of
Earth and found a strong influence of episodes with
high continental growth rates on geochemical cycles.
The atmospheric CO2 content always stays in an in-
terval maintaining the temperatures in the tolerance
window [0 ◦C; 100 ◦C]. In the first 3.5 Ga of Earth’s
history pCO2 is higher than about 104 ppm (10−2 bar),
which is in contradiction to results from the investi-
gation of paleosoils (Rye et al., 1995). A solution to
this problem would be the introduction of a carbon
cycle model with strongly enhanced hydrothermal re-
actions (Sleep and Zahnle, 2001). Nevertheless, this
pCO2 limit has been challenged (Schwartzman, 1999;
Ohmoto et al., 2001). The atmospheric CO2 content
of the present model is about 261 ppm (2.61 × 10−4

bar). This is in agreement with the average atmospheric
CO2 concentration during the past 420 ka, which was
only ≈220 ppm, and the pre-industrial level of 280
ppm (Falkowski et al., 2000). There are also other
hints that the average carbon dioxide concentration
was also in this range during the last 20 Ma (Pearson
and Palmer, 2000). On longer time scales, however,
the paleoatmospheric CO2 levels indicate large fluctu-
ations. According to Ekart et al. (1999) carbon dioxide
levels increased through the Triassic period to approx-
imately 3000 ppm, and dropped to less than 1000 ppm
prior to the Cretaceous–Tertiary boundary, while rel-
atively low levels persisted throughout the Cenozoic.
Our model gives a maximum value of about 600 ppm
in the Mesozoic. About 1.2 Ga in the future, the at-
mospheric CO2 content becomes lower than 10 ppm
(10−5 bar), and this state marks the end of the life-span
of the biosphere.

Evolution of surface temperature. Our model results
for the long-scale evolution of the mean global surface
temperature are shown in Fig. 4d, in comparison with
the results of Schwartzman (1999). The Hadean and
early Archaean is characterised by rather high temper-
atures near to 353 K. The start of continental growth
results in a strong temperature decrease caused by the
“onset” and increase of weathering. We can even iden-
tify periods of strongly enhanced continental growth
rates. It is very interesting that the present epoch seems
to be the moment in Earth’s history at which the global
surface temperature is at a minimum value. In the long-
term future the self-regulation process can not bal-
ance the increasing insolation and therefore temper-
ature will become very high in less than 2 Ga. After
3.6 Ga in to the future there is a very good agree-
ment of our model results with those of Schwartzman
(1999). Before 3.6 Ga there is only a qualitative agree-

ment, namely a cooling. This deviation results primar-
ily from the underestimation of the amplification of
weathering by biota. Following Lenton and von Bloh
(2001) the weathering functions [eqs. (23), 24, (27),
and (28)] can be altered to include a direct depen-
dence of the weathering rate on productivity with an
amplification factor α, which gives, e.g., the modified
carbonate weathering rate, F ′

weath:

F ′
weath =

[(
1 − 1

α

)
�A

�∗
A

+ 1

α

] (
F cc

weath + Fmc
weath

)
.

(38)

For α = 1 eq. (38) is identical to eq. (22). The vari-
ation of α combined with different temperature toler-
ance windows for the biota [eq. (36)] gives a tool to
describe the Archaean and Proterozoic biosphere in a
more detailed way. Here we restrict ourselves to an
aggregated biosphere model. Dividing the biosphere

(a)

(b)

Fig. 5. Evolution of atmospheric CO2 partial pressure, pCO2 ,
where the grey shaded area represents values for non-
vanishing biological productivity (a) and surface tempera-
ture, Ts , (b) for three different parameterisations of the hy-
drothermal flux: constant (red), slow hydrothermal reaction
kinetics (green), fast hydrothermal reaction kinetics (blue).
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pool into different types will be the topic of future
investigations.

3.4. Parameterisation of the hydrothermal flux

In Fig. 5a we have plotted the evolution of atmo-
spheric carbon dioxide concentration for the three dif-
ferent parameterisations of the hydrothermal flux de-
scribed previously. It is obvious that the curves for the
constant Fhyd and the spreading dependent Fhyd (slow
hydrothermal reaction kinetics) do not differ signif-
icantly. Thus, the discussion given with Fig. 4c also
refers to the model with spreading dependent Fhyd. On
the other hand, the formulation of Sleep and Zahnle
(2001), with fast reaction kinetics, gives qualitatively
different results for the whole of Earth’s history. In
this case hydrothermal carbonatisation works so effec-
tively in the past that the atmospheric carbon dioxide
concentration is nearly constant over the last 4.6 Ga

(a) (b)

(c) (d)

Fig. 6. Evolution of atmospheric CO2 partial pressure, pCO2 , where the grey shaded area represents values for non-vanishing
biological productivity (a, b) and surface temperature, Ts , (c, d) under the condition of slow hydrothermal reaction kinetics
(a, c) and fast hydrothermal reaction kinetics (b, d) for three different ocean pH models: acid ocean model (red), constant pH
(green), and soda ocean model (blue).

and the greenhouse effect of CO2 can not balance the
faint young Sun. This is also manifestedc in the evolu-
tion of the mean global surface temperature (Fig. 5b),
which is outside the tolerance window in the first
3.3 Ga. The assumption of fast reaction kinetics for hy-
drothermal carbonatisation allows a freezing Hadean
climate. To provide Archaean and Proterozoic long-
term surface temperatures above the freezing point of
water it is necessary to include other greenhouse gases
in addition to water and carbon dioxide.

3.5. Different ocean pH evolution models

As first pointed out by Walker (1985), the pH of
ocean water is the main factor in controlling the
partition of CO2 between the ocean and the atmosphere
in the combined ocean + atmosphere reservoir. In
Fig. 6a the evolution of the atmospheric carbon dioxide
concentration is shown for three different pH scenarios
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with a spreading dependent hydrothermal flux (slow
reaction kinetics): constant pH over Earth’s history, i.e.
pH(t) = 8.2 = pH∗, an acid ocean, i.e. pH(0) = 6.5,
and a soda ocean in the past, i.e. pH(0) = 10.5. In
the geological past the model results with constant pH
and an initial acid ocean do not differ significantly.
In the case of an initial soda ocean we find much
lower values for pCO2 in the past. Up to now there
is no consensus about the oceanic pH in the past. It
is well known that both alkaline and acid waters can
be produced as a function of low-temperature reac-
tions or high-temperature hydrothermal circulation,
respectively (Sleep and Zahnle, 2001). Back to the
Precambrian, geological arguments favour an almost
constant oceanic pH (Grotzinger and Kasting, 1993).
The oceanic pH of the Archaean and Paleoproterozoic
need not have been significantly different from the
modern value. Higher CO2 partial pressures in the or-
der of 1 bar require somewhat lower pH values down to
around 6 (Grotzinger and Kasting, 1993). As we can
see in Fig. 6c, the soda ocean scenario favoured by
Kempe and Degens (1985) provides freezing Hadean
and early Archaean surface temperatures unless there
are other greenhouse gases acting in the atmosphere.
The data for different pH scenarios and a hydrother-
mal flux with fast reaction kinetics (Sleep and Zahnle,
2001) shown in Fig. 6b give acceptable results only
in the case of acid pH. The other two scenarios are
connected with temperatures in the past that were too
low. Figures 6c and 6d contain the resulting surface
temperatures from the applied greenhouse model.

3.6. Influence of biosphere and kerogen

The question of how much biomass exists at dif-
ferent stages in the Earth’s evolution is of great rele-
vance for our modelling. Up to now it is difficult to ob-
tain hard quantitative data on the biomass at any given
time in Earth’s history. There are divergent hypotheses
(see, e.g., Glaessner and Foster, 1992) as to whether
there was a significant increase in biomass since the
early Precambrian period or not. Our model results
sketched in Fig. 7a show a strong increase in continen-
tal biomass starting with the continental growth, and a
maximum biomass in the Mesoproterozoic. Since this
time there is an almost linear decrease up to the end of
the biosphere’s life span in about 1.2 Ga. At this point
we should reflect on our formulae for the biological
productivity [eqs. (35)–(37)]. Based on this, the ter-
restrial biomass is greater the higher the atmospheric
carbon dioxide content, the closer the surface temper-

(a)

(b)

Fig. 7. Evolution of the biosphere pool, Cbio, (a) and its
time derivative, dCbio/dt, (b) for slow hydrothermal reaction
kinetics to emphasise changes in the biosphere pool. In order
to demonstrate the correlation between the continental growth
rate and changes in the biosphere pool the Condie model
(Condie, 1990) is displayed additionally in (b).

ature to its optimum value of 50 ◦C, and the larger the
continental area. Only with respect to these conditions
can we understand the temporal behaviour of Cbio/Ctot.
Our results seem to contradict the findings of Berner
(1993) on the boost of terrestrial biomass given by the
rise of higher plants in the Paleozoic. This might be
solved by the introduction of different biosphere types
into the model. In Fig. 7b the continental growth model
and the time derivative of Cbio are plotted over time.
There is an obvious correlation between episodes of
enhanced continental growth and high positive values
of dCbio/dt. The peaks in the derivative dCbio/dt are
specifically for the Condie continental growth model
and typically for orogenic periods of crust formation.
The absolute minimum of this derivative can be found
near to the present geological time.

The influence of the biosphere on the mean global
surface temperature is shown in Fig. 8, where the
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Fig. 8. Evolution of the global mean surface temperature, Ts ,
around present showing the cooling effect of the biosphere
and the kerogen. The dashed line denotes the model results for
constant hydrothermal flux without biosphere, the dashed–
dotted one with biosphere but without kerogen, and the solid
line the full model.

results for three different models are plotted: the full
model (with biosphere and kerogen pool), a model
with biosphere but without kerogen pool, and a model
without biosphere (and therefore also without kerogen
pool). The cooling of the biosphere (see, e.g., Lenton,
2001) is clearly shown: in the presence of a biosphere
and kerogen pool the surface temperature is always
lower than in the abiotic case. At present, the cooling
is about 1.8 K. This is mainly caused by the biotic
enhancement of weathering. The present geological
epoch is characterised by the lowest global mean sur-
face temperatures and a remarkable biosphere cooling.
This is a further hint that the present state of the eco-
sphere is at the optimum in the sense that the present
state is most favourable for the emergence of higher
life forms, including intelligence (Schwartzman and
Middendorf, 2000).

4. Conclusions

We have investigated the global carbon cycle cou-
pled to the thermal and degassing evolution from the
origin of the Earth up to 2 Ga into the future.

Studying different initial distributions of carbon be-
tween the reservoirs we find that for all scenarios
the system forgets its initial conditions after about
1 Ga. This is an “adjustment” effect analogously found
in mantle thermal evolution models (Schubert, 1979;
Christensen, 1985). In most cases at present the surface
temperature is at a minimum. The Earth system is at
a point of evolution where the external forcing of in-
creasing insolation takes over the main geodynamic
influences, i.e. spreading, continental area, seafloor

residence time of carbon, and melt generation depth.
In the long-term future increasing insolation causes
a breakdown of self-regulation, and the temperature
rises above the upper boundary of the temperature tol-
erance window for vegetation. In our model, the life-
span of the biosphere is determined by a lack of CO2

1.2 Ga in the future. However, there could exist anti-
greenhouse effects like aerosols, stratospheric hazes,
and clouds that influence climate apart from the global
carbon cycle, possibly extending the life-span. It is in-
teresting that the present state of the Earth system is
characterised not only by a minimum in surface tem-
perature, but also by a minimum of the time derivative
of the biosphere pool, i.e. the Earth system is just at
the inflection point of the function Cbio(t) (Figs. 7a,
and b).

The two scenarios with constant hydrothermal flux
and slow reaction kinetics (Fhyd ∼ SA) always give
similar results, while the scenario with fast reaction
kinetics (Fhyd ∼ SACo) gives an icehouse up to the
Archaean period. In the latter case temperatures are
lower than in the others up to the present time, and all
cases converge in the planetary future. Thus, again the
present state of the Earth system seems to be special.

The investigations of different pH scenarios show
the strong interplay between hydrothermal carbonati-
sation and ocean pH history: the scenario with fast
reaction kinetics coupled to an acid ocean results in
surface temperatures that are rather low but always
above freezing for the whole of Earth’s history and
future.

Answering the question about the present state of
the ecosphere we conclude: the 4.6-Ga-old Earth sys-
tem today is operating in an optimum manner of
self-regulation for higher life forms. On a plane-
tary time-scale, however, the future regulation perfor-
mance degradates up to a complete breakdown due to
our maturing Sun.
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